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ARTICLE INFO ABSTRACT

Article history: Paleosols (fossil soils) are preserved throughout the geologic record in depositional settings ranging from
Received 8 April 2008 alluvial systems to between basalt flows. Until recently, paleosols were studied using primarily qualitative
Accepted 15 March 2009 methods. In recent years, paleopedology has shifted from a largely qualitative field based on comparisons

Available online 27 March 2009 with modern analogues to an increasingly quantitative endeavor. Some of this change has been a result of

applying existing techniques to new materials, but many of the innovations have been the result of applying

EZ{:)ZZE' new techniques to new materials, including thermodynamic modeling of soil formation, isotope
paleoclimate geochemistry, and applications of empirical relationships derived from modern soils. A variety of semi-
palecenvironments quantitative and quantitative tools has been developed to examine past weathering and pedogenesis, and to
isotopes reconstruct both paleoenvironmental and paleoclimatic conditions at the time that the paleosols formed.
geochemistry Though it is often not possible to achieve the same temporal resolution as with marine records for
pedogenesis paleoclimatic reconstructions, proxies based on paleosols are potentially a much more direct means of
making paleoclimatic reconstructions because soils form at the Earth's surface, in direct contact with the
atmospheric and climatic conditions at the time of their formation. Paleoclimatic and environmental
properties that may be reconstructed using the new proxies include provenance, weathering intensity, mean
annual precipitation and temperature during pedogenesis, nutrient fluxes into and out of the paleosols, the
atmospheric composition of important gases including CO, and O,, the moisture balance during pedogenesis,

the soil gas composition, reconstructed vegetative covering, and paleo-altitude.
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1. Introduction

Increasing recognition of paleosols (fossil soils; Fig. 1) in non-
marine strata has opened up new types of paleoenvironmental and
paleoclimatic reconstructions. While good quantitative paleoclimatic
data may be obtained from plant fossil assemblages using either
nearest living relative (e.g., Leopold and Clay-Poole, 2001; Utescher
and Mosbrugger, 2007) or leaf morphometric approaches (e.g., Wolfe,
1994; Uhl et al., 2007), those approaches yield snap shots of past
environments and are relatively rare in the fossil record. Paleosols
preserved in continental basins on the other hand, raise the possibility
of long-term, fairly continuous paleoclimatic records, potentially with
a temporal resolution that equals that of marine proxy records (e.g.,
Retallack et al., 2004b; Sheldon and Retallack, 2004; Retallack, 2007).
The last point is crucial because unlike most marine proxies, which are
fundamentally indirect climatic records, paleosols formed at the
Earth's surface, in direct contact with climatic and environmental
conditions that prevailed at the time of their formation. Potentially
then, paleosol-based proxies could be among the most powerful tools
for reconstructing past environments. Until recently, paleopedology
(the study of paleosols) was largely a qualitative science that relied on
the recognition of features similar to modern soils that allowed for a
“nearest living relative” comparison. That is, a paleosol was identified
as indicating an ancient grassland if it had features similar to a modern
grassland (Fig. 2). This approach still underlies most paleopedology,

but has some fundamental limitations, namely the need for taxonomic
uniformitarianism. Continuing on with the grassland example, the
origin of grasses is most likely in the Cenozoic (e.g., Stromberg, 2002).
However, paleosol-based estimates for the origin of grasslands as
evidenced by Mollisol-like paleosols range from Eocene to Miocene
(Retallack, 1997a,b, 2001a,b) depending on the strictness of one's
taxonomy. Furthermore, others (Terry, 2001) have described Oligo-
cene-age paleosols as “Mollisols” without meaning to connote that a
grassland ecosystem was present. On the other hand, there are some
types of paleosols found in the Earth's past for which there are
imperfect analogues (e.g., Retallack, 1997c; Sheldon, 2005), or for
which there is no appropriate modern analogue owing to different
environmental and ecological conditions in Earth's past. For example,
weathering at the Earth's surface was occurring in the Precambrian
(e.g., Driese, 2004; Sheldon, 2006b), but under the influence of
microbial enhancement only in the absence of higher plants.

The emergence of new quantitative techniques for reconstructing
various paleoenvironmental and paleoclimatic conditions using
whole rock and isotopic geochemistry has fundamentally changed
the field of paleopedology. Proxies for variables ranging from levissage
to mean annual precipitation to the composition of the paleo-
atmosphere at the time of the paleosols’ formation have now been
developed. Some of the approaches that we describe in this review
have been widely applied, others have not but could have wider
applicability. We also attempt to “gaze into the crystal ball” to evaluate
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Fig. 1. Photos of representative paleosols. A) Painted Hills Unit, Eocene, Oregon. Dominated by Alfisol-like paleosols. B) Mascall Formation overlook, Miocene, Oregon. Near-mollic
Inceptisol-like paleosols. C) Classic “red beds” from the Permian Cala del Vino Formation, Sardinia. D) Close-up of root mat carbonate rhizoliths, Renova Group, Montana.

some future directions and some ways in which existing proxies may without limitations. Therefore, a multi-proxy approach is key both to
be extended. In general, no single proxy for weathering processes or giving the investigator the widest possible range of information, but
past environmental conditions, or single type of quantitative data is also to ensure reproducibility of her/his results. Thus, the approach

Fig. 2. Comparison between modern soil and paleosol equivalent. A) Modern xeric Mollisol, southwestern Montana; B) late Miocene xeric Mollisol, central Oregon.
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that has emerged, and that we endorse here, is to try to quantify past
pedogenic processes and the environmental conditions present at the
time that the soils formed, with taxonomy and “nearest living relative”
analogues of paleosols serving as an important additional tool rather
than as the focal direction.

2. Qualitative methods
2.1. Taxonomic and stratigraphic approaches

There is a long history of using qualitative methods to describe
paleosols and to characterize the paleoclimatic and paleoenviron-
mental conditions in which the paleosols formed. These qualitative
methods include both taxonomic and stratigraphic approaches, and
still form an important template of basic information onto which the
newer quantitative methods are applied. While it is beyond the scope
of this review to look at those approaches in any exhaustive fashion,
interested readers are directed to earlier review papers by Retallack
(1991) and Kraus (1999) that detail many of the commonly applied
approaches to paleosol taxonomy whether using modern analogues
(Retallack and German-Heins, 1994), modern taxonomy (pedotype
approach; e.g., Retallack, 1994), or paleosol-specific taxonomy (e.g.,
Mack et al., 1993). The fundamental difference is that the paleosol-
specific taxonomy is a hierarchical system that relies primarily on
observable features in the paleosols (Fig. 3; Table 1), whereas the
modern analogue and modern soil taxonomic approaches attempt to
identify a larger number of characteristics and may require the
investigator to abandon their sensu stricto usage because some key
modern taxonomic features (e.g., cation exchange capacity) are not
preserved by paleosols. Fig. 3 also includes a list of taxonomic
equivalents between the modern soil and paleosol-specific taxonomic
schemes.

Stratigraphic approaches to the study of paleosols include
applications of sequence stratigraphy and of the pedofacies concept
(e.g., Kraus, 1999). Sequence stratigraphy is a conceptual framework

for evaluating depositional systems in terms of the balance between
accommodation space for deposition and basin filling processes. It
assumes cyclical deposition due either to fluctuating climatic condi-
tions or sea level cyclicity. Sequence stratigraphy has been fairly
widely applied in continental, paleosol-bearing sections on both deep-
time geologic (various, e.g., McCarthy and Plint, 2003; Atchley et al.,
2004; Cleveland et al., 2007; Ruskin and Jordan, 2007; Mack et al., in
revision) and Quaternary (Kemp et al., 2006) time scales. The
pedofacies concept advocated by Kraus and others (Bown and

Table 1

Paleosol taxonomic modifiers (Mack et al., 1993).

Modifier Feature

Albic Presence of an eluvial (E) horizon [Fe and Al compounds accumulated]
Allophanic Presence of allophone or other amorphous Si and Al compounds
Argillic Presence of illuvial [downward transported] clay

Calcic Presence of pedogenic carbonate

Carbonaceous Presence of dark organic matter, but not coal

Concretionary
Dystric

Presence of globules with concentric fabric
Low base status as indicated by relative paucity of chemically unstable
grains such as feldspars and volcanic rock fragments

Eutric High base status as indicated by the abundance of chemically unstable
grains such as feldspars and volcanic rock fragments

Fragic Subsurface horizon that was hard at the time of soil formation (e.g.,
root traces and burrows terminate or are diverted at this horizon; hard
pan)

Gleyed Evidence of periodic waterlogging such as drab hues, mottles of drab
colors and yellow, red, or brown, presence of pedogenic pyrite or
siderite

Gypsic Presence of vadose gypsum or anhydrite

Nodular Presence of globules with undifferentiated internal fabric; typically
composed of carbonate, silica, or Fe-oxides

Ochric Presence of a light-colored A horizon

Salic Presence of pedogenic salts more soluble than gypsum (e.g., halite)

Vertic Presence of decimeter-scale dessication cracks, wedge-shaped peds,
hummock and swale structures (gilgai micro-relief), slickensides, or
clastic dikes

Vitric Presence of relict or actual volcanic glass shards or pumice
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Kraus, 1987; Kraus, 1987; Kraus, 1997) is based on the idea that
paleosol formation should be viewed in terms of the depositional
processes and system that it formed in (as individual facies within the
depositional system), rather than as an independent entity. Summing
up their findings from the Eocene Willwood Formation briefly,
paleosol maturity should increase with distance away from a fluvial
channel, going from Entisol-like (Protosol) paleosols immediately
adjacent to the channel to more well-developed paleosols on more
distal areas of the floodplain (Bown and Kraus, 1987; Kraus and Aslan,
1993; Kraus, 1997). Flood frequency (i.e., recurrence interval), flood
intensity (e.g., proportion of the floodplain inundated), and rate of
accommodation space creation (denudation/subsidence) are impor-
tant controlling variables (Kraus, 1999). More recent applications of
the pedofacies concept have found more complex maturity-floodplain
position relationships (Hamer et al., 2007b), but the general concept
appears widely applicable. Applications of sequence stratigraphy and
the pedofacies concept are particularly important in long-term
paleoclimatic studies, because paleosol maturity has often been
used to indicate climatic intensity (references in Retallack, 2001b;
Retallack et al., 2000). While maturity and weathering intensity may
indicate climatic conditions (Retallack and German-Heins, 1994), they
could equally indicate long formation times and floodplain stability
(Kraus, 1997). Cyclical changes to the depositional system are
probably due to short-term climate fluctuations or to locally
magnified effects based on global drivers such as Milankovitch
cyclicity (e.g., Retallack et al., 2004b), and need to be taken into
account when reconstructing past climatic and environmental
conditions. The approach advocated by Buck and Mack (1995),
Sheldon et al. (2002), Sheldon and Retallack (2004), and Sheldon
(2006¢) is to compare only paleosols of similar maturity and similar
inferred physiographic setting (i.e., similar pedofacies) when recon-
structing past climatic conditions. By confining proxy-based recon-
structions of paleo-precipitation and paleo-temperature to
moderately to well-developed paleosols (Inceptisol-like to Alfisol-
like), those authors have reconstructed past climatic conditions that
very closely match reconstructions based on fossil floras (Sheldon
et al,, 2002; Sheldon and Retallack, 2004). Close consideration of data
quality and recognition of alluvial stratigraphy often lead to fairly
substantial differences in climatic histories (e.g., Terry, 2001 versus
Retallack, 1983), so careful understanding of stratigraphic and facies
relationships is critical.

2.2. Semi-quantitative methods

2.2.1. Compaction

Sheldon and Retallack (2001) presented a straightforward method
for evaluating the effects of compaction on paleosols and for
decompacting soils to their original thickness at the time of their
formation. That paper also reviewed previous attempts to make the
same types of calculations from Retallack (1994) and Caudill et al.
(1997), both of which mis-estimated compaction of shallowly buried
paleosols, and demonstrated the issues associated with those previous
methods. The decompaction method of Sheldon and Retallack (2001)
can only be considered to be semi-quantitative because it relies on
accurate taxonomic description of the paleosols in order to determine
the correct constants to use in the generalized equation.

Soils and their associated sediments are compactable because they
include some porosity between the individual constituent grains. How
compactable a given soil or sediment type will be is a function of their
solidity (the fractional complement to porosity):

Pd
s = Hd 1
= (1)

where pq is the dry bulk density of the soil and ps is the solid grain
bulk density of the material that was weathered to form the soil. For

most soils, ps will be 2.5-2.9 g cm?, where 2.7 g cm? is a reasonable
value for clay-rich soils (Sheldon and Retallack, 2001; Table 2). The
compaction of a given soil is given by:

C=¢ (2)

where Sy, is the burial solidity, which should exceed S; for a material
that has been compacted, thus giving C<1. For normally pressured
sections, the generalized compaction equation of Sclater and Christie
(1980) may be used as a starting point:

F=Fpe ¥ (3)

where F is the fractional burial porosity, Fy is the initial porosity, D is
the burial depth expressed in km, and k is an empirically derived
curve-fitting constant (for equation, see Sheldon and Retallack, 2001).
Because porosity is the complement of solidity (i.e., Fp=1— S; and
F=1-5), Eq. (2) can be combined with Eq. (3) and re-arranged to
give compaction (C) as follows:

_S.
‘ 4)
[

e — 1

C=

Fig. 6 depicts compactibility differences among some common soil
orders with burial depth using constants for S;, Fp, and k from Table 2.
The method has been widely applied both to long sequences of
paleosols (e.g., Sheldon and Retallack, 2004; Cleveland et al., 2007)
and to individual paleosols for paleoclimatic (e.g., Prochnow et al.,
2006; Retallack, 2007) and paleoaltimetry (e.g., Takeuchi et al., 2007)
applications. In general, this method gives results that closely match
independent estimates of compaction, though the results depend in
part on accurate taxonomic description of the paleosols because there
is a wide range in the properties of analogous modern soils (Table 2).

Table 2

Paleosol decompaction constants.

Substrate Density  Range o Si Fo k
Marine (Sclater and Christie, 1980)

Shale 1.07 - - 0.37 0.63 0.51
Sand 1.35 - - 0.51 0.49 0.27
Chalk 0.81 - - 0.30 0.70 0.71
Shaley sand 118 - - 0.44 0.56 0.39
Soil types

Alfisol (n =46) 1.68 1.33-197 016 065 0.35 0.15
Andisol (n =26) 0.79 0.44-1.50 027 030 0.70 0.71
Aridisol (n =24) 1.60 139-1.76  0.09 0.62 0.38 0.17
Entisol (n =3) 1.61 1.60-164 - 0.62 0.38 0.17
Histosol (n =13) 0.07 0.04-0.10 0.02 0.06 0.94 2.09
Inceptisol (n =41) 1.32 0.65-1.92 039 0.51 0.49 0.27
Mollisol (n =50) 142 0.85-1.91 025 0.55 0.45 0.23
Oxisol (n =31) 130 096-146 011 0.50 0.50 0.29
Spodosol (n =20) 0.97 0.30-1.87 047 037 0.63 0.52
Ultisol (n =38) 1.50 0.97-1.84 027 0.8 0.42 0.20
Vertisol (n =380) 1.80 155-2.06 016 0.69 0.31 0.12

Modern floodplain (Nadon and Issler, 1997)
Inorganic silts and clays

Mean (Liquid limit <50)* - - - 0.635 0365 0.6

Mean (Liquid limit >50)> - - - 0.511 0489 0.27
Sands

Mean® - - - 0.692 0308 0.12

Note: Units of density and range are g cm™>. Units on k are x10~° cm™ . Original
sources for the paleosol data contained in the table are given in Sheldon and Retallack
(2001).

2 Silts (n=61) and clays (n=261); porosity ranges from 35.72% to 37.34%.

b Silts (n=9) and clays (n=61); porosity ranges from 46.96% to 50.80%.

¢ Clean (graded; n=20), clean (poorly graded; n==62), silty sands (n=153), and
clayey sands (n=288); porosity ranges from 30.10% to 31.59%.
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Burial Depth Vs. Compaction in Paleosols

Compaction (as a fraction of original thickness)
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Fig. 4. Compactibility of different soil orders.

To give one specific example, Retallack (1986) used ptygmatically
folded clastic dikes in the ~2.2 Ga Hekpoort paleosol to estimate that it
had been compacted to 67-73% of its original thickness. Sheldon and
Retallack (2001) used Eq. (4) and constants for a Vertisol (Retallack,
1986; Driese et al., 2005) from Table 2 to estimate compaction to 72-

76% of original thickness given independent constraints on burial
depth.

The primary disadvantages to the approach of Sheldon and
Retallack (2001) are that it requires accurate soil taxonomy and that
it requires a fairly accurate estimate of the burial overburden. Because
the differences in compactibility among different soil orders can be
fairly large (Fig. 4), accurate taxonomic identification is very
important. Similarly, most of the compaction predicted by Eq. (4)
occurs within burial depths of 4 km or less, with very little change
among deeply buried paleosols. Thus, uncertainty in burial depth of
even 500 m for shallowly buried paleosols would have a large effect on
the calculated compaction.

2.2.2. Ichnology

A number of recent workers have begun integrating continental
ichnology with studies of paleosols (e.g., Genise et al., 2004; Kirkland,
2006; Kraus and Hasiotis, 2006; Laza, 2006; Hamer et al., 2007a,b),
and trace fossils have been key to understanding some early
ecosystems (e.g., Feakes et al., 1989; Retallack and Feakes, 1987). A
wide variety of animal and plant traces have been identified (e.g.,
Hasiotis, 2004) that are useful in paleoenvironmental reconstructions
using paleosols. In particular, rhizolith or root trace density (Fig. 1D)
and penetration depth have been used to understand vegetation type
and density (O'Geen and Busacca, 2001; Retallack, 2007) and to
characterize the paleohydrological setting (Kraus and Hasiotis, 2006).
In marine settings, a semi-quantitative ichnofabric index has been
created (Droser and Bottjer, 1986) that looks at total bioturbation
density. Attempts to apply this method to paleosols have been
relatively rare and as Genise et al. (2004) point out, well-developed
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Fig. 5. Bioturbation index versus root size in paleosols. Data are from N.D. Sheldon and ].M.M. Hamer (unpublished). See text for discussion.
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paleosols may be nearly devoid of bioturbation and poorly developed
paleosols may be very heavily bioturbated, so the definitions
appropriate to a marine setting do not necessarily apply to a
continental setting. In part, this is due to fluctuating water tables
and redox conditions in continental settings. Whereas hydrological
and chemical conditions in a marine setting may be relatively uniform
over long periods of time, they may fluctuate on very short time scales
in continental settings (i.e., seasonally), which affects both the
creation and preservation of ichnofabric. Furthermore, bioturbation
in paleosols may be the result of either animals or plants, so care is
needed to delineate both types. For example, while most animals in
continental settings (exceptions are bivalves or gastropods) are
unlikely to burrow down past the level of the water table, plant
roots are very likely to extend to that depth beneath the surface. An
example of an attempt to use ichnology semi-quantitatively rather
than qualitatively may be found in Fig. 5 using previously unpublished
data collected from Miocene paleosols in Montana formed on fine-
grained overbank flood deposits. Working independently, one half of
the team (N.D. Sheldon and ].M.M. Hamer) measured various root
trace parameters (mean diameter, maximum diameter, range of root
diameter at a given stratigraphic level) and the other half of the team
made semi-quantitative assessments of the degree of bioturbation
made by animals throughout a 60 m section (Fig. 5). This approach
yielded a couple of interesting results. The highest mean root
diameters, maximum root diameter (and by extension maximum
plant size), and maximum range of root diameters are associated with
moderate degrees of bioturbation, suggesting that while some
bioturbation helps plant communities to become established, heavy
bioturbation may impede growth of high stature plants, instead
favoring low stature or fast-growing plants. The data also skew toward
mid-range root diameters in heavily bioturbated paleosols and only
small roots (with a small size range) are found in weakly bioturbated
paleosols (Fig. 5). While more work is needed to confirm these results
and to extend them to other depositional settings, these results
suggest that there is considerable scope for integrating semi-
quantitative as well as qualitative ichnological data with studies of
paleosols.

3. Quantitative methods overview

In recent years, paleopedology has shifted from a largely
qualitative field based on comparisons with modern analogues to an
increasingly quantitative endeavor. Some of this change has been a
result of applying existing techniques to new materials (Sections 4
and 5 below, clay mineralogy and whole rock geochemistry), but
many of the innovations have been the result of applying new
techniques to new materials, including thermodynamic modeling of
soil formation, isotope geochemistry, and applications of empirical
relationships derived from modern soils. Paleoclimatic and environ-
mental properties that may reconstructed using the new proxies
include provenance, weathering intensity, mean annual precipitation
and temperature during pedogenesis, nutrient fluxes into and out of
the paleosols, the atmospheric composition of important gases
including CO, and O,, reconstructed vegetative covering, and paleo-
altitude.

4. Clay mineralogy of soils and paleosols

The clay size fraction in soils is operationally defined as the
population of grains and crystals that are <2 pm equivalent spherical
diameter (e.s.d.; e.g., Soil Survey Staff, 1975). In a strict sense,
therefore, clay minerals can be any mineral in the soil that is <2 um
e.s.d. In practice, however, the term clay minerals usually refers to
finely crystalline minerals that result from pedogenic alteration, and
most commonly is applied to phyllosilicates, oxides, and oxyhydr-
oxides. It has long been recognized that soil clay minerals are

correlated with climate factors, such as temperature and water
availability in the soil, because these factors strongly affect the
amount and effectiveness of chemical weathering in the soil profile.
The correlation of soil clay mineralogy with climate conditions has
been reviewed extensively in numerous studies over the past five
decades (e.g., Jackson, 1964; Pedro, 1982; Wilson, 1999), and this
contribution makes no attempt to provide a thorough review of this
subject. Earlier reviews suggest generally that clay mineralogy follows
aweathering pattern, from hot and humid to cool and dry, in the order
kaolinite — smectite — vermiculite — chlorite and mixed-layer phyl-
losilicates — Illite and mica. We provide below a brief summary of
methods for clay mineral identification, and the occurrence of
kaolinites and smectites in soil and paleosol profiles. This reflects
that these two phyllosilicates are among the most abundant minerals
that have been identified in paleosols, and therefore also most
commonly have undergone quantitative geochemical analysis.

4.1. Occurrence of clay minerals

Kandite minerals, a group of 1:1 phyllosilicates, are recognized by a
basal d(001) spacing of ~7 A that expands to 10 A upon solvation with
hydrazine and Dimethylsulfoxide (DMSO; Jackson and Abdel-Kader,
1978; Calvert, 1984). Kaolinite and Halloysite are common pedogenic
minerals in soil profiles (Wilson, 1999), although halloysite is not a
common constituent of paleosol profiles (Srodon, 1999). Pedogenic
kaolinites form in well-drained and acidic soils with moderate silica
activity and very low base cation activity in soil solutions (Dixon,
1989). This corresponds generally with soil formation in warm and
humid climate. Kaolinite-dominated soil profiles are frequently
associated with oxide and oxyhydroxide minerals such as goethite,
hematite and gibbsite (e.g., Bardossy et al., 1977; Tardy et al., 1990a,b).
Kaolinite may also occur as a minor constituent in soils dominated by
2:1 phyllosilicates (Nash et al., 1988). Kaolinite is an abundant clay
mineral in paleosol profiles that formed in paleotropical sites (e.g.,
Retallack and German-Heins, 1994; Gill and Yemane, 1996; Tabor and
Montafiez, 2004; Jacobs et al., 2005). Notable dissimilarities between
modern pedogenic kaolinites and geological deposits include finer
grain size, greater degree of disorder, and small amounts of
isomophous substitution of Fe for Al in modern soil kaolinites (e.g.,
Herbillon et al., 1976). This may indicate that at least some diagenetic
transformations occur in kaolinites.

Smectites, a large group of 2:1 phyllosilicate minerals, are re-
cognized by a basal d(001) spacing of ~12-14 A which expands to
~18 A in response to Mg-saturation and glycerol solvation, or
expansion to ~20 A upon glycol solvation (Moore and Reynolds,
1996). Montmorillonite and bedellite are the most common smectite
minerals in soils and paleosols, and both minerals permit a substantial
amount of isomorphous substitution in the tetrahedral and octahedral
layers (Wilson, 1999; Tabor et al., 2004a,b; Tabor and Montafiez,
2005). Pedogenic smectite forms in poorly drained soils characterized
by high pH, with high chemical activity of silica and basic cations
(Borchardt, 1989). This corresponds generally to intermittently poorly
drained environments, including monsoonal and xeric climates
characterized by strongly seasonal precipitation. Smectite-dominated
soil profiles are frequently associated with hematite and calcite.

The clay size fraction in soils and paleosols is seldom composed of a
single mineral. Rather, it typically includes mixtures of phyllosilicate,
Fe- and Al- (oxyhydr) oxides, quartz and occasionally feldspars that
cannot easily be separated from each other. As a result, mineralogical
and geochemical characterization of discrete minerals in the soil (or
paleosol) clay size fraction is complicated. Three approaches have
been used to address complex clay mineral mixtures: (1) Adopt
assumptions about the composition of minerals in the mixtures that
are not under study in order to calculate an end-member composition
for the mineral of interest (e.g., Bird and Chivas, 1988a,b; Lawrence
and Rashkes Meaux, 1993), (2) ignore complications that may arise
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from variability in mineral content of the clay size fraction (Tabor
et al., 2004a,b), or (3) utilize non-routine physical and chemical
separation (Munsterman and Kerstholt, 1996; see also review of
separation techniques in Gilg and Sheppard, 1996) or spectroscopic
techniques (Tabor and Montafiez, 2005) in order to delineate the
relative concentrations of different minerals in the clay-size fraction.

5. Whole rock geochemistry
5.1. Analytical methods

Paleosols may be analyzed as “whole rocks” in a manner similar to
other geological materials. Typically, this involves the use of either X-
ray fluorescence (XRF) or inductively coupled plasma optical/atomic
emission spectroscopy (ICP-OES/AES) or mass spectrometry (ICP-
MS). Both types of analyses offer different advantages and disadvan-
tages. XRF analysis is non-destructive, offers a wide variety of major
(from fused glasses), and trace and rare Earth (from pressed pellets),
is relatively low-cost, and offers both precise and accurate results.
Disadvantages of XRF analysis include “fussy” sample preparation that
involves measurement of sample masses to many decimal points of
precision, slow machine run times, and a lack of availability as many
universities have shifted to ICP-based analysis because it can be used
on a wider range of materials (e.g., soils and water too). Though
neither ICP-OES/AES nor ICP-MS offer easily the full range of elements
that can be analyzed by XRF, the combination of both techniques
yields a similar suite. Other advantages include relatively “unfussy”
sample preparation, low-costs, and quick analysis times. Disadvan-
tages include the need to use both techniques to get adequate pre-
cision for the full suite of elements that are typically of interest, that
ICP analysis is a destructive technique, Si volatilization in the presence
of HF, and the use of highly reactive HF and/or perchloric acid to
achieve sample dissolution.

One common problem with studies of paleosols is in having a well-
constrained parent material to analyze as well. As will be discussed
below, many of the geochemical proxies that have been proposed for
analyzing past climatic and environmental conditions and past pedo-
genic processes are based on comparison with the chemical com-
position of the protolith/parent material. Thus, regardless of analytical
methodology, it is very important that complete profiles (i.e., at least
one sample of each horizon) including C or R horizon samples be
collected whenever possible.

5.2. Provenance and pedogenesis

A number of different proxies based on whole rock geochemical
analyses (Table 3) have been proposed for evaluating pedogenic
processes in paleosols (see Retallack, 1997a,b,c). Most are based on
ratios between different elements (Table 3), but in general, little

Table 3
Molecular weathering and pedogenesis ratios.

Table 4
Molar masses.

Molecular masses of common oxides and elements

Oxide/element Molar mass
(g mol— 1)
Al,03 101.96
Ba 1373
Ca0 56.08
Ce 140.12
K0 94.2
La 138.91
Lu 175
MgO 40.32
MnO 60.94
Na,0 61.98
Nb 92.9
Nd 144.2
P,05 189.94
Rb 85.47
Sio, 60.09
Sm 150.4
Sr 87.6
Th 232.04
TiO, 79.9
U 238
Yb 173
Zr 91.22

justification has been given in the literature for why particular ele-
mental ratios are meaningful. We are hoping to rectify that situation in
this review by presenting clear examples of how and why (Table 3)
different pedogenic processes may be evaluated using elemental
geochemistry. By convention, major element data are presented as
weight percentages of oxides and trace elements as ppm. From there,
the convention is to convert the raw abundances into moles by
dividing the weight percentage (or ppm) by the molecular mass
(Table 4) before the equations are solved. For all of the geochemical
functions that we present, the molar rather than oxide equivalent for a
given element is shown (i.e., Ca rather than CaO, Na rather than Na,0,
etc.; Table 3).

5.2.1. Major element ratios and pedogenic processes

“Major elements” refers to the primary rock-forming elements Ca,
Fe, K, Mg, Na, along with Al, O, and Si as building block elements for
silicate minerals, and minor amounts of Mn, P, and Ti (Li, 2000).
Typically, major element concentrations are measurable in terms of
weight percent. The rock-forming elements can be separated accord-
ing to redox sensitivity (Fe?*/3* and Mn?*/3*/4%), valence (Ti*" or
P>™), or chemical affinity (K and Na versus Ca and Mg). In particular,
chemical affinity is useful because the majority of CO, consumption
during weathering (e.g., Sheldon, 2006d) involves the monovalent
alkali (K and Na) and divalent alkaline earth elements (Ca and Mg).

Ratio Formula Rationale Pedogenic process
Major elements
3Bases/Al 2Bases 3Bases=Ca+Mg+Na+K Hydrolysis
Al
Common rock-forming alkaline and alkaline earth elements are lost relative to Al during pedogenesis
Base loss Base/Ti Base cations (Ca, Mg, Na, K) should be leached during weathering at normal pH conditions and Ti Leaching
accumulated
Clayeyness Al/Si Al accumulated as clay minerals form Hydrolysis
Gleization FeO/Fe,03 Fe? " is most common and mobile under reducing conditions, whereas Fe> " is immobile under oxidizing Oxidation
conditions
Provenance Ti/Al Ti is most readily removed by physical weathering, Al by chemical weathering Acidification (~pH)
Salinization % Alkali elements accumulate as soluble salts not removed Salinization
Trace elements
Leaching Ba/Sr Sr solubility >Ba solubility Leaching/hydrolysis

Parent Material La/Ce, Sm/Nd, U/Th

Different parent materials have different initial trace element ratios prior to pedogenesis, but most of those

Acidification (~pH)

elements are immobile during weathering, so the paleosol ratio should approximate the parent material ratio
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For example, the large atomic radius alkali elements fit into different
sites in minerals than the somewhat smaller alkaline earth elements.
Observations of modern weathering of basalt parent soils suggest that
the alkaline earth elements (which are also associated with more
mafic minerals) weather more readily than the alkali elements
(Chadwick et al., 1999), a pattern also observed in paleosols with a
basaltic parent (see Section 5.3.1 for details; Sheldon, 2003; Tabor
et al., 2004a; Sheldon, 2006¢,d), though laterites formed on basalt do
not necessarily conform to this rule of thumb (Hill et al., 2000).
Elemental ratios are favoured over simple single-element measure-
ments because the absolute abundance of an element within a soil/
paleosol can vary dramatically over small spatial scales (e.g., between
horizons), because the textural heterogeneity common in soils/
paleosols can give rise to chemical heterogeneity, and because more
process information is gained by looking at how two or more elements
change with respect to one another.

Examples of commonly applied major element ratios used to
explain individual pedogenic processes are given in Table 3. Proxies for
hydrolysis include >Bases/Al (see Section 5.2.2) and Al/Si. Al/Si is
thought to be a measure of “clayeyness” because Al accumulates in
clay minerals relative to a silicate mineral parent. The ratio was first
proposed (though inverted from the present form) by Ruxton (1968)
and has been widely applied (various, e.g., Retallack et al., 2000;
Prochnow et al., 2006; Sheldon, 2006b; Hamer et al., 2007b). Among
the applications of the Al/Si ratio is the confirmation of field
classification of Bt horizons (Sheldon, 2005; Hamer et al., 2007b)
and as a measure of provenance (e.g., Sheldon, 2006a). The primary
weakness of applying the Al/Si ratio is that it is difficult to account for
syn-formational additions of Si due to aeolian processes, although by
looking at a suite of elements that are also prone to windborne ad-
dition (i.e., other commonly occurring crustal elements; alternatively,
with REE, see Ziegler et al., 2007), it is often possible to distinguish
that process from pedogenic changes.

The gleization ratio, Fe**/Fe**, is the most commonly applied
major element ratio for understanding oxidation, though others have
been proposed as well (see Retallack, 2001b for examples) based on
Mn or on some combination of Fe and Mn. Gleization is sometimes
used interchangeably with hydromorphism, and refers to the in situ
reduction of Fe and Mn due to waterlogged conditions (Bockheim and
Gennadiyev, 2000). As with other major element ratios, it is important
to consider the parent material chemical composition (e.g., Driese
et al., 2003) because the initial, unweathered gleization ratio may be
very different for different parent materials. For example, unweath-
ered basalt will typically have a gleization ratio in excess of 2, whereas
samples from well-drained paleosols derived from basalt will typically
have gleization ratios much less than 0.5 (Sheldon, 2003) owing to
oxidation during weathering. Sayyed and Hundekari (2006) found a
similar pattern, with gleization ratios in unweathered basalts of 4-5,
and values generally <1 for modern soils and paleosols derived from
basalt. Driese (2004) also presented a similar result when comparing
modern and Precambrian Vertisols. An additional application of the
gleization ratio has been to look at redox changes across mass
extinction events. In the earliest Triassic, southern hemisphere high-
paleolatitude Gondwanan paleosols consistently show higher gleiza-
tion ratios (i.e., more reduced conditions) than their latest Permian
predecessors, coincident with Permian-Triassic extinction, and often
over the space of cms (Retallack, 1999; Sheldon, 2006a). This has been
interpreted to represent a very rapid (<10,000 year; Retallack and
Jahren, 2008) shift to highly reducing soil gas conditions. Given that
paleosols above and below the boundary represent wetland settings
(which should be fairly reduced anyway), this change is striking
(Sheldon, 2006a). The primary weakness of applying the gleization
ratio is one of constraining the timing of the reduction of Fe** to Fe?™,
because groundwater movement during early diagenesis (i.e., typi-
cally reducing waters) or exposure of the paleosol profiles to oxidizing
waters during uplift and exposure could, theoretically at least, change

the ratio. Ways to account for this possibility include careful
characterization of the Fe-bearing minerals using petrography, SEM,
or microprobe analysis, field observations of redoximorphic features
in the paleosol (Kraus and Aslan, 1993), and mass-balance calculations
(see Section 5.3.1 for details) of both redox-sensitive and redox-
insensitive elements to look for evidence of diagenetic changes.

Salinization (Table 3) is the process by which otherwise mobile
elements (K and Na) accumulate as soluble salts in a soil or paleosol.
Examples of this process can be found fairly commonly in modern
(e.g., Buck et al., 2006), Cenozoic (e.g., Hartley and May, 1998), and
Mesozoic (e.g., Lawton and Buck, 2006) soils and paleosols that form
in arid regions or deserts. Older examples are much more rare because
salts are often removed by diagenesis, leaving evaporite mineral
pseudomorphs rather than the original minerals. The salinization ratio
may also be related to mean annual temperature in some settings (see
Section 5.4; Sheldon et al., 2002), and though other ratios have been
proposed (see Retallack, 2001a,b), only this one has been widely
applied. However, salinization is not one of the most reliable
pedogenic process indicators because of differences in behaviour
between in K and Na during pedogenesis. In general, Na is less subject
to diagenetic redistribution (Retallack, 1991). To verify salinization
results, investigators should also look for other aridity indicators such
as pedogenic carbonate nodules and physical presence of evaporite
minerals in hand specimen or thin section.

Leaching may be quantified in paleosols using a base loss ratio
where the abundance of a given base is divided by the abundance of Ti.
This approach, though simple, bypasses the problem associated
with full mass-balance calculations of needing to measure or estimate
bulk density values for paleosol and parent material samples (see
Section 5.3). In particular, it may be valuable for paleosols recovered
from deep drilling cores where there is a limited amount of material
available and using some of it for bulk density measurements (which
are effectively destructive if the clod-paraffin method is used) is not
possible (Sheldon, 2006c¢). The keys to using base loss ratios are that
they must be plotted as a function of depth because different horizons
should show different elemental behaviour, and that multiple
elements need to be plotted, included both alkali and alkaline earth
elements to capture the full range of pedogenic processes. P/Ti may
also be plotted as a rough guide to paleo-fertility. This approach has
been applied to basalt-parented paleosols thus far (Tabor et al., 2004a;
Sheldon, 2006c¢), but should in theory, be widely applicable. The
primary potential problem with this approach is with low-Ti parent
materials, because then relatively minor differences in Ti content
could show apparently large differences in pedogenesis. Thus, this
approach to quantifying leaching works best for paleosols that have
igneous or metamorphic parent materials, and less well for paleosols
that formed on limestone or relatively quartz-rich parent materials.

The Ti/Al ratio is particularly useful as a provenance indicator
because Ti contents may be quite variable among different types of
rocks, even as Al contents are relatively constant (e.g., granite vs.
basalt; Li, 2000). In general, the more mafic the parent material, the
higher the Ti/Al ratio will be (Fig. 6; Maynard, 1992). Furthermore,
because both elements are relatively immobile, the ratio should
remain constant during pedogenesis at near-neutral pHs (5.5-8), and
should also be constant as a function of depth within a paleosol
(Sheldon, 2006a). At near-neutral conditions, Al is slightly more
mobile than Ti (Li, 2000), and Al can be mobilized significantly in
older soils (e.g., >150 Ka, Kurtz et al., 2000). Ti and Al are most mobile
under acidic pH conditions, so the ratio should also potentially shift
from the parent material value according to the pH at the time of
formation. Neither element is redistributed readily by diagenesis, so
the Ti/Al ratio should be a reliable indicator of provenance even for
Precambrian paleosols if they formed at near neutral pH conditions
and had short to moderate (<100 Ka) formation times, though
potentially, it also may be used as paleo-weathering intensity
measurement in paleosols that do not exhibit constant values with
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depth in the profile (see below). Applications of the Ti/Al ratio include
confirming similar provenance for latest Permian and earliest Triassic
paleosols in a study of weathering intensity changes across the
boundary (Sheldon, 2006a), to compare modern and Precambrian
weathering of Vertisol-like paleosols (Driese et al., 2007), to compare
provenance between different pedotypes and potential sediment
source areas using Oligocene-Miocene paleosols (Hamer et al.,
2007b), and to infer parent material homogeneity in Precambrian
paleosols (e.g., Rye and Holland, 2000).

Fig. 6 depicts the Ti/Al ratio as a function of depth for various
weakly- to moderately-developed paleosols that formed on different
types of parent material. In each case, the mean parent material value
is very close to the values at any position within the profile (i.e., nearly
constant depth profile), and both mudstone and sandstone parents
are characterized by low Ti/Al ratios. In contrast, basalt-parented
paleosols show somewhat more variability with depth due typically to
a minor component of ash and/or sediment, but also significantly
higher Ti/Al ratios throughout the profiles. Taken together, these
results suggest that the Ti/Al ratio is a reliable indicator of provenance
(e.g., Stiles and Stensvold, 2008).

An example of using the Ti/Al ratio to examine weathering
intensity is found in Fig. 7. In contrast to the moderately developed
basalt-parented paleosols results shown in Fig. 6, the paleosols in
Fig. 7 show significantly reduced Ti/Al ratios in the upper part of their
profiles. The paleosols in Fig. 6 are all identified as being Inceptisol-
like or Andisol-like (Protosol), whereas the more developed paleosols
in Fig. 7 are all identified as being Alfisol-like (Argillisol). Closer
inspection of the chemical data of Sheldon (2003, 2006d) indicates
that both Ti and Al have been lost, but that Ti has been more ex-
tensively lost. In thin section, Ti-bearing minerals like rutile and Fe-
oxides show minimal alteration. This suggests that the Ti loss at the
top of the paleosols profiles is due to physical removal rather than
chemical dissolution. That idea is further supported by the fact that
the highest Ti/Al ratios are in the parental basalt. If Ti has been
dissolved and transported within the profile downward into the B
horizon of the paleosols, then that accumulation would result in the
highest Ti/Al ratios at that level, which is not observed in any of the
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Fig. 7. Ti/ Al ratios for well-developed paleosols on basalt. Data are from middle Miocene
paleosols (Sheldon, 2003, 2006d).

profiles. The primary weaknesses of this approach are with low Ti
parent materials and in differentiating between chemical and physical
removal of either Ti or Al during pedogenesis, though petrography/
SEM studies offer a means to account for the second problem.

5.2.2. Major element weathering indices

The other primary use of major element geochemistry has been to
identify single indices that quantify the totality of weathering pro-
cesses. The first of these was proposed by Nesbitt and Young (1982)
and is called the “chemical index of alteration” or CIA:

Al
CA=100x g KN ©)

where each of the elemental concentrations is coverted to moles. The
CIA is a measurement of the weathering of feldspar minerals and their
hydration to form clay minerals. As clay content increases Al should
also increase, whereas Ca, K, and Na contents should decrease, leading
to higher CIA values. For example, a pure sample of microcline
(KAISi50g) would have a CIA value of 50. If it was weathered to form
pure illite (which has a chemical formula similar to muscovite
[KAI5Si3010(OH),]), the CIA value would increase to 75. Similarly, if
the illite was completely leached of K and kaolinite was formed, the
CIA value would further increase up to 100. Depending on the parent
material chemistry, CIA changes during weathering may be quite large
or relatively small. For example, tholeiitic basalt has CIA values of 40—
45 (Sheldon, 2003); the formation of Alfisol-like paleosols (Argilli-
sols) on tholeiitic basalts of the Columbia River Flood Basalt group
under temperate conditions gave rise to B horizon CIA values of 60-70
(Sheldon, 2003). Parent materials that have already been cycled as
sediments or which are clay-rich in the first place may start out with
CIA values of 60-70, with weathering leading to even higher values. In
general, the CIA is most useful for silicate rocks because a typical
limestone would have very low Al levels to start with and thus, a very
low CIA value that might not change appreCIAbly during pedogenesis.

More recent authors (Maynard, 1992; Fedo et al., 1995) have been
concerned about post-burial addition of K by metasomatism and have
modified the CIA to account for metasomatism by removing K from
their modified CIA expressions in different ways. A second potential
issue with K arises from illitization of clay minerals (e.g., smectites) in
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sub-metamorphic burial conditions. This is particularly important for
Paleozoic and older paleosols because smectite is meta-stable and
may be altered to illite in the presence of K-rich pore waters. None-
theless, unless there is evidence of K metasomatism or illitization (and
this is primarily of interest in metamorphosed areas or with very old, i.e.,
Precambrian, paleosols) from petrography or some other method, the
CIAis a good tool for evaluating chemical weathering and for comparing
different paleosols. Both the CIA-K of Maynard (1992) and PIA of Fedo
et al. (1995) of B horizons in soils are well-correlated with mean annual
precipitation (see Section 5.5; Sheldon et al,, 2002), so the primary
recent use of the CIA-K has been for estimating paleoclimatic conditions
(e.g., Nordt et al., 2006; Hamer et al., 2007a,b).

One final consideration with this type of weathering index is that
there is one piece of nomenclatural confusion that has been pro-
pagated through the literature. The “chemical index of weathering”
(CIW; Harnois, 1988) and CIA-K (Maynard, 1992) were developed for
different purposes (Harnois (1988) was concerned about the incon-
sistent behaviour of K during pedogenesis, and Maynard (1992) was
concerned about K addition by metasomatism), but, nevertheless,
involve the same equation:

Al

CIW(CIA — K) = 100 x e (6)

Retallack (various, e.g., 2001b; see Colman, 1982) has advocated a
slightly different weathering index because while CIA and its variants
give a good accounting of feldspar weathering, other types of minerals
are not necessarily captured by that index, in particular Mg-bearing
minerals. The 3Bases/Al ratio (Table 3) is designed to overcome this
and is calculated with the following expression (again, using
molecular values for each element):

> Bases Ca+K-+Mg+Na )
Al Al

The >Bases/Al ratio is susceptible to the same potential issues with
metasomatically altered paleosols as the CIA, but again, unless there is
some reason to suspect post-burial alteration, the ratio may be used to
describe weathering of paleosols. 2Bases/Al has been used for a
variety of purposes including characterizing weathering intensity
(e.g., Retallack, 1999; Bestland, 2000; Retallack and Krull, 1999;
Sayyed and Hundekari, 2006) and for taxonomic purposes (Sheldon
et al,, 2002). Sayyed and Hundekari (2006) compared a variety of
weathering ratios including the 3Bases/Al ratio to examine differ-
ences between near-modern and Cretaceous weathering on “red bole”
and “green bole” paleosols formed on Deccan Traps basalt flows. A
YBases/Alratio of 0.5 is a statistically significant dividing line between
Alfisols (>0.5; dystric Argillisols) and Ultisols (<0.5; eutric Argilli-
sols); that criterion is roughly equivalent to the Soil Survey Staff
(2006) base saturation criteria of 35% to separate between base-rich
Alfisols and base-poor Ultisols (Sheldon et al., 2002). An example
where that criterion was applied can be found in Sheldon (2005), who
used it to confirm a field identification of Alfisol-like paleosols. In
addition, Clechenko et al. (2007) discuss a thick paleosol associated
with the Paleocene-Eocene boundary as being comparable to a
modern Ultisol. Using data from their paper (their Table 1), an average
SBases/Al of 0.3 is obtained for the paleosols, lending additional
support to this criterion as a means for distinguishing between paleo-
Alfisols and paleo-Ultisols. A further application of the ZBases/Al ratio
can be found in Perez-Huerta and Sheldon (2006), who used it to
examine how short-term sea level (i.e., glacio-eustatic) changes
affected nutrient availability in shallow marine settings where the
3Bases/Al ratio was used to represent the fluctuating continental
input derived from soils.

Darmody et al. (2005) presented two other measurements of
chemical weathering that they applied to modern soil formation with
granitic parent materials:

_ Si+Ca

W= 1= e i (8)
_ Si+GCa

WE=2= Fe +Ti + Al %)

Darmody et al. (2005) found strong positive correlations between
WI-1, WI-2, and Si/Al [1/“clayeyness” (Section 5.2.1)], and strong
negative correlations with the CIW of Harnois (1988), suggesting that
all of the ratios were capturing weathering intensity. To date, Egs. (8)
and (9) have not been widely applied to paleosols. One exception is
Kahmann et al. (2008), who compared results between a number of
indices and found that WI-1 and WI-2 were in relatively poor
concordance with other weathering indices and also with estimates of
mean annual precipitation derived from CIA-K values (see Section
5.5.3). However, the parent material being studied by Kahmann et al.
(2008; sediments) was very different than that being studied by
Darmody et al. (2005). Thus, at this point, results using Eqs. (8)
and (9) are equivocal and more testing is needed to determine if the
relationships that Darmody et al. (2005) found are widely applicable
or only apply to cases with granitic parent materials.

5.2.3. Trace element ratios

Trace element abundances vary considerably among different
paleosol types and parent materials. In general, to be useful a trace
element must be present at the 10 s-100 s ppm level, because the
analytical uncertainty using either XRF or ICP is a couple of ppm. As
with major elements, ratios between trace elements are favoured both
as means of normalizing differences but also because different
elements are gained or lost due to different pedogenic processes.
Trace element geochemistry in paleosols has been used for a variety of
applications including examining weathering intensity (e.g., Kah-
mann et al., 2008), evaluating leaching (Sheldon, 2006a; Retallack,
2001a,b, 1999), and for provenance (Hamer et al., 2007b; Sheldon
et al.,, 2009; Sheldon, 2006a). The most commonly used ratio is Ba/Sr,
which is thought to represent leaching behaviour during weathering
(Table 3; Sheldon, 2006a; Retallack, 2001b), where higher values
represented more leaching. Both are alkaline earth elements and have
similar atomic radii and similar chemical affinities, but Sr is
significantly more soluble than Ba (Vinogradov, 1959), so under
most conditions it will be leached more readily. Thus, a heavily
leached paleosol should have relatively lower Ba/Sr ratios near the top
of the profile and relatively high Ba/Sr ratios lower in the profile if a B
horizon is present (Sheldon, 2006a). The Ba/Sr ratio has been used to
characterize leaching behaviour in paleosols throughout the geologic
record including Precambrian (Retallack and Mindszenty, 1994),
Permian-Triassic (Krull and Retallack, 2000; Sheldon, 2006a), and
Cenozoic (Terry, 2001) examples. There are two potential weaknesses
of applying the Ba/Sr ratio. First, the chemical behaviour of Ba is less
well understood than Sr, particularly in soils. Second, different parent
materials have variable initial concentrations (and textures due to
different mineral composition), so relatively minor changes in ab-
solute abundance in samples with small initial amounts could be
interpreted as intensive leaching when the process was of relatively
little importance.

An additional trace element ratio that is potentially useful is U/Th
(Table 3). U and Th are both actinide elements; This typically more
abundant in most potential parent rocks except for limestones (e.g., Li,
2000). Th and U are both relatively immobile during weathering
except under intense conditions (Li, 2000), or where there is a strong
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redox gradient, because while U*" is insoluble under oxidizing
conditions, U®™ is soluble. Thus, during weathering, a few scenarios
are possible that may give insight into both provenance and pedo-
genesis. The first is that U is leached away during pedogenesis and Th
remains, leaving the upper horizons of the soil/paleosols with lower
U/Th ratios than the parent material. This would indicate very intense
weathering and a strong redox gradient. If the U is redistributed by
lessivage rather than leached away, then the U/Th ratio should be
highest in Bw/Bt horizons, and elevated relative to the parent material
ratio (e.g., supporting data from Sheldon, 2006a). Alternatively, if
pedogenesis was not very intense and there was no significant redox
gradient, then the U/Th ratio should be constant with depth in a soil
(e.g., data in Condie et al., 1995). Measurements of modern weath-
ering suggest that the second scenario, U redistribution and accu-
mulation in soils, is most likely (van der Weijden and van der Weijden,
1995; Pett-Ridge et al., 2007). Examples in paleosols can be found
among diverse settings, including basalt-parent laterites (Kisakiirek
et al., 2004) and sandstone-parented Inceptisol-like palesols (Shel-
don, 2006a). However, Pett-Ridge et al. (2007) also demonstrate that
U that has accumulated in paleosols that are more than 150 Ka old is
largely derived from atmospheric deposition (i.e., aerosols) rather
than from weathering of the parent material. Thus, the U/Th ratio is
probably most useful in paleosols with short-moderate formation
times (see Section 5.3.1 for ways to address this in paleosols).

Another trace element of interest is Nb, which is a transition metal
that exhibits similar chemical behaviour to V, Ti, and Zr, all of which
are typically relatively immobile during weathering. Kurtz et al.
(2000) studied a climosequence of soils developed on Hawaiian
basalts that range in age from 0.3 to 4100 Ka, and found that Nb and Ta
were essentially completely immobile during weathering whereas
other refractive elements including Zr, Al, Hf, and Th all displayed at
least some limited mobility, particularly in the older soils. Because Nb
is more abundant than Ta, it is preferable as an immobile index
element in mass balance calculations (see Section 5.3). Kahmann et al.
(2008) found that Nb was also the least immobile element during
pedogenesis of Mississippian paleosols when compared with a whole
suite of different refractory elements and suggested that Nb could be
used as an index element to evaluate gains and losses of other ele-
ments during pedogenesis.

5.2.4. Rare earth elements

The rare earth elements (REE) are the lanthanide series elements
(atomic numbers 57-71). The REE have similar atomic radii and all
share a trivalent state (though some are divalent and monovalent as
well), and some are not particularly rare relative to other transition
metals (e.g., Ce; Tyler, 2004). They may be separated according to
mass into light REE (LREE; atomic masses <153: La, Ce, Pr, Nd, Sm, and
Eu) and heavy REE (HREE; atomic masses >153: Gd, Tb, Dy, Ho, Er, Tm,
Yb, and Lu). As with the Earth's crust, LREE are typically more abun-
dant than HREE in soils. REE values are typically normalized and
reported relative to some common standard such as the North Ame-
rican Shale Composite (NASC; Li, 2000) or to chondritic meteorites
(Nakamura, 1974). The solubility of the REE elements is typically low
at near neutral pHs (Li, 2000; see Wimpenny et al., 2007 for discussion
on pH effects on REE and platinum group elements), with increasing
solubility resulting from more acidic pHs (Tyler, 2004). Their leaching
behaviour varies according to regional humidity. Extremely humid
climates with acidic soils (Spodosols and laterites, e.g., Oxisols) may
be leached of REE more than other elemental constituents (Tyler,
2004), but otherwise, REE tend to accumulate during weathering (e.g.,
Zhang et al., 2007). Also, evidence for leaching of REE in laterites is
equivocal, because a number of studies have found that they actually
accumulate even in those intensely weathered settings (e.g., Walter
et al., 1995; Koppi et al., 1996; Nesbitt and Markovics, 1997; Braun
et al.,, 1998; Hill et al., 2000), suggesting perhaps that podzolization
leaches REE, but not in most cases of lateritization. Kahmann et al.

(2008) also found a strong relationship between clay content and
trace element and REE accumulation even in Histosol-like paleosols
(low pH, low Eh), lending further support to the idea that under most
conditions, REEs will accumulate during pedogenesis. Thus, one
application of REE chemistry to is assess weathering intensity, because
if the formation times are similar, a more intensely weathered soil will
show more enrichment in REE than a less intensely weathered soil (all
other conditions being equal; Sheldon, 2006a). Sheldon (2006a) used
REE data (among other indicators of leaching) to argue that there
was a significant enhancement in chemical weathering across the
Permian-Triassic boundary based on a nearly order of magnitude
increase in abundance in both LREE and HREE in earliest Triassic
paleosols as compared with latest Permian paleosols. Another
application of this general principle (i.e., accumulation of REE during
weathering) comes from a basalt-parented chronosequence in which
Zhang et al. (2007) found the following relationship relating XREE
(ppm) to formation time:

(10)

Age (104years> _ (EREE - 105.2)

1.082

where R?=0.95 for the empirical relationship. Though this relation-
ship is probably only applicable to basalt-parented paleosols because
of differences in initial (i.e., parent material) REE concentrations, the
high precision that they report suggests that similar chronofunctions
could be developed for other parent materials as well.

Another potential application of REE geochemistry is as a means
for determining provenance (Table 3). Sheldon (2006a and supple-
mental data) has proposed that the molecular ratios of Sm/Nd, La/Ce,
and Yb/Lu are useful as a means for determining provenance because
the elements in each pair are both relatively abundant in most
potential silicate parent materials and because the solubility of all of
the elements is similar. As with the U/Th ratio, under moderate
weathering conditions, constant Sm/Nd, La/Ce, and Yb/Lu ratios
would be expected in paleosol profiles when plotted against depth.
Given the similar chemical behaviour of each of those element pairs,
the paleosol value should match the parent material value quite
closely if there are no additional sources of sediment (e.g., aeolian
addition) and if they are derived from a common protolith. Thus, by
comparing Sm/Nd, La/Ce, and Yb/Lu ratios as a function of paleosol
depth, Sheldon (2006a) confirmed results from Ti/Al ratios that
indicated that although there was a substantial increase in paleosol
and sediment maturity across the Permian-Triassic boundary it could
not be attributed to a shift in provenance, and was instead due to
enhanced chemical weathering and leaching (based on total REE
abundance and Ba/Sr ratios). These REE ratios for provenance are
therefore useful both as a check on other provenance indicators and as
an independent means for assessing other processes such as aeolian
addition of dust.

A final paleosols REE proxy that has been proposed is to use REE
“fingerprinting” to identify fossil bones associated with particular
paleosol horizons. This was proposed as a means for National Parks to
determine whether or not bones for sale in rock and gem shops had been
poached from National Park lands. Trueman (1999) proposed that
because the ionic radii of trivalent REEs are similar to Ca>*, they should
be readily incorporated into bone apatite during early diagenesis.
Applying this general principle, Metzger et al. (2004) found that REE
signatures of bones, though highly variable within a site, were
significantly enhanced compared to sites without paleosol formation.
They further found that the greater degree of pedogenesis, the higher
the HREE concentration was within bones, regardless of soil horizon, and
that fossil bone REE signatures from different depositional environ-
ments and different types of paleosols were distinguishable. There is
some overlap in REE values between similar sites and similar paleosols,
so while it is probably not possible to “fingerprint” sites to an absolute
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certainty, fossils collected from different paleoenvironments including
paleosols should be distinguishable.

In general, the difficulties with applying different REE geochemical
proxies are the same. First, though many REEs may be obtained by
relatively conventional means (XRF or ICP-MS), there is additional
cost relative to major element geochemistry. Second, many potential
soil and paleosol parent materials are relatively low in REE prior to
pedogenesis, so only a long formation time or relatively intense
weathering will result in easily decipherable REE patterns. Third,
though elemental ratios show some promise, individual REEs are not
useful because it is the pattern of their distribution both between
samples, and relative both to some standard (NASC or chondrites) and
to the parent material chemistry.

5.3. Mass-balance calculations

5.3.1. Pedogenesis and diagenesis

Many geologic and pedogenic processes can be most easily
discussed in terms of which elements are involved in a given process
and how their abundance and distribution changed as the soil
developed from the protolith. One common method of assessing
gains and losses of various elements in soils is through constitutive
mass balance (see Brimhall and Dietrich (1987); Chadwick et al.
(1990)). Mass balance calculations have also been used extensively
with paleosols to understand pedogenesis (various, e.g., Driese et al.,
2000, 2007; Bestland, 2002; Sheldon, 2003, 2005; Hamer et al.,
2007b). Mass balance can be reduced to two concepts, strain (&) of an
“immobile” element and transport (7) of a second element with
respect to the immobile element. While a more thorough discussion
may be found in any of the original references mentioned above, the
basic concept is that if elements that were immobile during weath-
ering can be identified then it is possible to assess losses and gains of
mobile elements compared to the immobile element. This has in it the
underlying assumption of open system transport, that is, that mass
may be lost or gained by the system. In real terms, the gains and losses
of elements could be due to a variety of physical and chemical
processes. For example, the loss of a given element could represent
pedogenic processes while the addition of another element could be
from aeolian processes. The open system mass-transport function for
element j in the weathered sample (w) is defined as follows:

_ |PwGiw _
W= {ppcj,p] [ei + 1] =1 (11)

where p,, is the density of the weathered material, G, is the chemical
concentration (weight percentage) of element j in the weathered
material, p, is the density of the parent material, and G, is the
chemical concentration (weight percentage or molar mass) of
element j in the parent material. In many cases, p,y values must either
be assumed based on modern analogues or adjusted from measured
values to take into account compaction of the paleosol (Eq. (4);
Sheldon and Retallack, 2001) after its formation. If 7;,,=0 (i.e,
element w was immobile), then ¢;,, can be solved for separately, thus
bypassing volume (as in the classical definition of strain) as follows:

pPij
K |:pwc:i,w ( )

where ¢;,, is the strain on immobile element i in the weathered
sample. Selection of immobile elements is often made on the basis of
theory rather than observations: Ti, Nb, Al, and Zr are typically as-
sumed to be immobile during weathering. However, it is possible to
assess the immobility by comparing the relative mobilities of a
supposedly immobile element assuming that another element is im-

mobile (Chadwick et al., 1990). For example, one could plot Triw,gzr)
against &z.w and Tzpwecti) against &riw to determine which element
was truly immobile during weathering. If more than one element
shows similar immobility, then the usual convention is to use the
more abundant element. Thus, while Nb is immobile in most settings,
if Zr is similarly immobile, it would be the element of choice for the
calculations because it is typically 5+ times as abundant. An
additional consideration with the selection of putatively immobile
elements for use in mass balance calculations is the texture of the
paleosols. For example, Stiles et al. (2003) found lower &r; values than
&z values in a modern climosequence, where the Zr resided almost
exclusively within the sand and coarse-size fractions of the soils while
Ti resided preferentially in smaller size fractions. There was little
chemical weathering of the Zr-bearing zircons evident in SEM as
compared with Ti-bearing minerals, so the lower &, values represent
physical, rather than chemical weathering, and preferential removal of
larger grain sizes. Thus, Stiles et al. (2003) advocate using Ti as the
immobile element in clay-dominated soils and paleosols and Zr as the
immobile element in coarser-grained soils and paleosols.

To illustrate some of these concepts, an example using data from
Sheldon (2003) is presented. The middle Miocene Picture Gorge
Subgroup is part of the Columbia River flood basalt province; between
Picture Gorge flows, a variety of paleosols have been preserved
including Alfisol-like (Argillisol) and Histosol-like paleosols (Sheldon,
2003). For the Picture Gorge paleosols, Zr was determined to be the
least mobile of the typically immobile elements (Fig. 8; as compared
with Ti and Nd). &z, values indicate slight addition of Zr, but significant
loss of Ti (71;). This pattern indicates that Zr is more immobile than Ti
because an element (Zr in this case) that is chemically immobile and
only redistributed by physical weathering processes should accumu-
late during regular pedogenesis. If the plot is reversed (&r; versus 7z;),
unrealistic addition (200% addition) of both elements is indicated,
because there are virtually no Ti- or Zr-bearing minerals observed in
thin section (Sheldon, 2003, 2006d). Thus, for other mass balance
calculations Zr is used as the immobile element. The gains or losses of
alkali (K, Na, Rb) and alkaline earth elements (Ca, Mg, Sr) can then be
calculated and plotted as a function of depth for a typical Picture Gorge
paleosol (Fig. 9). Ca and Na were lost extensively throughout the
profile with more than 80% of Ca and 60% of Na removed relative to
the parental basalt (Fig. 9A), a pattern similar to modern basalts
(Chadwick et al., 1999) and other basalt-parented paleosols (Sheldon,
2006¢). In contrast, both K and Rb were added to the paleosols relative
to the basaltic parent, except deep in the profile (Fig. 9B). Rb addition
is systematically higher than K addition, a pattern that was interpreted
by Sheldon (2003) as indicating airborne addition of volcanic ash from
a local source. Given that both elements have the same chemical
affinities, if the addition of both elements was instead due to meta-
somatism, the 7 values would be equal (Sheldon, 2003). Plants use K
as an important cellular electrolyte, whereas Rb is not a biologically
important cation, so the difference between the two should represent
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Fig. 9. Mass-balance of major and trace elements. Ca and Na are lost throughout the profiles, whereas both K and Rb were added.

pedogenesis. The equation for delineating pedogenesis from addition
is:

Ap = Tg — Ty (13)
where Ap is the change in K due to pedogenesis. Fig. 10 shows Ap
values as a function of depth in the same paleosol in Fig. 9B. The
adjusted K loss is now similar to that of Na, another alkali element,
which is similar to the pattern observed in modern basalt-parented
soils (Chadwick et al., 1999). Thus, mass balance may be used to
differentiate between different pedogenic processes and sources of
elemental additions and losses.

The obvious limitation to applying any type of mass balance
calculation is being able to demonstrate that one or more elements
was immobile or nearly immobile during weathering. Because true
immobility is unlikely, the relative degree of immobility is impor-
tant. &;,, values of +0.4 indicate limited mobility, but ideally, unless
there is a strong basis for inferring addition or removal by physical
weathering processes, values closer to 0 are preferable. For example,
when volcanic rocks weather, many of the mafic minerals (e.g.,
olivine, pyroxene, plagioclase feldspar) chemically weather readily
under most pH conditions, whereas rutile (TiO,) will only be re-
moved by physical weathering except at very acidic pH conditions.
Thus, addition of Ti*" is unsurprising in that case and the relative
degree of enrichment will in fact be tracking pedogenesis, and at
least indirectly, giving weathering intensity. If on the other hand &r;
is less than 0 in the same setting, that suggests that some erosion of
the paleosol has taken place or that there has been down-
profile translocation of the Ti-bearing minerals. Distinguishing be-
tween those processes is key to understanding how that paleosol
developed. Therefore, care is needed in selecting and testing
“immobile” elements to ensure that they truly represent pedogenic
immobility.

The other factor that is important in considering mass balance
results is the role that formation time plays. Short duration, intense
weathering may result in similar elemental gains and losses as long
duration, low intensity weathering. Tightly constraining formation
times for paleosols, in particular for pre-Quaternary paleosols, is very
difficult, though a few methods have been proposed that are inde-
pendent of chemical composition (cf. Sections 5.2.3-5.2.4; Birkeland,
1999; Retallack, 2001a,b; Sheldon, 2003; Retallack, 2005b). For
example, Sheldon (2003) used data from Markewich et al. (1990) to
propose the following relationship relating formation time (Tt in
years) to Bt horizon thickness (Tg):

T; = 17.07 (Ty)® + 6458 (Ty,) (14)

where R? =0.87, no error function was calculated because the relation
falls apart for very long-formation times. Retallack (2005b) did
something similar for Bk horizons where he found a relationship
between soil age (A in Ka) and nodule size (S in cm):
A = 3.925%* (15)
where R>=0.57 and the standard error is 1.8 Ka. While these
chronofunctions hold some promise for paleosols with either Bt or
Bk horizons, they are both based on relatively few data (n=10 for
Sheldon, 2003; n=9 for Retallack, 2005b) and many soil/paleosols
types lack those particular horizons. Semi-quantitative relationships
discussed in Birkeland (1999) also offer some promise for at least
making appropriate order-of-magnitude age estimates, but signifi-
cantly more work is needed in this area.

5.3.2. Precambrian atmospheric CO, from mass balance

Because Precambrian paleosols formed at the Earth's surface, in
direct contact with the atmosphere at the time of their formation, they
are considered to be one the best lines of evidence for determining the
composition of the Precambrian atmosphere (e.g., Zbinden et al.,
1988; Holland and Zbinden, 1988; Rye et al., 1995; Rye and Holland,
1998; Retallack, 2001b; Sheldon, 2006b). The three gases of primary
interest are CO, and CH4 (Pavlov et al., 2000, 2003) as greenhouse
gases that allowed the Earth to overcome the “faint young Sun”
paradox (Kasting, 1993) early in its history, and O,, because there is
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extensive evidence to suggest that O, levels increased substantially at
~2.3 Ga ago (various; Bekker et al., 2004 and references therein).
Understanding the “faint young Sun” paradox is one of the funda-
mental questions in Earth Sciences, because with significantly reduced
solar insolation, the Earth should have been completely glaciated if
there was not significantly higher levels of greenhouse forcing than at
present (Kasting, 1993).

As will be discussed further below in Section 6.2, one of the
difficulties of reconstructing CO, and CH4 levels is to divorce the
method from assumptions about precisely what level of oxygen was
present. For example, Holland and Zbinden (1988) discuss a method
that looks at the balance between O, and CO, as indicated by
weathering processes in a ~1.1 Ga old paleosol in the form of a ratio
between CO, and O, consumption. Of potentially wider applicability
is a method for calculating CO, levels that is independent of
any assumptions about the atmospheric O, level. Sheldon (2006b)
presented such a model based on mass-balance calculations (see
Section 5.3.1) of silicate weathering that related elemental weathering
to atmospheric CO, levels.

During silicate weathering, total CO, consumption can be approxi-
mated by the following reactions:

MgO + 2CO, + H,0—Mg"" + 2HCO; (16)
Ca0 + 2CO, + H,0—Ca”" + 2HCO; (17)
Na,O + 2CO, + H,0—2Na" + 2HCO; (18)
K,O + 2CO, + H,0—2K " + 2HCO; (19)

where, for example, each mole of base cation (e.g., MgO) liberated
requires two moles of CO, (e.g., Holland and Zbinden, 1988). Although
other elements are weathered, with few exceptions (e.g., a quartz
arenite) the parent rock concentration of the bases in reactions (17-
20) are at least 1-2 orders of magnitude larger than any other mobile
element. Because K may be remobilized metasomatically and ac-
cumulated in paleosols after burial (e.g., Maynard, 1992), it has to be
dealt with differently than Ca, Mg, and Na, typically by assuming that K
mass transfer values should be equal to Na mass transfer values or
potentially, by using Eq. (14).

Mass transfer values (Eq. (12)) for each of those individual cations
can be transformed into mass fluxes as follows:

c Z= Djy
M, flux (g Cm_2> =Pp ﬁ / Tiw ) dz

zZ=0

(20)

where Z is the depth in the soil profile and D;,, is the total depth of the
profile (e.g., Chadwick et al., 1990). Given that many Precambrian
paleosols have been deeply buried and show evidence of significant
compaction (e.g., Retallack, 1986 showed ptygmatically folded quartz
dikes), it is necessary to decompact the paleosols to their original
thickness Dj,, using Eq. (4). After the compaction-corrected mass
fluxes are calculated for each individual base cation and coverted to
moles, because 2 mol of CO, are required to liberate each mole of base
cation (Egs. 17-20) the total flux of CO, required for the observed
weathering (M) is given by:

M (mols o, cmfz) =2>"m gy (21)

Soils do not form instantaneously, so to calculate a true flux value,
M must be divided by time (T). With limited biological productivity as
in the Precambrian, the time-averaged flux (M/T) is a product of two

distinct sources of CO,, CO, in the atmosphere being added by rainfall
to the soils (X:.in), and CO, added by direct diffusion into the soils
(Xaig). Holland and Zbinden (1988) quantified X and Xgir as
follows:

Kcozr n KDCOza
103 L

M _ _
7 (molem™ yr™ 1) = Xy + XapCO, (22)

T

where pCO; is the partial pressure of atmospheric CO, (atm), Kco, is
the Henry's Law constant for CO,, r is rainfall rate (cm yr— '), Dco, is
the diffusion constant for CO; in air (0.162 cm? s~ !; CRC Handbook),
« is the ratio of diffusion constant for CO, in soil divided by the
diffusion constant for CO, in air (discussed below), L is the depth to
the water table, and k is a constant which is the ratio of seconds in a
year divided by the number of cm® per mol of gas at standard
temperature and pressure (1.43 x 10% (s cm?)/(mol year)). There is no
explicit term including any CO, processes involving a terrestrial
biosphere (i.e., it is assumed to play a negligible role), a point that was
further discussed by Sheldon (2006b), but which is a reasonable
simplifying assumption (however, see Yapp and Poths, 1993). Eq. (23)
also assumes that the CO, diffusion constant and gradient are constant
with depth, and that the partial pressure of atmospheric CO, is much
larger than the partial pressure of CO, at the water table (depth=L).
Eq. (23) can be rearranged to solve for atmospheric pCO, as follows:

M

Keo, 7 Do, &
T[103 + K— ]

pCO, = (23)

Thus, by quantifying M using direct measurements of paleosol mass
balance and estimating T and L, it is possible to calculate the partial
pressure of atmospheric CO, at the time the paleosols formed. Sheldon
(2006b and supplemental materials) discusses the uncertainties in the
model assumptions, but in general, only T is poorly constrained and
makes a significant (>10%) difference to the calculated pCO, value.

Among the results of applying this mass-balance paleobarometer
were that the pCO, value ~2.2 Ga ago was 23 3times present
atmospheric levels (PAL), an amount insufficient to overcome the
“faint young Sun” paradox at that time, that similar pCO, values
persisted until at least 1.8 Ga ago, and that much lower pCO, values
were present by 1.1 Ga ago (Sheldon, 2006b). Each of those
conclusions was based on analysis of multiple contemporaneous or
near-contemporaneous paleosols. The finding that pCO, levels at
~2.2 Ga ago were insufficient to overcome the “faint young Sun”
paradox is further supported by atmospheric modeling results (Pavlov
et al, 2000, 2003), which also suggest the need for an additional
greenhouse gas such as CHy. The third conclusion, of relatively low
pCO,, levels (<10 PAL) ~1.1 Ga ago is also supported by recent results
from a completely independent proxy, a paleobarometer derived from
calcified cyanobacteria (Kah and Riding, 2007). Thus, if a reasonable
estimate for T may be made, then this method appears to be very
useful for estimating Precambrian pCO,.

5.4. Paleotemperature

In addition to isotopic paleothermometers (see Section 7 below),
there have been recent attempts to develop paleothermometry based
on empirical relationships relating mean annual temperature (MAT)
to the geochemical composition of modern soils. Using data from
Marbut (1935) and modern measurements of MAT, Sheldon et al.
(2002) proposed the following relationship between MAT and
salinization of a Bw or Bt horizon (Table 3):

T(C) = — 18.55 + 17.3 (24)
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where the standard error (SE) is +4.4°C, S is salinization (Table 3),
and R?>=0.37 for the empirical fit. The underlying principle is that
alkali elements (K and Na) are typically accumulated in desert
settings, which usually have relatively low MAT (even if they are
seasonally or daily high). Thus, paleosols with high salinization ratios
should have low MAT values. The relationship is applicable to lowland
settings and moderate soil formation times (<100 Ka). It is not
applicable to hillslope, montane, wetland, or tropical (e.g., laterites)
paleosols (Sheldon et al., 2002). A second Inceptisol-specific (~Pro-
tosol) relationship between MAT and “clayeyness” (Al/Si; Table 3) of
the Bw or Bt horizon has also been proposed:

T(°C) = 46.9C + 4 (25)

where the SE is +0.6 °C, C is clayeyness (Table 3), and R>=0.96
(Sheldon, 2006¢) for the empirical fit. Though Eq. (24) is relative-
ly imprecise, the relationship is highly significant (t-test=8.5154,
F-test=72.58) and when applied to appropriate paleosols, gives
results that are consistent with paleotemperature estimates based
on leaf-margin and nearest living relative estimates from plants
(Sheldonetal.,2002; Sheldon and Retallack, 2004; Sheldon, 2009). It
has been applied to Cenozoic (Sheldon et al., 2002; Sheldon and
Retallack, 2004; Hamer et al., 2007b), Mesozoic (Retallack, 2005a),
and Paleozoic (Sheldon, 2005) paleosols. The more precise Incepti-
sol-only Eq. (25) is potentially applicable over a wider range of
estimated paleotemperatures, though Inceptisol-like paleosols are
typically rare at very high or very low MAT conditions. Nonetheless, it
also gives paleotemperature results that are consistent with inde-
pendent estimates based on fossil floras and faunas (Hamer et al.,
2007a). The Inceptisol paleothermometer has been applied to
Quaternary paleosols from Hawai'i (Sheldon, 2006c), Miocene
paleosols (Hamer et al., 2007a), and Eocene-Oligocene transition
paleosols (Sheldon, 2009). The primary weakness of both element-
based paleothermometers is that a variety of processes, including
some not related to temperature, may alter chemical composition, so
care is needed not to overinterpret results based solely on these
approaches. As with many of the proxies that we are discussing, if
possible, results should be verified using multiple proxies.

5.5. Paleoprecipitation

A variety of different quantitative proxies have been developed for
estimating mean annual precipitation (MAP). Water availability is one of
the key factors in determining the relative effectiveness of many
pedogenic processes. For example, leaching of base cations is limited in
arid settings (Retallack, 2001b) and enhanced in humid settings (e.g.,
Sayyed and Hundekari, 2006). A variety of different paleoprecipitation
proxies have been developed, all based on empirical relationships derived
from modern soils. Each of the proxies that we will discuss is based on the
properties of a single horizon or soil feature, so which proxy is most
appropriate for a given setting will depend on what type of paleosol is
being analyzed. Examples to be discussed include proxies based the iron
content of Mn nodules in Vertisols, the depth to a Bk horizon below a
paleosol surface, and the chemical composition of a Bw/Bt horizon.

5.5.1. Content of Fe-Mn nodules in vertisols

Stiles et al. (2001) studied a modern climosequence developed on
the Texas Gulf Coastal Plain. Most of the soils there are Vertisols forming
under modern MAP ranging from 800 to 1500 mm yr~ ! (Stiles et al,,
2001).They also observed that Fe-Mn nodules were common in the soils
and hypothesized that the iron content corresponds to mean annual
precipitation values (Feror as a whole number % value, i.e., 20, not 0.2):

P(mm yr_l) = 6544 + 31.5 Feryp (26)

where R2=0.92 for the empirical relationship (Stiles et al., 2001).
They then applied the relationship to Fe-Mn nodules in Paleozoic
paleosols, yielding inferred moisture regime results that correspond
well with field characteristics of the paleosols and with qualitative
observations based on comparisons to modern analogues. Stiles et al.
(2001) did not find that their results correspond well to estimates
based on depth to the Bk horizon (see Section 5.5.2) and found the Bk
depth generally underestimated the modern known precipitation
values. This method seems to be viable for paleo-Vertisols, however, it
is unclear how common authigenic Fe-Mn nodules are given that
there are relatively few reported occurrences (see references in Stiles
et al., 2001), so its applicability may be somewhat limited.

5.5.2. Depth to Bk horizon

CaCOs is highly soluble and both Ca?* and CO%~/HCO3 are readily
mobilized both in groundwater and in soil solutions, so the presence of
CaCOs in a soil or paleosol indicates at least some degree of aridity
(perhaps just seasonally), because under wetter conditions carbonate
would not be stable or form authigenically. Jenny and Leonard (1935) and
Jenny (1941) first recognized that there was a relationship between the
depth below the surface of modern soils to their Bk horizon (carbonate-
bearing) and MAP in Great Plains soils. Arkley (1963) further expanded
observations of the relationship by considering more arid Mojave Desert
settings and found the same relationship. Retallack (1994) combined
Jenny's (1941) and Arkley's (1963) data and other literature data (n =317
in total) and fit a regression line to it that related depth to the Bk horizon to
MAP. That relationship was widely applied to paleosols ranging in age
from Paleozoic to the Quaternary (e.g., examples in Retallack et al., 2000;
Retallack, 2001b). Factors to consider before applying the relationship to
paleosols include erosion of the paleosols prior to burial, post-burial
compaction, and the effect of elevated atmospheric CO, levels (models of
Bk horizon formation suggest that they will form deeper in the profile at
significantly elevated CO, levels; McFadden et al,, 1991). Erosion may be
dealt with through careful stratigraphy and consistent application of the
proxy (e.g., tops of soils are always measured from the surface that the
highest root traces emanate down from). Compaction may be dealt with
as described above (see Section 2.2.1). There are many means of
reconstructing past CO, levels including using isotopic data from paleosols
(see Section 74.3.1). In general though, this is only a concern for
Ordovician-Silurian and Jurassic-Cretaceous paleosols (e.g., Berner and
Kothavala, 2001), and for some Precambrian paleosols (Sheldon, 2006b).

Royer (1999) questioned whether the proxy worked by looking at
1168 Bk-bearing soils from the NRCS database and finding only a weak
relationship between Bk depth and MAP. He proposed a simpler test,
namely that soils receiving less than 760 mm yr— 1 would be Bk-bearing
and those receiving more than 760 mmyr~ ! would not have Bk horizons.
Retallack (2000) pointed out a number of issues in Royer (1999) that
merit reconsideration of those findings. The soils used in Retallack's
(1994) study were tightly constrained to have similar characteristics (e.g.,
horizonation, age, degree of development), a factor ignored by Royer
(1999), who simply used presence/absence of a Bk horizon as his sole
criterion. For example, according to Retallack (1994), the relationship
only applies to moderately developed soils (i.e., with carbonate nodules,
not wisps or caliche layers) formed on unconsolidated parent material
(e.g., alluvium or loess) in lowland settings, and which were undisturbed
by human activity. Hundreds of Royer's (1999) soils did not conform to
one or more of these criteria, so it is unsurprising that he did not find the
same relationship. Royer's (1999) second result (a Bk-horizon isohyet at
760 mm yr— ') probably also gives only weak guidance because the Bk-
bearing/Bk-free isohyet is at different precipitation values in many
modern settings on different continents (Retallack, 2000). Nonetheless,
in part due to that criticism, Retallack (2005b) substantially expanded his
database to include 807 soils with a slightly revised relationship:

P(mm yr_l) = —0.013D* + 6.45D + 137.2 (27)
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where the SE is +147 mm yr~ !, and R*=0.52 for the empirical
relationship. Using a subset (n = 675) of the newly compiled database,
Retallack (2005b) also defined the following relationship for mean
annual range of precipitation (MARP):

MARP = 0.79T + 13.7 (28)

where the SE is =22 mm yr~ !, R?=0.58 for the empirical relation-
ship, and where T is the thickness the paleosol with carbonate nodules
(i.e., Bk horizon thickness; in c¢cm). Application of this new MAP
relationship gives results comparable to estimates from B horizon
geochemistry (see Section 5.5.3) and paleobotanical results where the
paleosols conform to all of the criterial listed above (Retallack, 2007;
Sheldon, 2009). However, it should be noted that there are some
modern soil orders that are still not represented within the modern
soil proxy data set. For example, Nordt et al. (2006) point out that
there are essentially no Vertisols in the dataset and that no data exists
to quantify the differences in Bk depth between micro-highs and
micro-lows in Vertisols, an important consideration given cm- to dm-
scale micro-relief in most Vertisols. Furthermore, Vertisols (which
often form in strongly seasonal or monsoonal climates) often preserve
dispersed carbonate throughout the profile. Nordt et al. (2006) found
that equation of Retallack (1994) was poor at predicting MAP in a
modern Vertisol climosequence when microhighs were used and
somewhat effective when microlows were used (though only to Bk
depths of 117 cm or less), but that a different equation fit their data
better and that Retallack's (1994) equation systematically under-
estimated MAP. For a given soil/paleosol, the predicted MAP using
Eq. (27) is not substantially different than Retallack's (1994) earlier fit
to the data, which suggests that Eq. (27) is not useful for paleo-
Vertisols either. Thus, though Eq. (27) is potentially very broadly
applicable, care must be taken to use it only with appropriate paleosols
types (i.e., not Vertisols), parent material textures (alluvium or loess),
and with an understanding of the geologic age, setting (lowlands), and
burial history (i.e., decompacted values) of the paleosols.

5.5.3. Bw/Bt horizon geochemistry

During weathering of silicate rocks, minerals such as feldspars are
broken down to form clay minerals by hydrolysis and acid attack
reactions (see Section 5.2.2). Water availability is one of the key
controls on the rate of these reactions, so given the same amount of
time, more clay should be formed under a wetter climatic regime than
a dry one (Birkeland, 1999; Retallack, 2001b). Thus, Sheldon et al.
(2002) used the soil database of Marbut (1935) and modern mea-
surements of MAP to propose the following relationship between CIA-
K of Bw and Bt horizons (Eq. (6); Maynard, 1992) and MAP:

P(mm yr”) — 221.1e20197(CA-K) (29)

where the SE is =181 mm yr~ ', and R>=0.72 for the empirical fit.
They also proposed two other proxies for MAP, one based on Bases/
Al for the Bw or Bt horizons (Table 3):

SBases
Al

P(mm yr*l) = — 259.3Ln< ) + 759 (30)

where the SE +235 mm yr~ !, and R>=0.66 for the empirical re-
lationship. The other is a Mollisol-specific MAP relationship where:

P(mm yr*]) = — 130.9Ln(C) + 467 (31)

where the SE is 4156 mm yr~ !, C is the molar ratio Ca/Al of the B
horizon, and R? = 0.59 for the empirical relationship.

Bw and Bt horizons are used because: 1) they form over long
periods of time, making their chemical composition a function of
equilibrium processes rather than kinetic ones; 2) long formation

times also ensure that short-term climatic volatility (e.g., El Nifio)
does not overprint the long-term conditions; 3) there should be a
clear difference between the parent material weathering ratio value
and the B horizon value if the proxy is applicable (e.g., for CIA-K, there
should be at least a 5-8 unit difference), and if the values are very
close, then the proxy is not applicable. Though the original database of
Marbut (1935) had a wide range of soil types in it, the relationships
are not considered applicable for paleosols with near surface
carbonates or evaporite minerals, for hillslope or montane settings,
or for laterites (Sheldon et al., 2002). Egs. (29) and (30) are both
useful over a range of precipitation values between 200 and 1600 mm
yr~ L For example, a CIA-K value of 100 (e.g., pure kaolinite) gives a
MAP estimate of 1585 mm yr~ !, and a CIA-K value of 0 (i.e., no
Al present at all) gives a MAP estimate of 221 mm yr~ . For paleosols
with very well-developed Bk horizons, Eq. (30) is favoured over Eq. (30)
because it gives more consistent results when applied to modern soils;
for other types of paleosols Eq. (29) is preferred both because it is more
precise and more accurate.

Eq. (29) has been widely applied to paleosols of a wide range of
ages including Paleozoic (e.g., Driese and Ober, 2005; Driese et al.,
2005; Sheldon, 2005) and Mesozoic (e.g., Prochnow et al., 2006)
paleosols, and has proven particularly useful for Cenozoic (e.g., Hamer
et al, 2007a,b; Kraus and Riggins, 2007; Retallack, 2007; Sheldon,
2009; Sheldon et al., 2009) paleosols where diagenesis can be dis-
counted more easily than for the older paleosols. Two separate lines of
evidence suggest that Eq. (29) is a particularly useful proxy for MAP.
The first is that it produces MAP estimates that are consistent with
independent paleobotanical estimates based on leaf-margin analysis
(Sheldon et al., 2002; Sheldon and Retallack, 2004; Retallack et al.,
2004a; Retallack, 2007; Sheldon, 2009) and nearest-living relatives
(Retallack et al., 2004a,b; Hamer et al., 2007a,b; Sheldon et al., 2009).
The second is that it generally successfully predicts modern,
measurable MAP in soil climosequences (Driese et al., 2005; Nordt
et al., 2006), even for soil types (i.e., Vertisols) that are not repre-
sented by many soils in the original Marbut (1935) database. For arid
and semi-arid settings, it also gives results that are consistent within
error of estimates based on Bk horizon depths (e.g., Sheldon
and Retallack, 2004), though typically gives systematically slightly
“wetter” results.

In general, Eq. (29) is the most well-supported proxy for MAP
based on paleosols, however, it must be carefully applied according to
the criteria listed above and wherever possible, multiple proxies (e.g.,
Bk depth or paleobotanical estimates) should also be used to confirm
the results. Another important consideration is to be sure that high
CIA-K values are not simply due to inheritance from chemically
mature parent materials. Thus, a useful guideline based on observa-
tions from the original Marbut (1935) database is that there should be
at least a 5-8 unit difference in CIA-K values between the paleosol's
parent material value and its B horizon value depending on the field
taxonomic description of the paleosol (at least 5 units for weakly to
moderately developed Orders, >5 units for moderately to strongly
developed Orders). One final consideration is the role that topography
may play in limiting the applicability of Eq. (29). Rasmussen and Tabor
(2007) show a generally poor correspondence between CIA-K and
MAP for some parent materials (though good for others) along
transects of increasing elevation in the Sierra Nevadas. Sheldon et al.
(2002) specifically limited the applicability of Eq. (29) to lowland
settings. The results of Rasmussen and Tabor (2007) confirm this and
serve as a good reminder that proxies should be applied carefully in
settings for which they were not defined.

5.6. Long-term chemical weathering
Another potential application of whole rock geochemistry is to

quantify long-term change in chemical weathering. In many con-
tinental basins, long sequences of paleosols spanning many millions of
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Fig. 11. Quantifying long-term chemical weathering. The values of AW shown are based
on the 3-pt. running average of 54 chemical analyses collected from a ~250 m section.
The level of the Eocene-Oligocene transition is known from mammalian
biostratigraphy.

years are preserved (e.g., Sheldon and Retallack, 2004; Prochnow
et al., 2006; Retallack, 2007; Sheldon, 2009). By using the same
weathering ratio, measured from the same horizon in comparably
developed paleosols (e.g., all Alfisol-like paleosols), it is possible to
characterize changes in the chemical weathering environment. A new
parameter AW can be derived as follows using CIA (Eq. (5)) as the
weathering index:

AW = ClA, — Hcip (32)

where AW is the deviation in weathering for a given paleosol (CIA,)
relative to the mean degree of weathering for the whole sequence
(Ucia)- Fig. 11 shows how AW changed across the Eocene-Oligocene
transition for a relatively poorly dated section in the Ebro Basin
(Spain). Ongoing work by L. Cabrera, M. Garces, and E. Diaz will refine
the chronology using magnetostratigraphy, but the level of the
Eocene-Oligocene transition is already know from mammalian bio-
stratigraphy (L. Cabrera, pers. comm.). Though the record is variable
through time, it is nonetheless clear that there was a significant
decline in chemical weathering across the Eocene-Oligocene transi-
tion (Sheldon, 2009). The mean Eocene value of AW is +2.82 for
Eocene, whereas it is — 3.60 for the Oligocene. Given that icy, is 14.2 for
that whole section, those AW changes represent a shift from about
20% enhanced weathering to -25% reduced weathering across the
boundary; a very substantial change in chemical weathering. Similar
results obtained using the same method on North American Eocene-
Oligocene transition paleosols were reported by Sheldon and Retallack
(2007). Thus, this approach may be a very powerful tool for evaluating
changes in pedogenesis, weathering, and climate in Earth's past. By
using AW rather than CIA, values, it is possible to obviate over-reliance
on single data points and also to determine which CIA, values re-
present outliers to the pedogenic history of an area, and also removes
one of the potential weaknesses of the approach, namely uncertainties
about which pedogenic processes were responsible for changes to
single elements.

6. Thermodynamic approaches
6.1. Simple versus complex systems

Reconstruction of paleoenvironmental and paleoclimatic condi-
tions using thermodynamic modeling is a relatively recently devel-
oped quantitative tool for studying paleosols with approaches ranging
from simple single equation models (e.g., Rye et al., 1995; Hessler
et al., 2004) to complicated multi-equation models designed to

simulate as many pedogenic processes as possible (Sheldon, 2006d).
The primary weakness of all of the thermodynamic models employed
to date is that they have not considered reaction kinetics, instead
relying on simplifying assumptions to account for kinetic effects. For
example, Sheldon (2006d) used a computer model to suppress quartz
formation during his model runs of paleosol formation because at low
temperatures (e.g., Earth's surface conditions), quartz formation is
very slow and most silica instead is present as amorphous silica or
chalcedony (Palandri and Reed, 2001). Including kinetics is the next
logical step, but represents a fairly substantial increase in model
complexity.

So far, thermodynamic models have been used primarily to try to
reconstruct paleo-atmospheric conditions. Specifically, they have
been used to try to model Precambrian atmospheric conditions (Rye
et al., 1995; Hessler et al., 2004; Ohmoto et al., 2004) at the time that a
given sedimentary deposit or paleosol was formed. Though the
limitations of the existing models will form the primary basis of
this review, the general approach has merit and has been relatively
underutilized. In particular, the multiple equation approach, when
coupled with other proxy data, could yield significant results.

6.2. Single-equation approaches

6.2.1. Precambrian atmospheric CO,

The first single-equation approach was proposed by Rye et al.
(1995), who were studying the ~2.2 Ga old Waterval Onder paleosols,
preserved on top of the Hekpoort Basalt of South Africa (Retallack,
1986). Rye et al. (1995) suggested that the equilibrium relationship
between siderite and reduced iron-silicates (SIS herein) in paleosols
could be used to constrain Precambrian atmospheric pCO,. They
argued that reduced iron-silicates should form rather than siderite if
pCO, is low, so the absence of siderite is taken as evidence of low pCO,
levels. As a model iron-silicate, greenalite was selected by Rye et al.
(1995) because it is a low-temperature metamorphic iron-silicate
suitable to Precambrian paleosols, many of which have been altered by
greenschist facies metamorphism at T >300 °C (Rye and Holland,
2000). Greenschist metamorphism would not remove siderite, be-
cause it is not decarbonated under common conditions of meta-
morphism up to, and including, greenschist facies metamorphism
(Rye et al., 1995). The governing equation used by Rye et al. (1995) is
as follows:

FeySiy 05 (OH) y yreen) + 3COy ) = 3FeCOy ) + 2S00, +2H,0.  (33)

green)

They used thermodynamic data from Eugster and Chou (1973) to
calculate the phase boundary shown in Fig. 12. In their paper, Rye et al.
(1995) allowed that Eugster and Chou's (1973) data for greenalite
were poorly constrained. Their original SIS CO, paleobarometer gives
an upper limit of ~100 times present atmospheric CO, levels based on
equilibrium between siderite and greenalite.

There are a number of theoretical and geological issues (see a
thorough discussion in Sheldon, 2006b) with the simple model of
Rye et al. (1995) for determining Archean atmospheric pCO, from
paleosols. To summarize: 1) using a single equilibrium relationship
for all Archean and Proterozoic paleosols is misleading because the
mineral assemblage present is not the same in all Precambrian
paleosols; 2) greenalite does not form authigenically in soils and so
represents the metamorphic rather than pedogenic assemblage; a
better iron-silicate mineral choice would be berthierine, which
did form as part of the pedogenic assemblage at Waterval Onder
(Retallack, 1986); 3) Rye et al. (1995) measured in situ carbon dio-
xide in banded iron formations (BIFs) as a check on their ther-
modynamic model results, but that provides only weak guidance
because the chemistry of a soil formed at the Earth's surface bears
little resemblance to the chemistry of a BIF formed in the ocean, in
part because decomposition of organic matter leaves the effective
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Fig. 12. Single-equation phase diagram for Fe-bearing mineral authigenesis in the ~2.2 Ga Hekpoort paleosol.

pCO, of the deep ocean about three times that of the surface ocean
(Kasting, 2004); 4) Even when a pedogenically realistic mineral
assemblage is used (substituting berthierine for greenalite, see
below), estimated carbon dioxide levels are inconsistent with geo-
logic evidence; 5) the oldest occurrence of siderite in a paleosol,
which the SIS paleobarometer would indicate formed under condi-
tions of atmospheric CO, greater than 60-100 times present levels, is
~0.98 Ga, a time for which there is no independent evidence of CO,
levels that high (e.g., Retallack and Mindszenty, 1994); 6) anoxic
weathering experiments involving the dissolution of Fe-biotite
yielded no siderite even at very high pCO, levels (=1 atm;
>2000 PAL) where Rye et al.'s (1995) model would predict siderite
stability (Murakami et al., 2004).

Fig. 12 (modified after Sheldon, 2006b) is a phase diagram that
shows Rye et al.'s (1995) result along with a recalculated phase
boundary for their SIS paleobarometer using more up to date ther-
modynamic data for greenalite drawn from the computer program
SUPCRT92 (Johnson et al., 1992; with data from E. Shock as compiled
in Soltherm by M. Reed). The up-to-date phase boundary gives a
significantly different result including Precambrian pCO, levels
estimated to be only significantly lower than present atmospheric
pCO; levels (PAL) over a reasonable range of aSiO, (aq), rather than
higher as would be expected based on other geological criteria
(Sheldon, 2006b). At quartz saturation (aSiOz (aq)=10"%%%), a
condition common in most modern surface waters, an atmospheric
pCO, of just 10~ >72 or 0.006 PAL is predicted (Fig. 12). Greenalite
does not form pedogenically and is instead a common greenschist
facies metamorphic mineral (which is not present in the mineral
assemblage at Waterval Onder; Retallack and Krinsley, 1993), so
perhaps a similar SIS paleobarometer using the pedogenic mineral
assemblage would be more effective. Berthierine (thermodynamic
data from Fritz and Toth (1997)) is a serpentine group ferrous iron
silicate that forms in chemically reducing conditions but rarely as a
soil mineral (e.g., Sheldon and Retallack, 2002), and which is part
of the mineral assemblage of the ~2.2 Ga old Waterval Onder paleo-
sols (Retallack and Krinsley, 1993). An expression for equilibrium
between berthierine and siderite and kaolinite can be written as
follows:

Fe, ALSiO5(OH), ) + SiOya) +2C0s
= 2FeCO;giq) + AL Si,O5(OH) 1) (34)

where kaolinite is inferred to have been part of the pre-metamorphic
mineral assemblage (Retallack and Krinsley, 1993; Rye and Holland,
2000). Calculated pCO, levels are higher than for the recalculated SIS
paleobarometer of Rye et al. (1995), and close to present day values
at a range of temperatures (Fig. 15). That value represents a maxi-
mum pCO, value because the berthierine at Waterval Onder is not a
pure end member. Thus it would have an activity of less than one,
further lowering the calculated pCO, level. The choice of Al-mineral
is relatively unimportant as calculations based on gibbsite instead of

kaolinite (not shown) also result in pCO, values below present day
conditions (Sheldon, 2006b).

Equilibrium modeling using greenalite or berthierine SIS paleoba-
rometers suggests one of two conclusions, either Precambrian pCO,
levels were much lower than expected and comparable to present
atmospheric levels, or the whole approach is oversimplified and
unreliable. Given the “faint young Sun” paradox (Kasting, 1993), such
low levels are difficult to reconcile with the need for a much stronger
than present Precambrian greenhouse. Furthermore, by simplifying
atmospheric composition down to a single chemical reaction there is a
risk of over-interpreting the absence of evidence of a single mineral
phase, in this case siderite.

A similar model based on massive siderite beds in BIFs prior to
~1.8 Ga (i.e., Ohmoto et al., 2004) inverts the logic of Rye et al. (1995)
to suggest that the presence siderite in the BIFs implies pCO, values in
excess of 100 PAL and that the inhibiting factor in siderite formation
after 1.8 Ga was near modern pO,. However, Ohmoto et al. (2004)
assert that siderite stability requires pO,=10"%%5 a value well
below any existing estimate for the Precambrian, but as Sleep (2004)
correctly points out, even at the naturally maintained pO, minima
(pO,=10""3) reaction kinetics dictate that oxidation processes are
unlikely to inhibit siderite formation. Furthermore, even at the
present day pO, value of 0.21, siderite formation in near-modern
soils is not restricted (e.g., Achyuthan, 2003) to poorly aerated settings
as Ohmoto et al. (2004) asserted. Thus, even if pO, levels were
relatively high (a minority viewpoint held by Ohmoto et al., 2004),
siderite should form at the Earth's surface when pCO, is significantly
elevated. In addition, BIFs can only provide weak guidance for Earth
surface and atmospheric conditions because they formed below storm
wave base under conditions of enhanced pCO, relative to the surface
as a result of the decomposition of organic matter (Kasting, 2004).

A final thermodynamic approach to reconstructing Precambrian
atmospheric pCO, levels is based on equilibrium modeling of the
formation of mineral rinds on sub-aerially deposited pebbles (Hessler
etal, 2004). Hessler et al. (2004) considered three possible equilibrium
relationships that might apply to the formation of the carbonate rinds,
which, in contrast to the other SIS paleobarometers, involve no iron
silicate rather than no siderite. They calculated a minimum pCO, of
2.51% 1073 bars (~6.8 PAL). That scenario requires an unusual geologic
setting in which iron silicates are very unstable at the Earth's surface
(Sheldon, 2006b). If iron silicates were instead stable, the estimated
pCO, minimum is significantly higher, though still insufficient to account
for the “faint young Sun” (Kasting, 1993). Without more investigation
into iron silicate stability and Archean weathering conditions it is not
clear which of the two scenarios is most likely. Furthermore, it is also
unclear how common siderite coated pebbles (sans iron silicates) are in
the geologic record, and thus how often they may provide a useful pCO,
constraint. However, where appropriate, the Hessler et al. (2004)
thermodynamic model appears to provide a useful constraint.

Thus, results from attempts to reconstruct Precambrian pCO,
levels using single-equation thermodynamic models are at best
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equivocal at this point. Thermodynamic models in general over-
simplify the problem of estimating Precambrian pCO, levels, and by
slightly changing starting assumptions (e.g., SIS paleobarometers of
Rye et al., 1995; Ohmoto et al., 2004; Sheldon, 2006b) or thermo-
dynamic data (e.g., Sheldon, 2006b) vastly different conclusions may
be drawn. Extreme caution is thus advocated in their application,
because the mostly widely cited one (Rye et al., 1995) has a number of
fundamental flaws, and other approaches (Hessler et al., 2004) may
have only limited application to relatively rare sedimentary occur-
rences. Instead, as discussed in Section 5.3.2, a mass-balance model for
reconstructing Precambrian pCO, levels is favored because it gives
reproducible results consistent with geologic evidence, is indepen-
dent of assumptions about pO, values, and takes into account both
pedogenic and diagenetic processes (Sheldon, 2006b).

6.2.2. Earliest Triassic soil formation

One of the primary weaknesses of the single-equation approach to
Precambrian conditions is the amount of uncertainty about the
original pedogenic mineral assemblage. Given that model interpreta-
tions were based on the presence/absence of a single mineral at a
single site, it is unsurprising that inconsistent results were obtained.
Those uncertainties decrease with younger rocks, with settings that
are better understood, and with model approaches that rely on the
mineral assemblage that is actually present rather than on some
theoretical assemblage. The key with any model is the ability to
evaluate it successfully against “real” data. Thus, a single-equation
approach applied to a well-characterized geologic setting has a greater
chance of success. Sheldon and Retallack (2002, 2003) have used a
single-equation equilibrium model to examine pedogenic processes in
well-studied (Retallack and Krull, 1999; Krull and Retallack, 2000;
Retallack et al., 2005; Sheldon, 2006a) earliest Triassic paleosols in
Antarctica. Krull and Retallack (2000; see also Sarkar et al., 2003)
presented organic matter §'>C data that was interpreted to represent a
significant methane release event coincident with the Permian-
Triassic extinction, possibly due to destabilization of seafloor clath-
rates or to diking of permafrost fields (Retallack and Jahren, 2008).
C cycle modeling by Berner (2002) suggests that large isotopic
excursions can only be caused by introduction of methane (i.e.,
Siberian Traps volcanism was ruled out). Because methane oxidizes on
very short time scales (7-24 years in the present atmosphere), local
reduction may occur in relatively confined settings such as soils. The
earliest Triassic of Antarctica was characterized by waterlogged soils
(Sheldon, 2006a) that were essentially coal swamp environments
without peat accumulation (Retallack et al., 1996) that could be
termed “clastic swamps.” The unusual serpentine group mineral
berthierine was also present (Sheldon and Retallack, 2002, 2003), a
strong indicator of chemically reducing conditions (see references in
Sheldon and Retallack, 2002). Thus, Sheldon and Retallack (2002,
2003) used an equilibrium model based on the following equation to
examine if the presence of berthierine gives a useful constraint on
paleoenvironmental conditions at the time of its formation:

2. 1 .
Al;5%1,05(0H) 4 k011 FE3 03 (tem) + ZCH4 = Fe,Al;Si05(0H) 4 pery)

+ Si0y,q) + ino(aq) + ZCOZ(aq) (35)
Assuming pure minerals and a dilute solution (i.e., aH,O=1), the
following equilibrium relationship was developed (using data from the
SOLTHERM database; see Palandri and Reed, 2001) that allowed them to
model the conditions that would result from elevated methane levels:

1
Gsio,,,, P"CO2

: =K=10""25") (36)
piCH,

Over a realistic temperature range (10-25 °C), a variety of methane
scenarios (2-100x present levels) were examined (see Fig. 1 of Sheldon

and Retallack, 2003). At aSiO,,q) values comparable to modern surface
waters (10~ 4%%), very high soil gas pCO, values (>1000 PAL; modern
tropical soils often exceed 100 PAL, Brook et al., 1983) are indicated for all
of the methane scenarios. This result provides an explanation for the
“post-apocalyptic greenhouse” paleosols observed in Antarctica (Retal-
lack and Krull, 1999), which included paleo-Ultisols forming at >65°S
even though modern Ultisols are limited to 4+-45° N or S today by giving
evidence for short-term exceptionally high soil gas pCO, levels (Sheldon
and Retallack, 2002, 2003; Sheldon, 2006a). Evidence for these short-
term chemically reducing but highly acidic soil gas conditions at high
paleo-latitudes is now widespread for the earliest Triassic, with nine
berthierine-bearing localities in Antarctica and Australia, including all of
the paleosol-bearing Antarctic sequences that have been widely studied
(Sheldon, 2006a).

This type of application of thermodynamic modeling (i.e., in
concert with whole rock geochemical and isotopic data), where there
is geological evidence to “aim at”, is much more effective than the
more theoretical approaches that have been applied to Precambrian
paleosols. Thermodynamic modeling of soil and paleosol formation
does represent a potentially powerful tool, but less so when used
exclusively and in scenarios where there is relatively little additional
proxy data to work with. For Phanerozoic paleosols, this is less likely
to be a problem than for Precambrian ones, and in places where the
diagenetic setting is well understood, single-equation thermodynamic
modeling is likely to give additional insight into unusual mineral
assemblages observed in paleosols, but probably should not be used as
a “standalone” proxy any more than for the Precambrian.

6.3. Multiple-equation approaches

Soils are potentially excellent proxy records of environmental
conditions because they form in direct contact with the atmosphere.
As a result, gas contents in soils equilibrate with atmospheric gases.
However, due to soil respiration, soil pCO, may be up to 100-200
times higher than that of the atmosphere (Brook et al., 1983; Volk,
1987) in tropical settings, with generally lower concentrations in
temperate settings. The minimum soil pCO-, level expected is that of
atmospheric pCO,, which corresponds to no biological productivity.
Elevated soil pCO, values are associated with high-biomass systems or
with waterlogged settings where diffusive loss of soil pCO, to the
atmosphere (if soil pCO,>atmospheric pCO,) is inhibited. Thus, well-
drained soils with low to moderate productivity will generally have
low soil pCO,, but still somewhat greater than atmospheric pCO,.

Because atmospheric pCO, level cannot be lower than the soil
pCO, levels under open-system exchange, equilibrium modelling of
abiotic weathering reactions can constrain minimum atmospheric
pCO, levels (Sheldon, 2006d) if the weathering environment is well-
understood. To illustrate this, we will summarize Sheldon's (2006d)
efforts to model the formation of intra-basaltic paleosols preserved
between middle Miocene Columbia River Flood Basalt Province flows.
In other words, if present levels of pCO, are sufficient to create the
observed degree of weathering in these paleosols, then it is likely that
paleo-atmospheric pCO, levels were also at near-modern levels
because biota can only serve to enhance the degree of weathering.
This approach is somewhat indirect, but the thermodynamics of
microbial and plant interactions during weathering are still poorly
understood.

The computer program CHILLER (e.g., Palandri and Reed, 2001)
allows users to calculate heterogeneous equilibrium of gas-mineral-
water systems. CHILLER forces equilibrium with different water and
gas mixtures by treating gases as homogeneous minerals. Each of the
different gas compositions is thus a separate “mineral”, with separate
thermodynamic behaviour. In other words, a water-rock system in
equilibrium with present atmospheric conditions is in equilibrium
with the “minerals” called “fCO,-3.5" (CO, fugacity=10"3°) and
“f0,-0.7" (0, fugacity =10~%7). To look at a range of possible pCO,
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levels, new CO, “minerals” were created for 0.1, 1, 3, 5, 10, 15, and 20
times present atmospheric levels (PAL) assuming a present day
atmospheric pCO, of 1073 (for dilute mixtures, e.g., CO, in the
atmosphere, f~p). All equilibrium K values are from the SOLTHERM
database (construction of the database is outlined in Palandri and
Reed, 2001). The basic equation that controls the availability of CO, is:

H,0,,,) + CO,(g) = HCO; (aq) + Hy,y). (37)

From here, a K value may be calculated from the following (where
a represents activity):

Oyco, Au+

K = (38)

feo,an,0

Rearranging that expression (Eq. (39)) and taking the Logo of both
sides (Eq. (40)) permits calculation of a new K value (here called K*) that
can be used to force equilibrium with a given atmospheric CO, value.

_ Oyco; On+
(feo, )K= T (39)
Axcoy Au+
Log K* = Log(fco, ) + Logk = Log —>—"— (40)

ay,0

For example, to create a new CO, gas “mineral” that corresponds to
present-day atmospheric conditions (i.e., pCO,=10">> bars), the
following expression would be used:

Log K* = 1077818 1 1073 (41)

For the modeling, O, fugacity/pressure was kept constant at present
levels, which is reasonable because oxygen levels are thought to have
been roughly constant throughout the Cenozoic. CHILLER may be used
to examine different water-rock ratios by “titrating” rock into a water of a
given composition (i.e., rainwater) and by outputting how that water
changes composition in response to the addition of rock. If precipitation
is approximately constant through time, then there should be a
systematic decrease in the amount of water that reacted with the
parental basalt with increasing depth in the profile (Sheldon, 2006d).
Thus, by graphing results depicting ascending water-rock ratios from the
top down, an artificial soil profile may be modeled (Sheldon, 2006d).
These artificial profiles obtained for equilibrium with different CO,, levels
(0.1-20 PAL) can then be compared with actual geochemical data on
mass balance and the mineral assemblage from Sheldon (2003).

The rainwater composition used in the modeling may be found in
Sheldon (2006d). Because rainwater is very fresh (i.e., has low salinity
and low total-dissolved solids), most of the cations available for
reactions come from the rock(s) being weathered. Pedogenesis is
dominated by the breakdown of base-bearing minerals either by
hydrolysis (e.g., potassium feldspar being weathered to illite) or by
acid attack that liberates cations for use by plants and microbes. An
example of the latter type of reaction would be the dissolution of the
plagioclase feldspars albite or anorthite:

NaAlISi; Og e +4H™ = Na' + A" + 3510, + 2H,0 (42)
CaALSi,O yornire + 8H' = Ca™" + 2AT" 4 28i0,,y) + 4H,0 (43)

where the resulting species are all aqueous. Acid attack reactions
consume H™ ions, thereby raising the pH of the system, and providing
a long-term control on atmospheric pCO, (e.g., Berner, 2004). While
HCOs3 is the most stable carbon-bearing species at near neutral pH
values (5.5-8), CO3~ becomes the most stable species at higher pH
values (>8). This change leads to the precipitation of carbonate min-
erals such as calcite, siderite, and ankerite. However, all of the

interflow paleosols of the Picture Gorge Subgroup are carbonate-free,
so the first appearance of carbonate minerals can be taken to re-
present the end point of the realistic weathering reaction (Sheldon,
2006Db).

Atmospheric pCO, values of 0.1, 1, 3, 5, 10, 15, and 20 PAL were used
in model calculations, where 0.1 PAL is an extreme case used to
represent the sub-modern pCO, levels suggested by Pagani et al.
(1999) and Royer et al. (2001a,b). All model calculations were for
25 °C temperature conditions, which is within 10 °C of paleotem-
perature estimates from the paleosols themselves (Sheldon, 2003,
2006d) and paleobotanical estimates (Graham, 1999). Using a reac-
tion temperature of 25 °C has the additional advantage of being the
temperature at which most thermodynamic data are best-con-
strained. All model calculations were run over the range of 0.001-
10 g of rock added to a kilogram of water, or 10~ > to 10" g of rock
titrated. In all cases, calcite precipitated before the end of the titration
run. Taking into account both kinetic factors and the temperature, a
number of zeolite and high-temperature minerals were suppressed
from forming in the calculations.

A thorough description of the model results (including miner-
alogical data) may be found in Sheldon (2006d), but to illustrate
what the model outputs look like and how they are comparable to
other tools for assessing pedogenesis, Fig. 13 compares model results
for Ca®* and Na™ in the soil water solution with mass balance results
(see Section 5.3 for the method) obtained from the type section of
middle Miocene Ilukas pedotype, which is found throughout the
Picture Gorge Subgroup (Sheldon, 2006d). Weathering is typically
most intense near the surface of a soil and declines rapidly with
increasing depth and decreasing permeability (both initial and as a
direct result of plant-rock interactions). Therefore, with the titration
of progressively more rock into solution we would expect an increase
in the activity (and by extension, molality) of a given cation. This
pattern is observed in the model calculations for Na™ and Ca?™
(though the same result was found for other common base cations;
Sheldon, 2006d). In addition, to reproducing the expected cation
distributions indicated by mass-balance calculations, the model also
produced reasonable pH values for Alfisol-like (Argillisols) paleosols,
and produced reasonable water-rock ratios during pedogenesis
relative to a calculated “real” water-rock ratio based on estimates of
MAP (Sheldon, 2006d).

The 10 PAL model run was also favored as the most likely scenario
because only the 10 PAL case produced a significant amount of Mg?™.
That value represents an upper limit to pCO, though, because higher
pCO, values result in dolomite precipitation and dolomite is not
observed in the paleosols and is unlikely to form in any soils for kinetic
reasons (Capo et al., 2000). That the 10 PAL case best matches the
geologic evidence raises the question of how much of that total pCO,
is due to atmospheric pCO, and how much is due to soil productivity.
Using the world soil pCO, map of Brook et al. (1983), modern soils like
the Picture Gorge Subgroup paleosols have 3-8 PAL soil pCO-. If one
assumes that 10 PAL is the total soil pCO,, from both atmospheric and
soil respiration sources necessary to produce the Picture Gorge
Subgroup paleosols, then atmospheric pCO- likely ranged from 2 to
7 PAL for the transient middle Miocene climatic optimum (Sheldon,
2006d). Even at the low end of that range, it is likely that sub-pre-
Industrial atmospheric pCO, levels, as suggested by Pagani et al.
(1999), are too low. Furthermore, a value of 2-4 PAL is consistent with
estimates from stomatal index (Retallack 2002; Kiirschner et al.,
2008) and mass-balance modelling (Berner and Kothavala 2001;
though cf. Berner, 2005). The model results do not preclude the
possibility of very low atmospheric pCO, coupled with non-analogous
biotic productivity in the Ilukas paleosols (i.e., unusually high prod-
uctivity forests). However, that scenario is unlikely because the flora
and fauna of the middle Miocene was not substantially different from
amodern one (e.g., Janis et al., 2002), so it is more likely that modern-
analogue forests have comparable productivity to their Miocene
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Fig. 13. Multi-equation thermodynamically-derived profile versus mass-balance calculations.

counterparts. Therefore, these results are suggestive that the middle
Miocene warm event was due, at least in part, to elevated atmospheric
pCO, (Sheldon, 2006Db).

The multi-equation thermodynamic approach thus potentially
gives a wide range of information about both pedogenic environment
and the climatic conditions under which the modeled paleosol(s)
formed. Potential limitations include poorly constrained parent
material chemistry and poorly constrained vegetative covering.
However, in areas where both are known (e.g., paleosols formed on
volcanic units or at unconformities with associated floras or clear
taxonomic identifications), this approach is viable. Furthermore, for
pre-vascular land plant paleosols, it presents an excellent potential
research tool because one of the two primary limitations is removed.

7. Stable isotope approaches

7.1. Stable isotopic composition of pedogenic minerals as paleoenvironmental
proxies

The stable isotope values of pedogenically-formed minerals have the
potential to provide paleoenvironmental information such as the
isotope composition of soil waters (e.g., Vitali et al., 2002; Tabor and
Montafiez, 2002, 2005; Tabor et al., 2002, 2004a,b), paleotemperature
(Yapp, 19934, 2000; Delgado and Reyes, 1996; Savin and Hsieh, 1998;
Vitali et al., 2002; Tabor and Montafiez, 2005; Gilg, 2003; Tabor, 2007),
the isotope values of gases in the soil (Cerling and Quade, 1993; Cerling
et al, 1991; Koch et al, 1995; Yapp, 2001a,b; Fox and Koch, 2003;
Behrensmeyer et al, 2007), and the partial pressure of soil and
tropospheric gases (Cerling, 1984; Quade et al, 1989; Cerling, 1991;
Yapp and Poths, 1996; Mora et al.,, 1996; Ekart et al., 1999; Tabor et al.,
2004a,b). The utility of soil authigenic minerals as proxies of
paleoenvironmental conditions requires: (1) relatively well-known
temperature-dependent stable-isotope mineral-water fractionation

factors, (2) isotopic equilibrium, or near equilibrium, at the time of
mineral crystallization, (3) closed-system conditions for structurally-
bound elements since the time of mineral formation, (4) water-
dominated environments of crystallization, and (5) knowledge of the
relationship between the isotope of interest in the mineral and the
medium (e.g., H,0, CO,) from which it was derived. Considering that the
vast majority of waters on the continents have a meteoric origin, that
processes that govern the global meteoric water line and mixing of gases
between the soil and atmosphere are similar, and the low solubility of
most paleosol minerals, conditions (4) and (5) have been likely fulfilled
and constant for minerals that form in well-developed soils since at least
the advent of vascular plants during Silurian time (Gregory, 1991; Yapp
and Poths, 1991, 1992; Yapp, 2001a,b; Came et al., 2007). Requirements
(1) through (3) are specific to the mineral of interest and its paragenesis.
In particular, requirement 1 is critical to drawing paleoenvironmental
inferences from the stable isotope value of soil minerals.

7.1.1. Mineral-water isotope fractionation and the jargon of stable
isotope geochemistry

In this work, we consider variation among stable isotopes of
oxygen, hydrogen and carbon in soil media, and in solid materials that
occur in paleosol profiles. Herein, we consider the two most abundant
isotopes of oxygen, hydrogen, and carbon: '°0 and '®0, 'H and 2H, '*C
and '3C. Isotopes of these elements may be partitioned, or fractionate,
differently among the reactants and products of chemical reactions. In
general, reactions involving these isotopes are mass-dependent (i.e.,
the process in question discriminates against the higher mass isotope
to some degree). Isotope fractionation is depicted by the chemical
equilibrium constant of a chemical reaction that includes isotope
exchange:

Mineral — '°0 + H;SO < Mineral — 0 + H;GO. (44)
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The fractionation of '°0 and ¥0 among the reactants and products
is described by the alpha value («):

180

‘mineral

18 750, ineral
Omineral = 1sgmm (45)
Hy0

16
Onyo

where '8ais the oxygen isotope fractionation factor. The hydrogen and
carbon isotope fractionation factors are noted by P and ®ay, re-
spectively. « values for isotope exchange reactions are very small,
which indicates that, in the absence of a more energetic reaction such
as dissolution and precipitation, isotope exchange will not occur. That
is, the isotope composition of a mineral is stable, and will remain
unchanged, after it has formed. Fractionation of '®0 and %0 between a
mineral and water can vary, but changes in « are principally related to
the temperature of reaction such that:

=%+§+C (46)

1 03 11‘lamineralfHZO
where A, B, and C are constants which describe the behavior of an
isotope for a specific mineral-water system, and T is temperature in K.
Note, however, that the quantity B/T does not appear in many isotope
fractionation equations. A list of fractionation equations for common
pedogenic minerals is given in Table 5.

Measurement of the isotope composition is usually reported with
respect to the difference between the measured ¥0/1°0 value of the
sample with respect to the measured '¥0/'°0 value of a standard.
These reported values, called 6 (“delta”) values, are calculated as:

hmvyxsamp]e

Tight .

oX = | = _ 1] x1000 (47)

where X is the element under consideration (C or O for example), "¢V
and "#" refer to the concentration of heavy and light isotopes, re-
spectively, of element X in the sample and standard. & values are
reported in per-mil units (parts per thousand), which is denoted by
the symbol, “%.”. Conventional presentation of 6 values are 6D for
hydrogen, 6'3C for carbon and 6'®0 for oxygen. The standard that is

used for reporting 6D and 6'80 values is Standard Mean Ocean Water
(SMOW), whereas the standard used for reporting 6'>C values is
PeeDee Belemnite. Therefore both SMOW and PDB have 6 values that
are defined as 0%. when referenced with respect to themselves.

7.1.2. Stable isotope fractionation factors of common pedogenic minerals

Asignificant amount of research has focused upon measurement and
determination of stable isotope fractionation factors (see reviews by
Hoefs, 1997; Valley et al., 1986; Savin and Lee, 1988; Chacko et al., 2001;
Sharp, 2007). Table 5 presents the stable isotope fractionation factors
(values of 10°Incr) of common soil-forming minerals, as determined
from laboratory syntheses, isotope exchange reactions and natural
experiments. At temperatures that reflect soil formation in the presence
of liquid water (~0-30 °C; Yapp, 2001a,b; Tabor and Montafiez, 2005),
the majority of mineral-water oxygen isotope fractionation factors
(10°In' ) have positive values, which indicates that '®0 is enriched in
the mineral product (Table 5; Fig. 14A). Carbonates and silicates have the
largest (~25-35) and Fe(Ill)-oxides the smallest (~0-15) 10°In'8c
values, and Al- and Mn-oxides have intermediate values. In addition,
10°In"8« values decrease with higher temperatures for all minerals
considered herein. Minerals with little or no ionic substitution, such as
low-Mg calcite and kaolinite (Al,Si;Os(OH),4) have relatively invariant
10°In*8« values under isothermal conditions. Mineral groups that
permit a great deal of metal-cation substitution, such as 2:1 phyllosi-
licate minerals, result in variable 10°In®« values under isothermal
conditions (Savin and Lee, 1988). For example, Tabor and Montafiez
(2005) reported the chemistry of smectites from Permian-Pennsylva-
nian-age paleosol profiles that correspond to differences in isothermal
10°In'8avalues > 1%, among samples, whereas Koster and others (1999)
determined that nontronite (NagsFe>*(Si,Al)4010(0OH),) 10°In'8c
values are ~4%. lower than Fe-rich 10°In'"8 values. This highlights the
importance of accurate mineralogical and chemical characterization of
pedogenic minerals in order to interpret appropriately the meaning of
their 6130 values.

All mineral-H,0 hydrogen isotope fractionation factors (10°InPc;
Table 5; Fig. 14B) considered herein have negative values, indicating
that 'H is enriched in the mineral product. Goethite has the most
negative (~—100), whereas gibbsite has the most positive (~— 5),
10%InPa values, and phyllosilicates have intermediate values. Within
analytical uncertainty, goethite and gibbsite 10°In°c values do not

Table 5
Light stable isotope fractionation equations for common soil-formed minerals.
Reaction 10°In"8cx 10%In°x 10°In"a Reference
H,0(1)-H,0(v) 1137%10%/ T2 —0.4156*  28.844*10°/ T — 76.248 * Majoube, 1971
10°/ T—2.0667 10%/T+52.612
Calcite-H,0 2.78%10°/ T> —2.89 -2.988+%10°/ T2 4 7.6663*10° / T—2.4612  (O'Neil et al., 1969; Kim and
O'Neil, 1997)
Calcite-CO, 18.03%103 / T— 32.42
Siderite-H,0 3.13*%10°/ T2 —3.50 Carothers et al. (1988)
Siderite-CO, See Fig. 17
Goethite-H,0 1.63*%10°/ T2 —12.3 (Yapp, 1990; Yapp, 1987a,b; Bao and
Koch, 1999; Muller, 1995)
1.907*10° / T— 8.004 —99.8
2.76%10°/ T —23.7
Hematite-H,0 1.63*%10°/ T2 —12.3 (Yapp, 1990; Clayton and Epstein, 1961;
Bao and Koch, 1999)
0.413*10°/ % —2.56
0.542%106/ 7% — 5.221
0.733*%10°/T* — 6.194
Gibbsite-H,0 2.04%10%/ T2 — (Vitali et al., 2000, 2001)
3.61%10%/T+3.65 —51
Boehmite-H,0 211%105/ T — 4.4 XXX Bird et al. (1992)

2.76*%10°/ 1> — 6.75
2.60%10°/ > —4.28
Sum of metal-oxygen
bonds
Illite/smectite-H,O

—22%10%/T°—7.7
—22%10%/ T — 7.7+
(2*Al— 4*Mg — 68 *Fe)

Kaolinite-H,0
Smectite-H,0

—19.6%10%/ T+ 25 (0-120 °C)
—45.3%10%/ T+ 94.7 (0-150 °C)

Sheppard and Gilg (1996)
(Delgado and Reyes, 1996; Savin and Lee, 1988;
Sheppard and Gilg, 1996)

(Yeh, 1980; Capuano, 1992; Hyeong and
Capuano, 2004)




24 N.D. Sheldon, N.J. Tabor / Earth-Science Reviews 95 (2009) 1-52

A 40

35 1

30

- N [
w Q 0

10%In*®¢ mineral-Hz20 values
-
(=]

'®Q enriched in mineral
-5 T T T T T T T T

o 10 20 30 40 50 60 70 80 90 100

T(°C)
B o;
-20 -
-40 4
-60 -
=80 -
-100
e Goethite; Yapp 1987
= Gibbsite; Vitali et al. 2001
w==Kaolinite; Gilg & Sheppard 1996
Tllite; Yeh 1980
w—|lite; Capuano 1992; Keyuong and Capuano; 2004
-120 r T T T T T T T T 1
0 10 20 30 40 50 60 70 80 90 100

T(°C)

C

16 -
14 1
12 1

10 A

Common Pedogenic Minerals

S— Calcite; Bottinga 1968

Goethite; Yapp and Poths 1993

Gibbsite; Schroeder and Melear 1999

O  Siderite; Zhang et al. 2001

@ Siderite; Jimenez-Lopez & Romanek 2004
O Siderite; Carrothers et al. 1988

O

-2
0

16 -

14 4

10 4

10 20 30 40 50 60 70 80 90 100

T(°C)

—Calcite; Bottinga 1968

Goethite; Yapp and Poths 1993

Glbbsite; Schroeder and Melear 1999

©  Siderite; Zhang et al. 2001

®  Siderite; Jimenez-Lopez & Romanek 2004
O  Siderite; Carrothers et al. 1988

o}

-2
/]

10 20

T T T T T T

30 40 50 60 70 80 90 100

T(°C)

Fig. 14. (A) Cross plot of 10%In"3avalues versus temperature (°C) for common pedogenic minerals. 0 °C is shown as the lower limit, because it assumed that liquid water is required for
chemical reaction and formation of pedogenic minerals. Thin black vertical line at 30 °C is the approximate upper limit of soil temperatures based on mean annual surface air
temperatures from weather stations in the International Atomic Energy Association (IAEA) global network for isotopes in precipitation database (Rozanski et al., 1993). Arabic
numbers within graph indicate studies which reported the 10°In'®« value: 1= calcite, Kim and O'Neil (1997); 2 = calcite, O'Neil et al. (1969); 3 = goethite, Yapp (1990); 4 = geothite,
Bao and Koch (1999); 5 = goethite, Muller (1995); 6 = hematite @ pH = 1-2, Yapp (1990); 7 = hematite, Clayton and Epstein (1961); 8 = hematite @ pH = 1-2, Bao and Koch (1999);
9 = hematite @ pH = 8-9, Bao and Koch (1999); 10 = Gibbsite, Bird et al. (1994a); 11 = boehmite, Bird et al. (1992); 12 = Kaolinite, Sheppard and Gilg (1996); 13 = smectite, Delgado
and Reyes (1996); 14 =siderite, Carothers et al. (1988). See Text for discussion. (B) Cross plot of 10°In®« values versus temperature (°C) for common hydroxylated pedogenic
minerals. See text for discussion. (C) Cross plot of 10°In"« values versus temperature (°C) for common pedogenic minerals. See text for discussion.

vary with temperature, although goethite 10°In« values do vary
according to Al substitution for Fe in the crystal lattice (Feng and Yapp,
2008). Phyllosilicates exhibit temperature dependence, where 10°In°a
values decrease with higher temperatures (Fig. 14B). In addition, 2:1
phyllosilicate10*In®cr values vary according the concentration of
octahedrally-coordinated metal cations, where 10°In°ae= — 2.2*10°/

T2 —7.7 +(2*Al —4*Mg — 68*Fe) (Suzuoki and Epstein, 1976; Gilg
and Sheppard, 1996; Tabor and Montafiez, 2005). This effect could result
in isothermal 10°In®cmectite-tizo Values that differ by ~70%., although
Tabor and Montafiez (2005) found that the chemistry among 14
different Permian-Pennsylvanian paleosol smectites accounted for
isothermal 10°In°0tmectite_ti20 Variability no greater than ~5%o.
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Mineral-CO, carbon isotope fractionation values (10°In*3c; Table 5;
Fig. 21) for calcite (Bottinga, 1968) and the Fe(COs)OH group in solid
solution with goethite (Yapp and Poths, 1993) are positive, indicating that
13C is enriched in the mineral product, whereas mineral-bound C that is
apparently in solid solution with gibbsite (Tabor and Yapp, 2005a,b)
shows no fractionation with respect to gaseous CO; (i.e., gibbsite and CO,
613C values are equivalent; Schroeder and Melear, 1999). Calcite-CO,
10°In« values decrease with increasing temperature (Fig. 14A),
whereas goethite-CO, and gibbsite-CO, 10°In*3« values do not exhibit
temperature dependence (Yapp, 2001a,b). Although siderite-CO,
10°In"3a values appear to follow closely those for calcite-CO,, siderite-
€O, 10°In" e values are too poorly studied at this time to be expressed as
a temperature-dependent fractionation equation (see Fig. 14C).

7.1.3. Relationship between hydrogen and oxygen isotopes in continental
waters

The vast majority of continental surface waters are meteoric in
origin (Dansgaard, 1964; Gat and Bowser, 1991). That is, surface
waters are derived from the atmosphere as precipitation (rainfall and
snow). The main source of meteoric water is vapor derived from
evaporation of ocean water, which has maintained mean 6'30 values
near 0%. (4 2%.) for most of the Phanerozoic (Gregory, 1991; Yapp and
Poths, 1992; Tabor, 2007; Eiler, 2007). Over the continents, the oxygen
and hydrogen isotope values of rainfall follow a Rayleigh-type
distillation, whereby subsequent rain-out events have progressively
more negative oxygen and hydrogen isotope values. The rain-out
process is driven principally by cooling of the air-mass (Dansgaard,
1964; Fig. 15), which may arise from vertical thermal uplift, physical
transport over high-altitude sites (e.g., mountains), or latitudinal
transport to cooler sites (e.g., Rozanski et al., 1993; Clark and Fritz,
1997). The oxygen and hydrogen isotope values of rainfall are strongly
correlated, and may be approximated by the equation for the meteoric
water line (Craig, 1961): 6D =8*§'80 + 10. While there is abundant
evidence for short-term departures from the meteoric water line (e.g.,
Gat and Bowser, 1991; Krishnamurthy and Bhattacharya, 1991;
Lawrence and White, 1991), the long-term weighted mean of
precipitation 6'0 and 6D values indicates that the aforementioned
equation for meteoric water is an accurate representation of isotopes
in the meteoric water cycle. Considering that timescales for significant
accumulation of authigenic minerals in soil profiles range from 103-
10° years, it is generally assumed that Craig's (1961) meteoric water
line equation is an accurate representation of precipitation that rained
upon, and percolated through, the soil profile (e.g., Yapp, 1993a,
2001a,b; Delgado and Reyes, 1996; Ferguson et al., 1999; Savin and

Mean Annual 3'80 Precipitation
5

_20 4 o o]
[e]
254 o
IAEA Modern Precipitation Data
(Rozanski et al., 1993)
-30 T T T T
-20 -10 0 10 20 30

Mean Annual Surface Air Temperature (°C)

Fig. 15. Cross plot of weighted mean annual 6'30 values versus mean annual surface air
temperature for 209 weather stations from the International Atomic Energy Association
(IAEA) global network for isotopes in precipitation database (Rozanski et al., 1993). The
points upon the polygon that surround data points above 0 °C are used to construct a
modern surface domain for hydroxylated minerals. See text for discussion.

Hsieh, 1998; Vitali et al., 2001; Tabor and Montafiez, 2002, 2005; Tabor
et al., 2002; Tabor, 2007; Gilg, 2003).

In fact, both the 6'30 and 6D values of rainfall are correlated with
surface air temperature (e.g., Fig. 15 — IAEA Database from Rozanski
et al., 1993). Based upon previous studies of meteoric precipitation 680
and 6D values, Criss (1999; see also Dansgaard, 1964) arrived at the
following correlation: 6™®0map= 0.695mar(-c) — 13.6, where MAP is the
weighted mean annual precipitation and MAT is the mean annual
surface atmospheric temperature. This general correlation indicates that
precipitation 6'30 values will decrease by ~0.7%. with each °C fall in
temperature. Given the relation between altitude, latitude, and tem-
perature, Criss (1999) also presented empirical relationships between
precipitation 6'80 values and altitude, A0~ 2 + 1% km™ !, as well as
latitude, A6'®0~0.2+0.1% 100 km™'. Criss (1999) emphasizes,
however, that these relationships are only rough approximations, and
as will be discussed in subsequent sections, application of these ob-
served relations to the isotope composition of paleosol minerals
(paleosol calcite, for example) as a means of paleoclimatic reconstruc-
tion should be avoided or used with extreme caution.

7.2. Carbon in soils

The 6'3C value of pedogenic minerals may be directly related to the
6'3C value of CO, in the local soil environment (Cerling, 1984; Quade
et al., 1989; Schroeder and Melear, 1999; Schroeder et al., 2006).
However, soils may be characterized by mixing of one, two, or three
components of soil CO,, which can result in significantly different 6'>C
values of soil CO, and the resulting soil mineral. The three CO, com-
ponents are derived from (1) oxidation of in situ organic matter, (2)
tropospheric CO,, and (3) dissolution of pre-existing carbon-bearing
minerals such as carbonate in the soil (Yapp, 2001a,b, 2002). Based
upon geological and chemical arguments, the conditions of soil CO,
mixing in the paleosol at the time of mineral crystallization must be
assessed in order to interpret appropriately the environmental sig-
nificance of mineral 63C values (e.g., Quade et al.,, 1989; Hsieh and
Yapp, 1999; Tabor et al., 2004a,b; Tabor and Yapp 2005b; Tabor et al.,
2007), and to determine whether the minerals formed in the presence
of one, two, or three components of soil CO,.

7.2.1. One-component soil CO,

In a strict sense, soils with only one component of CO, form under
a chemically closed-system, but it is also useful to include in this
category soils which form under semi-closed systems (e.g., Gluyas,
1984; Tabor et al., 2007). Chemically closed or semi-closed conditions
arise in settings where gaseous diffusion between the soil and the
troposphere is limited, usually as a result of poorly drained, water-
logged conditions within the soil profile. Diffusion from the tropo-
sphere (including CO,) to the soil is limited, and aqueous O in the soil
is quickly consumed by oxidation of organic matter (Feng and Hsieh,
1998). Yet, oxidized carbon species (COy(aq), HCO3', CO3 ™) may still be
liberated from closed system soils at pH levels permissive of carbonate
precipitation (~pH=>5.5-8.5; Irwin et al., 1977; Gluyas, 1984) in the
following types of reactions:

SO.~ + 2CH,0—H,S + 2HCO; (48)
SO;~ 4 2CH,0—HCO; +HS™ + H,0 + CO,. (49)

Under these conditions, both bicarbonate and resulting carbon-
bearing minerals will have 6'2C values that are equivalent to that of the
oxidizing organic matter in the closed-system soil. For example, given
that C; plant organic matter has 6'C values ranging from approximately
— 20 to — 33%. (mean= — 27%o; see Section 7.6), carbon-bearing-
mineral 6'2C values in a closed system soil profile will have 6'>C values
ranging from — 20 to — 33%.. Soil profiles forming under semi-closed
conditions will result in more positive calcite 6'>C values (because
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tropospheric CO, is isotopically heavier; ~— 6.5 to — 8.0%. during the
Holocene), but will be isotopically more negative than 6'2C values of the
same mineral that forms in a 2- or 3-CO, component soil. Minerals that
may result from one-component soil CO, mixing include calcite (Tabor
et al., 2007) and siderite (Mozley and Carothers, 1992; Mozley and
Wersin, 1992; McMillan and Schwertmann, 1988; Ludvigson et al.,, 1998;
White et al,, 2005). It is less likely that carbon-bearing minerals that
require oxidizing conditions (e.g., Fe(CO3)OH in goethite; Yapp, 2001b)
or free drainage (e.g., occluded CO, in gibbsite; Bardossy and White,
1979; Schroeder and Melear, 1999) will form in soils characterized by
one component of soil COs.

7.2.2. Two-component soil CO,

Two-component soil CO, mixing assumes that the only two sources
contributing to soil CO, are CO, from the open atmosphere (tropo-
spheric CO,) and CO, from in situ oxidation of biological carbon in the
soil. Steady-state solutions to the one-dimensional Fickian diffusion
equation yield reasonable representations of 6'C values of soil CO,
with depth in modern soils characterized by mixing of two sources of
CO, (Cerling, 1984). In these models, the pCO, and 6'3C value of Earth's
atmosphere is the upper boundary condition, and there is a depth-
dependent CO, production term that describes the oxidation of organic
carbon in the soil. Above a characteristic CO, production depth within
the soil, both the concentration and 6'3C of soil CO, will progressively
approach values of the Earth's atmosphere. Thus, CO, in soil gas can be
generally regarded as a mixture of two isotopically distinct end-
members in these soils: atmospheric CO, and CO, derived from in situ
oxidation of soil organic matter (Fig. 16). As mentioned earlier, soil
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organic matter 6'>C values are principally determined by (1) the 6C
of CO; in the global troposphere and (2) the photosynthetic pathway
employed by primary producers within the soil profile. Therefore, for
times in the geological past when C3 photosynthesis was the dominant
floral metabolism (pre-Miocene time; see 8.6) and soil organic matter
613C exhibited minimal temporal or spatial variation (e.g., Tabor et al.,
2004a,b; Peters-Kottig et al., 2006; Montafiez et al., 2007), strati-
graphic changes in mineral 6'>C values among paleosol profiles may
indicate either (1) variations in soil productivity (i.e., the concentra-
tion of CO, derived from in situ oxidation of organic matter) or (2)
changes in atmospheric pCO,. In this regard, 6'3C values of carbon-
bearing pedogenic minerals which formed in the presence of two-
component soil CO, mixing have the potential to provide information
about (1) paleoecology and (2) the concentration of CO, in ancient
atmospheres. Pedogenic minerals which provide geochemical records
of two-component soil CO, mixing include calcite (Cerling, 1991; Mora
et al., 1996; Yapp and Poths, 1996; Ekart et al., 1999; Tabor et al., 2004a,
b), goethite (Yapp, 1987a,b; Yapp and Poths, 1992, 1993, 1996; Yapp,
2004; Tabor et al., 2004a,b; Tabor and Yapp, 2005a), and gibbsite
(Schroeder and Melear, 1999; Tabor and Yapp, 2005a,b; Schroeder
et al.,, 2006). Of these minerals, only the geochemistry of calcite and
goethite are sufficiently understood to permit estimates of atmo-
spheric pCO,. Both pedogenic calcite and goethite are relatively
abundant in the terrestrial stratigraphic record, and thus have the
potential to provide a relatively continuous Phanerozoic record of
paleoatmospheric pCO, (see Section 7.4.3.1; Ekart et al., 1999) that
may be cross-checked by independent proxy methods (Yapp and
Poths, 1996; Tabor et al., 2004a,b).
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Fig. 16. Steady-state model plot of soil depth in meters versus (A) soil CO, concentration and (B) 6'>C values of soil CO, and pedogenic calcite. Solution to the soil CO, concentrations

assumes Fickian, one-dimensional diffusion, of the form

(/D) x (1=e7%)
peo, = |~ ————~*10° | +300

where ¢ is the production rate of CO, in the soil in gC cm™>h~!, Dy is the diffusion coefficient for gas through the soil, z is depth in meters in the soil, and Zis a scaling depth in meters,
also called the characteristic production depth of CO, (Cerling, 1991) in the soil. This model soil is calculated with ¢ =0.00002 gC cm~>h~ !, D;=0.0001, and Z=0.2, and 300 ppmV
as the upper boundary limit of the soil (i.e., a tropospheric pCO, of 300 ppmV). Soil CO, §'C values were calculated as a mass balance of tropospheric CO, (300 ppmV through
profile) with 6'>C value of — 6.5%. (a reasonable pre-industrial age value; Schlesinger, 1997) and CO, from oxidation of organic matter (variable concentrations) with 6'C value of —
6.5%. (i.e., organic matter §'>C= — 26.4%.). Soil calcite 6'C values were calculated using the CO,-calcite carbon isotope fractionation equation of Bottinga (1968) with assumed
calcite crystallization temperatures of 25 °C and mildly alkaline soil solution. See Text for discussion.
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7.2.3. Three-component soil CO,

On the basis of geological and chemical arguments, several studies
have concluded that three-component CO, mixing relations can exist
in various soils (Hsieh and Yapp, 1999; Yapp, 2001a,b; 2002; Tabor
et al., 2004a,b; Tabor and Yapp, 2005b,c). As in 2-component CO,
mixing, 3-component mixing assumes soil CO, is represented by
sources contributed from oxidation of organic matter and the global
troposphere, but includes also a third component of CO, contributed
from dissolution of pre-existing carbonate in the soil profile. Al-
though carbonate may have very negative 63C values in rare
instances (e.g., one-component CO, mixing; Yemane et al., 1989;
Tabor et al., 2007; Coney et al., 2007), CO, that is produced from
dissolution of carbonate generally is enriched in '>C relative to atmo-
spheric CO, or CO, derived from oxidation of organic matter (e.g.,
Hoefs, 1997; Criss, 1999; Sharp, 2007). As a result of these mixing
relationships, pedogenic minerals that form in 3-component soil CO,
mixing systems are characterized (and for the most part recognized)
by 6'3C values more positive than 1- or 2-component soil CO,
mixing. Pedogenic minerals which may form in the presence of
mixing of 3 soil CO, components include goethite (Hsieh and Yapp,
1999; Yapp, 2001a, 2002; Tabor et al., 2004a,b; Tabor and Yapp,
2005b,c), gibbsite (Tabor and Yapp, 2005a,b), and possibly calcite.

7.3. Soil and paleosol carbonate

Precipitation of carbonate in soil profiles is related to evapotran-
spiration, acidity of soil solution, temperature, and availability of
metal cations (Ca®™, Fe>™, Mg?™"). Carbonates may form in virtually
any climate and soil drainage class (e.g., Whelan and Roberts, 1973;
Soil Survey Staff, 1975, 2003; Semeniuk and Meagher, 1981;
Franzmeier et al., 1985; Buol et al., 2003; Aslan and Autin, 1998;
Retallack, 2001a,b; Schaetzl and Anderson, 2005). In poorly drained,
swampy and anoxic environments, pedogenic siderite (FeCOs) is
common (McMillan and Schwertmann, 1988; Ludvigson et al., 1998)
and calcite may also form (Whelan and Roberts, 1973; Aslan and Autin,
1998; Tabor et al, 2007). However, pedogenic calcite is typically
associated with well-drained soil profiles in sub-humid, semi-arid,
and arid climates (e.g., Soil Survey Staff, 1975; Machette, 1985;
McFadden and Tinsley, 1985; Buol et al., 2003; Schaetzl and Anderson,
2005; Srivastava et al., 2002) characterized by relatively low rainfall
(~<800 mm/yr; Jenny, 1941; Arkley, 1963; Gile et al., 1966; Retallack,
1994; Royer, 1999) and high evapotranspiration (Thornthwaite, 1948;
Srivastava et al, 2002). In these well-drained, dry-climate soils,
aqueous Ca?* ions derived from dissolution of minerals are
transported downward into the soil profile until precipitated as
carbonate or removed from the soil through the groundwater system
(Ekart et al., 1999; Tabor et al., 2006).

Macroscopic forms of pedogenic carbonate-accumulation occur as
filamentous, nodular, tubular, and completely indurated and massive
or laminated horizons (Gile et al., 1966; Machette, 1985). Petrographic
studies indicate that pedogenic carbonate crystal fabrics are dom-
inantly micrite, with lesser amounts of microspar, sparite, needle fiber,
radial-fibrous and radiaxial textures (Deutz et al., 2002, 2001; Brewer,
1976; Loisy et al., 1999; Fig. 17). Although it is apparent that many
different crystal morphologies may form in modern soils, non-micrite
crystal textures in paleosol profiles are frequently suspected of post-
pedogenic (i.e., diagenetic) alteration (e.g., Cerling, 1991; Ekart et al.,
1999; Deutz et al., 2001, 2002).

Pedogenic carbonate mineralogy is overwhelmingly dominated by
low-magnesium calcite (Jenny, 1941; Brewer, 1976; Freytet and
Verrecchia, 2002; Sparks, 2003). Therefore, the majority of stable-
isotope based paleoenvironmental and paleoclimatological recon-
structions from paleosol carbonate focus upon low-magnesium calcite
(e.g., Cerling, 1991; Ekart et al., 1999). However, other pedogenic
carbonate minerals have been reported in rare cases. Mineralogical
studies of soil and paleosol carbonates have also identified dolomite,

trona, ankerite, and siderite (Postma, 1983; McMillan and Schwert-
mann, 1988).

Kohur et al. (1995) identified microcrystalline dolomite from a soil
profile within a saltpan soil in Alberta, Canada. Dolomite has also been
identified in weakly developed soils forming upon basaltic parent
materials in Hawaii, U.S.A. (Capo et al., 2000; Whipkey et al., 2002).
Ankerite nodules have also been identified in paleosol profiles that
underwent marine flooding (Mack et al., in revision). Trona (Na;COs-
NaHCO3:-2H,0) has also been reported from shallow subsurface
horizons of floodplain soils of Uttar Pradesh, India (Datta et al., 2002).
The origins of pedogenic dolomite, ankerite and trona are not entirely
clear, but they are likely related to high chemical activity of aqueous
Mg?*, Fe?", and Na* in soil solution in conjunction with rapid
evapotranspiration of soil water, and they are considered to represent
exceedingly rare phenomena. As a result, the occurrence of dolomite
and ankerite in paleosol profiles is usually attributed to diagenetic
processes exclusive of pedogenesis.

Pedogenic siderite has been identified in modern soil-forming
environments (Postma, 1981,1982; Stoops, 1983; Landuyt, 1990; Brewer,
1964) and paleosol profiles (Matsumoto and Iijima, 1981; Leckie et al.,
1989; Mozley and Carothers, 1992; Brown and Kingston, 1993; Baker et
al., 1996; Ludvigson et al., 1998; Jacobs et al., 2005; White et al., 2005).
The presence of siderite in a soil or paleosol profile indicates formation
in a reducing environment, low concentrations of aqueous sulfate,
circum-neutral pH, and soil pCO-, greater than 100,000 ppmV (Pearson,
1979; Postma 1982; Bahrig, 1989; Pye et al., 1990). Although siderite is a
common diagenetic alteration product (e.g., Mozley, 1988; Mozley and
Carothers, 1992), microspherulitic siderite (Spencer, 1925; see Fig. 17)
appears to be strongly associated with pedogenesis in poorly drained,
waterlogged soils (Stoops, 1983; Landuyt, 1990; Browne and Kingston,
1993; Ludvigson et al., 1998; Ufnar et al., 2002, 2004; White et al., 2001,
2005; Jacobs et al., 2005).

7.3.1. Pedogenic calcite 6'50 values

The 680 value of calcite is related to the 6'80 value of the water
from which it is derived, and the temperature of mineral crystal-
lization (see equation of O'Neil et al., 1969 in Table 5). The potential of
calcite oxygen isotope ratios as a paleotemperature proxy has been
recognized for a very long time (McCrea, 1950; Epstein et al., 1953).
Early studies acknowledged that 6'30 values of soil (Salomons et al.,
1978; Magaritz and Amiel, 1980; Magaritz et al., 1981; Rabenhorst
et al,, 1984; Cerling, 1984; Quade et al., 1989; Cerling and Quade, 1993)
and paleosol (Quade et al., 1989; Mack et al., 1991; Yapp and Poths,
1996) calcite are probably related to temperature of crystallization,
but that its utility as a temperature proxy might be confounded by the
effects of variable rainfall 6'®0 values at isothermal sites (e.g., Fig. 15;
Cerling and Quade, 1993; Stern et al., 1997; Tabor and Montafiez,
2002) and modification of soil water 680 values by evapotranspira-
tion (Cerling, 1984; Mack et al., 1991; Stern et al., 1997; Tabor et al.,
2002; Mack and Cole, 2005; Tabor and Montafiez, 2005; Behrens-
meyer et al., 2007; Tabor, 2007). In spite of these complicating factors,
paleosol calcite 6'30 values are still perceived as a useful indication of
soil moisture 6'80 values (Cerling, 1984; Quade et al., 1989; Cerling
and Quade, 1993; Stern et al., 1997).

7.3.1.1. Pedogenic calcite as a proxy for soil moisture 6'%0 values. ~ Several
important studies have used the 6'80 values of paleosol calcite as a
monitor of rainfall 6'0 values. Quade et al. (1989) observed a large
shift toward more positive paleosol calcite 5'0 values in Miocene
strata from Northern Pakistan that were deposited ~7 Myr before
present. This positive oxygen isotope shift was subsequently
identified in other areas around Asia (Stern et al., 1997; Sanyal et
al., 2004; Behrensmeyer et al., 2007), and is interpreted to represent
changing atmospheric circulation conditions (and precipitation 6'80
values) over the Indian subcontinent, and intensification to the modern
Asian monsoon system. In a large study of Miocene-Pleistocene
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Fig. 17. Photomicrographs of paleosol carbonates. Mi = micrite, Sp = Sparite, MS = microspar (A) Nearly pure microcrystalline calcite (micrite; gray areas) that occludes mudstone
from the matrix (red areas) in an Upper Triassic (Carnian) paleosol carbonate nodule of the Ischigualasto fm., Argentina. The area shown is appropriate for sampling, and
determination of 6'80 and 6">C values, in order to approximate environmental conditions during pedogenesis. Field of view is 2 mm. (B) Nearly pure micrite from a cross-section of a
vertically oriented rhizolith in a paleosol from the Middle Permian Quanzijie fm, Xinjiang Province, Northwest China. The area shown is appropriate for sampling, and determination
of 580 and 6'C values, in order to approximate environmental conditions during pedogenesis. The red areas are colored by stain from potassium ferricyanide, which indicates low-
magnesium calcite. The light gray areas are gypsum. Scale bar is 1 mm. (C) Domains of (1) micrite, (2) veins of sparry calcite, and (3) mixed micrite, microspar and Fe-oxide in a
paleosol nodule from the Late Triassic (Carnian) Ischigualasto fm., Argentina. §'¥0 and §'C values from domains of sparry calcite and mixed microspar and micrite are inappropriate,
whereas 6'°0 and 6'C values from domains of micrite are appropriate, for sampling and measurement of oxygen isotope values in order to approximate environmental conditions
during pedogenesis. Field of view is 4 mm. (D) Clotted micrite (dark areas) that is finely intergrown with microspar (light areas) from a paleosol nodule in Cretaceous
(Kimmeridgian) strata of the Democratic Republic of Congo. Dark areas are stained by Fe-oxides. Field of view is 0.5 mm. While the areas of clotted micrite are appropriate for oxygen
and carbon isotope analysis in order to approximate pedogenic conditions, very fine intergrowth of microspar and micrite makes sampling of the appropriate phase very challenging,
and likely only feasible via a computer-assisted drill system. (E) Lamellar micrite intercalated with sparry calcite from a horizontal rhizolith in the Middle Permian Moradi fm., Niger.
Field of view is 2 mm. While areas of micritic calcite are appropriate for sampling and oxygen and carbon isotope analysis in order to interpret environmental conditions during
pedogenesis, domains of micrite are relatively narrow, and divided by complex networks of sparry and microspar cements. Samples such as this should be avoided for isotopic
analysis, or employ a computer-assisted drill system. Sampling. (F) Sphaerosiderites in claystone matrix from an Upper Oligocene paleosol in Chilga Woreda, northwestern Ethiopia.
Siderite spherules such as these are appropriate for carbon and oxygen isotope analysis in order to interpret environemtnal conditions during pedogenesis. (For interpretation of the
references to colour in this figure legend, the reader is referred to the web version of this article.)

paleosols from the mid-continent, US.A., Fox and Koch (2004)
suggested that long-term trends in calcite 6'80 values appear to track
changes in rainfall 680 values related global-scale paleoclimate
factors, where the most positive 5'80 values occur in strata from the
mid-Miocene climatic optimum, and a stepped trend toward more
negative 6'%0 values occurs in post mid-Miocene samples during the
interval of Late Cenozoic cooling, and northern hemisphere glacia-

tion. Levin and others (2004) observed a positive ~5.5%. shift in 6180
values of paleosol calcite occurring in ~4.5 Ma strata of southern
Ethiopia which they attributed to climatic change possibly including
closure of the Indonesian seaway, long-term uplift of the East African
highlands, and aridification of eastern Africa. Koch et al. (2003) noted
a small positive 880 shift of approximately 1%. in the Bighorn Basin,
Wyoming, U.S.A., that is synchronous with the Paleocene-Eocene
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Thermal Maximum. This positive oxygen isotope shift was attributed
to increased evapotranspiration, changing 60 value of meteoric
water from the airmasses over that site, or changes in the seasonality
of rainfall.

In a regional study of uppermost-Pennsylvanian and lowermost-
Permian paleosols spanning ~10° of tropical paleolatitude in western
Pangea, Tabor and Montafiez (2002) noted a northward trend toward
more negative 6'%0 values, from ~ — 0.5%. at the paleoequator to ~ — 8%o
at 10°N paleolatitude. A similar, but smaller, pattern of northward 80
depletion was observed in co-occuring pedogenic phyllosilicates and Fe-
oxides. The collective pattern of pedogenic mineral 6'80 values was
interpreted to represent reverse equatorial flow, and occurrence of
monsoonal atmospheric circulation patterns over western equatorial
Pangea. The stratigraphic pattern of paleosol calcite 5'80 values in Texas,
U.S.A. preserves a 5% shift toward more positive values through the
Lower Permian, which was interpreted to represent decreasing rainfall,
onset of aridity, and increased evaporative enrichment of 0 in soil
waters (Tabor et al., 2002). Subsequent paleotemperature estimates
derived from independent proxies suggest that most of the temporal
pattern of 0 enrichment in calcite was related to evapotranspiration
(Tabor and Montafiez, 2005; Tabor, 2007).

Given the observed correspondence among rainfall 6'¥0 values,
temperatures and elevations, many studies have used paleosol calcite
630 values as a proxy of paleoelevation (Garzione et al., 2000, 2004;
Currie et al., 2005; Rowley and Currie, 2006; DeCelles et al., 2007; see
recent review by Rowley and Garzione, 2007; Quade et al., 2007). In
these studies, paleoelevation estimates are based typically upon
measurements of rainfall 60 values and surface air temperatures
along modern elevation transects. These modern data permit estimates
of calcite 6'®0 values that would result along the modern elevation
transect, and the 6'80 value of paleosol calcite is compared directly with
the modern calcite 6'®0 “lapse-rate” curve to arrive at an estimate of
paleoelevation. Isotope-based proxies of paleoelevation have been
reviewed extensively in recent years (Rowley and Garzione, 2007;
Quade et al., 2007), and the reader is referred to those studies for a more
thorough treatment of paleoelevation reconstructions.

In general, paleoelevations derived from paleosol calcite 6'20 val-
ues are seemingly robust (i.e., reproducible and consistent within a
given setting) and consistent with other structural and geodynamical
data, but the choice of lapse-rate model greatly affects the absolute
paleoelevation values that are reconstructed and the amount of
uncertainty in the estimates. In particular, the authors note that
studies that reconstruct paleoelevations using pedogenic carbonates
typically contain little other information about the paleosols in ques-
tion because they are generally focused instead on the tectonic
implications of the calculated paleoelevation values. Collection and
inclusion in papers of additional photographic documentation, taxo-
nomic classification, and documentation of the suitability of the
pedogenic nodules should be goals of future paleoelevation studies,
even if the information is presented primarily as Data Repository
items. Those types of information and application of additional paleo-
climatic proxies for MAT and MAP could only strengthen the
interpretations of paleoelevation and could also serve as an important
additional test of how reasonable the reconstructed paleoelevation
estimates are. For example, if a paleo-Ultisol (Argillisol; typically free
of any pedogenic carbonate) is identified as having been formed at a
paleo-elevation of 5500 m, then either the taxonomic description or
the lapse rate model must be incorrect based on the present-day
distribution of soil types (Soil Survey Staff, 2006).

7.3.1.2. Pedogenic calcite 60 values as a proxy of paleotemperature.
Dworkin et al. (2005) was the first study that attempted to formalize
paleosol calcite 6'®0 values as a quantitative indicator of soil paleo-
temperature. Dworkin et al. (2005) presented two different equa-
tions to relate the 6'80 value of pedogenic calcite to temperature of
crystallization from Cretaceous-age paleosol profiles in western Texas,

U.S.A. The first equation (Eq. (50) below) is a third-order polynomial
that relates the observed parametric correlation between air tem-
perature from the entire International Atomic Energy Association
(IAEA) data set (Rozanski et al., 1993) to pedogenic calcite via the
oxygen isotope fractionation equation between water and calcite
(O'Neil et al., 1969; see Table 5). The second equation (Eq. (51) below)
is derived from the empirical relationship that was measured between
pedogenic calcite 6'%0 values (6'®0.) and measured mean annual
surface air temperature from soils located in interior continental sites
(Cerling and Quade, 1993):

0= —0.50T" + (50, (%o, SMOW) + 152.04)T" —2.78 x 10° (50)
and
(2)6'°0, (%0, PDB) = 0.49T—12.65. (51)

This method of paleotemperature estimation has also been applied
to calcite 6'80 values from Upper Triassic (Prochnow et al., 2006) and
Cretaceous (Nordt et al., 2003) paleosols.

The analytical uncertainty of the temperature estimates reported
by Dworkin et al. (2005) is ~40.5 °C (10), which reflects only the
analytical uncertainty of the 6'®0 measurement for calcite (~0.1 to
0.2%.) and no other potential sources of error. Considering an ana-
lytical uncertainty equivalent to +0.5 °C, Eqs. (50) and (51) indicate
that paleotemperature estimates based on paleosol calcite 6'30 values
are indistinguishable from one another between ~12° and 20 °C,
corresponding to 6'80cc.ppg values ranging from — 2.9%. to — 6.7%o.
Pedogenic carbonate $'30 values above or below these values will
result in significantly different temperature estimates from Eqs. (50)
and (51). However, the method of Dworkin et al. (2005) does not take
into account two potentially important effects (1) variable rainfall
680 values among isothermal sites (see Fig. 15) and (2) change of soil
water §'80 values (and resultant calcite 6'80 values) from meteoric
water via evaporation.

Fig. 15 shows the 6'80 value of meteoric precipitation versus the
corresponding mean annual surface air temperature for 222 stations
from the IAEA global precipitation database (Rozanski et al., 1993).
Precipitation 680 varies among isothermal sites by ~10% to 5%,
which would be approximately the same range of 6'%0 values of
calcite that results from those waters among those sites. These results
indicate that temperature estimates based on soil calcite 5'30 values
should have an uncertainty no better than +5 °C (Ferguson et al.,
1999). Note that this uncertainty does not consider additional
complications, such as modification of meteoric water 6'30 values in
the soil by evaporation.

The effect of evaporation on soil moisture 6'%0 values is related to
relative humidity (h) as water molecules move from the liquid to vapor
phase (Gonfiantini, 1986). No change in soil moisture 6'30 values will
result at h=100%, and the greatest enrichment of '®0 (more positive
680 values) in soil water will occur at h=0%. During calcite crystal-
lization in the soil, relative humidity during evaporation is somewhere
between these two extremes (Sparks, 2003). The practical consequence
of evaporation from the soil is that soil water is driven toward heavier
580 values than the 6'80 values of rains that originally percolated into
the soil. The evaporation effect, and '®0 enrichment of soil moisture, is
enhanced in the shallowest parts of the soil and during the driest time of
year (e.g., Fig. 18); where and when soil carbonate is most likely to form
(McFadden and Tinsley, 1985). However, '¥0 enrichment of soil water is
attenuated at depth, and closely approximates the mean 6'80 value of
meteoric precipitation (Fig. 18). Considering these spatial relationships,
only those calcite samples from the lowest parts of soil and paleosol
profiles should be used to estimate meteoric water 6'30 values (Quade
et al,, 1995). Nevertheless, for instances where paleotemperature and
paleoprecipitation 6'80 values have been determined by independent
proxies, paleosol calcite 8'80 values indicate that soil moisture 5'%0
values may have been altered by evaportion by as much as +5 to + 7%
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Fig. 18. 60 values of meteoric precipitation (black line), soil moisture at 10 cm, and soil moisture at 60 cm depth in a modern soil profile in Ellensburg, Washington US.A., versus progressive
days of analysis (Robertson and Gazis, 2005). The shallowest sample level (10 cm) of the profile has soil water 6'%0 values significantly more positive (~9%.) 6'®0 values than that of mean
annual precipitation values, whereas the deepest sample level (60 cm) of the profile has 6'%0 values very near that that of the mean 80 value of precipitation. See text for discussion.

(Tabor and Montafiez, 2005; Tabor 2007). Because of all of these factors,
paleosol calcite 680 values should probably be avoided as a proxy of
paleotemperature.

7.3.2. Pedogenic siderite as a proxy for soil moisture 50 values

Pedogenic sphaerosiderites exhibit 6'%0 values ranging from ~0%. to
— 18%. (PDB; Baker et al., 1996; Ludvigson et al., 1998; White et al., 2001;
Ufnar et al.,, 2002, 2004). However, siderite 60 values typically exhibit
a narrow range of intra-profile values (<2%.), which is interpreted to
reflect relatively stable (invariant) temperatures and mean 6'0 value of
local groundwater that flood the soil profile (Ludvigson et al., 1988;
White et al., 2001; Ufnar, 2002, 2004). Nevertheless, because the 6'%0
value of siderite is related to two variables (T and 60 of H,0), one
variable must be assumed, or determined by an independent means, in
order to determine the other (as is the case with pedogenic calcite). In
their treatment of sphaerosiderite 6'80 values from paleosols that
defined a mid-Cretaceous paleolatitudinal transect from ~35° to 55°N,
White et al. (2001; Ludvigson et al., 1998; Ufnar et al., 2002, 2004) used
the predicted mean annual surface air temperatures from General
Circulation Models (GCM) for Middle Cretaceous time (Barron, 1989;
Barron et al., 1989; Poulsen, 1999) in order to estimate groundwater and
meteoric precipitation §'80 values. Sphaerosiderite §'80 values indicate
significantly more negative 6'®0 values (4.0-4.3%.) of mid-Cretaceous
meteoric precipitation than modern isolatitudinal sites. Based upon the
well-known relationship in the modern hydrological cycle, that coastal
precipitation shows ~— 2%. shift for every additional 100 mm of
precipitation per month, White et al. (2001) hypothesized that these
sphaerosiderite-producing soils formed in the presence of ~2400 to
~2600 mm of precipitation per yr along the coastlines of the North
American Cretaceous interior seaway.

Other examples of sphaerosiderite in paleosol profiles have been
described from high-latitude Permo-Carboniferous (Brown and King-
ston, 1993; Faure et al., 1995) and Triassic strata (Retallack, 1976) as
well as tropical Paleogene strata (Jacobs et al., 2005; Fig. 17). They
typically occur in clastic strata that are associated with coal measures.
In this regard, sphaerosiderite may be an abundant paleopedogenic
mineral in both time and space, which is limited to poorly drained
environments, and that has gone largely unnoticed as a useful proxy of
paleoclimate. If so, 6’80 values of paleopedogenic sphaerosiderites
have the potential to become an important paloeclimate proxy which

represents pedogenic environments that are generally exclusive of
pedogenic calcite.

7.4. 8"3C values of soil carbonate

7.4.1. Calcite from one-component of soil CO,

The closed-system, one-component soil CO, model of calcite
crystallization is not normally considered in soil systems, but is
frequently associated with early diagenetic marine and lacustrine
calcites that are characterized by very negative 6'>C values (e.g., [rwin
et al.,, 1977; Gluyas, 1984; Scotchman, 1991). Calcites that precipitate
via one component, chemically closed or semi-closed, conditions will
have 6'3C values no more than 14.8%. heavier than in situ soil organic
matter. This reflects that open-system oxidation of soil organic matter,
in the absence of contribution of isotopically heavier CO, from the
global troposphere, results in (at least) 4.4%. diffusive enrichment,
and an additional ~10.4%. carbon isotope enrichment from gaseous
CO,, to calcite due to carbon isotope fractionation between carbonate
species (at mildly alkaline pH; Bottinga, 1968).

Evidence for calcite formation in the presence of one soil CO,
component is sparse. However, a study of waterlogged soils in the
Atchafalaya Swamp, Louisiana, U.S.A. demonstrated that calcite 6>C
values can be less than — 20%., and therefore did not crystallize under
open-system exchange with tropospheric CO, (Whelan and Roberts,
1973). In this regard, calcite precipitation in the presence of one soil
CO, component may be a reasonably common occurrence in swampy,
waterlogged soil and paleosol profiles. Given the sedimentary bias
toward preservation of low-lying and poorly-drained landscapes,
there may be also a bias toward preservation of paleosol calcite that
forms via one component of soil CO,.

As mentioned above, calcite crystallization in the presence of one
CO, component is related to dysoxic or anoxic conditions in poorly
drained soil profiles. Therefore, at field scale, one-component soil
calcites may be associated with profiles that exhibit drab or redox-
imorphic soil matrix colors and weak or no development of soil structure
(Vepraskas, 1992). However, soil and paleosol colors are strongly
susceptible to change after burial (e.g., Retallack, 1991), therefore very
negative calcite 6'>C values may be the most diagnostic characteristic of
a one-component soil CO, system. Examples of paleosol calcite that have
been interpreted to form in the presence of one component of soil CO,
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are also rare. However, paleosol calcite 6>C values from Upper Permian
and Lower Triassic strata of the Karoo Supergroup are characterized by
drab colors, poor soil structural development, and calcite 6'>C values as
low as — 24%. (Yemane et al., 1989; Macleod et al., 2000; Retallack et al.,
2003; Smith and Botha, 2005; Tabor et al., 2007; Melezhik et al., 2007;
Coney et al., 2007). Although the meaning of the very negative 6'>C
calcite values in the Karoo basin has been interpreted to represent
different processes (e.g., Oceanic links, marine-derived methane;
Macleod et al., 2000), they may possibly represent crystallization in
the presence of one soil CO, component (Tabor et al., 2007).

7.4.2. 613C of pedogenic siderite

Pedogenic sphaerosiderite is characterized by a large range of §>C
values, from ~+8%. to — 45%., and intraprofile sphaerosiderite §>C
values preserve a range of 8'>C values that vary by as much as 30%.. As
mentioned above, formation of sphaerosiderite in soils is associated
with saturated, anoxic soil profiles that are conducive to methanogenic
bacteria (Faure et al., 1995; Ludvigson et al., 1998; White et al., 2001).
Kinetic carbon isotope fractioantion between CO, and CH,4 that is
generated by methanogenesis (10°In">C0,-CH,) ranges from ~40%. to
60%., and may produce CO, with 6'3C values as positive as 7%. (Whiticar
et al., 1986; Faure et al., 1995). Therefore, sphaerosiderites with the most
positive 6'C values (> — 5%o; Irwin et al., 1977) may represent CO, that
was generated directly from methanogenesis, whereas more negative
613C values may result from (1) closed-system, one-component CO,
mixing as described above (see Section 7.2.1) and/or (2) possible
additional contributions of CO, derived from oxidation of methanogenic
CHy4 (Irwin et al., 1977; Faure et al., 1995; Ludvigson et al., 1998). Because
of its complex behaviour, no significant contributions to paleoclimate
reconstruction have been made from sphaerosiderite 6'C values.

7.4.3. Calcite derived from 2-component soil CO, mixing

Two-component models assume that the only sources contribut-
ing to soil CO, are CO, from the troposphere and CO- derived from in
situ oxidation of biological carbon in the soil. Under steady-state
conditions of Fickian diffusion, calcite 6'>C values are expected to
exhibit progressively more positive values upward through the soil or
paleosol profile (see discussion of 2-component soil CO, mixing in
Section 7.2.2). The vast majority of studies of soil and paleosol calcite
carbon isotopes have sought to interpret §'>C values within the
context of a 2-component soil CO, mixing model. This reflects, in large
part, that 2-component soil calcite 6'C values may permit estimation
of paleoatmospheric pCO,.

Two-component soil CO, mixing requires free drainage for
oxidation of organic matter and open-system exchange with the
global troposphere. As a result, paleosol calcite samples associated
with profiles that lack gley colors, redoximorphic accumulations such
as hematite or manganese nodules, and that exhibit well-developed
soil structure are generally regarded as appropriate paleosols for
estimation of paleoatmospheric pCO, from calcite 6'C values (Ekart
et al., 1999). Furthermore, paleosol matrix should be non-calcareous
in order to avoid possible inheritance of detrital carbonate 6'>C values,
and carbonate texture and mineralogy other than microcrystalline
calcite (micrite) should be avoided, as they are possibly diagenetic
alteration products not reflective of conditions during soil formation.
Any inferences about paleoatmospheric pCO, values from inappropri-
ate samples should be disregarded.

7.4.3.1. Estimates of paleoatmospheric pCO,. The &3C values of
pedogenic calcite and coexisting organic matter may be used to
estimate atmospheric pCO, via the following two-component CO,
mixing equation (Yapp and Poths, 1996):

~13 ~13 ~13 ~13
6" Coiee) = (67 Caee = 6" Coree ) (Ca/ Co)ee + 67 Corer (52)

Other equations for the solution of paleoatmospheric pCO, from
pedogenic mineral §'>C values have been presented (Cerling, 1991,
1999; Mora et al., 1996; Ekart et al., 1999; Montafiez et al., 2007), but
they all consider the same variables, and result in similar pCO,
estimates. 6'% Gy, is the measured 8'3C value of pedogenic calcite.
The 6'3C values subscripted with “A” and “0” are the §'>C values of
calcite formed solely in equilibrium with CO, derived from the
atmosphere and from oxidation of soil organic matter, respectively.
The subscript “(cc)” indicates calcite. C4 refers to the concentration of
CO, gas in the soil if the only contribution to soil CO, were from the
atmosphere. Cs is the actual concentration of CO, that was present in
the soil. The value for (6'3 G4, — &' Co, ) is assumed to be +16%o
(Yapp and Poths, 1991, 1992, 1993, 1996), because it represents the
approximate difference between the estimated 63C values of pre-
industrial atmospheric CO, (— 6.5%.) and recent C3 continental biota
(—27%o), after the latter value is adjusted for the diffusive 4.4%.
enrichment in 6">C in the biologically-derived CO, of the soil (Cerling
et al, 1991). Note that other (6" Cy,, —6' Co,, ) values have been
suggested (e.g., ~13.7%., Arens et al., 2000), but differences in this
quantity result in relatively minor differences in estimated pCO,
values (Yapp and Poths, 1991; Tabor et al., 2004a,b).

8"3Co(ccy values may be estimated from measured §'>C values of
co-existing organic matter within the paleosol profiles (Tabor et al.,
2004a,b; Montafiez et al., 2007). §"*Co(cc) values should be at least
14.8%. heavier than the §'>C value of oxidizing organic matter in open-
system soils characterized by mixing of two components of CO, (Tabor
et al., 2007). This reflects the diffusive 4.4%. enrichment in 6'>C in the
biologically-derived CO-, (Cerling et al., 1991), as well as an additional
10.4%. carbon isotope enrichment from gaseous CO, to calcite due to
carbon isotope fractionation between carbonate species (at mildly
alkaline pH; Bottinga, 1968). However, Bowen and Beerling (2004)
suggest that 6'3C values of organic matter remaining in paleosol
profiles may result in an overestimate of respired soil CO, 6'C (and
813C0(CC)), and a significant underestimate of atmospheric pCO,. If
Bowen and Beerling (2004) are correct, then use of fossil organic
matter 6"°C values for 6"Co(c) provides minimum estimates of
atmospheric pCO, rather than absolute estimates.

Because the activity of CO3™ in calcite is fixed at unity, pedogenic
calcite does not, by itself, contain a proxy record of the partial pressure
of soil CO, (however, pedogenic goethite does, see Section 7.4.3.3).
Therefore, at this time, the concentration of soil CO, (Cs) must be
assumed in order to estimate paleoatmospheric pCO, values from
paleosol calcite. These assumptions are constrained by available in situ
measurements of soil CO, in modern calcite-producing soils.

The concentration of soil CO, is a function of soil depth, soil
respiration rate (or biological productivity), and diffusivity of the soil
medium (Boynton and Reuther, 1938; Boynton and Compton, 1944,
Wood and Petraitis, 1984; Quade et al., 1989; Soloman and Cerling,
1987). Soil CO, concentrations vary from near atmospheric pCO,
concentrations (a modern value of ~350 ppmV; Keeling et al., 1995) at
the interface with the overlying troposphere to higher, nearly
constant, values beneath a characteristic production (z) depth in the
soil. The location of the characteristic production depth in the soil is
determined by soil respiration rate (or soil productivity) and the
diffusivity of the soil medium. Soil diffusivities typically range from 2%
to 50% of that for free air (Glinski and Stepniewski, 1985). In general,
more moist and clay-rich soils have lower diffusivities, whereas drier
and sandier soils have higher diffusivities (Rolston, 1986).

Soil respiration rates, which represent production of CO, from
oxidation of organic matter in the soil, appear to (1) primarily reflect a
logarithmic correlation with ambient atmospheric and soil tempera-
tures up to at least 32 °C (Anderson, 1973; Knapp et al., 1998; Fang
et al., 1998; Fang and Moncrief, 2001), and (2) secondarily respond to
soil moisture availability, although this appears to only be applicable
when soil biota are at or near drought conditions (Brook et al., 1983).
Therefore, characteristic production depths for highly productive soils
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with low diffusivity occur only a few centimeters below the soil
surface, whereas low productivity soils with high diffusivity have
much deeper characteristic production depths, possibly as deep as 30-
50 cm below the soil surface (Wood and Petraitis, 1984; Quade et al.,
1989; Cerling and Quade, 1993; Yapp and Poths, 1992 Schroeder and
Melear, 1999). Furthermore, soil media with lower diffusivity will be
characterized by higher S(z) values than low diffusivity counterparts.
Moreover, due to variations in productivity of soil biota, soils from
warm climates will have higher S(z) values than cool climate coun-
terparts, and soils with abundant soil moisture will have higher S(z)
values than their drought-phase counterparts. For example, Breecker
et al. (2009) have recently monitored S(z) values for modern semi-
arid soils in New Mexico and found that there was significant seasonal
variation between about 500 and 2000 ppmv, which was in turn
reflected by seasonal variations in '>C and 6'0. Pedogenic carbonate
formation occurred simultaneously with S(z), 6'3C, and 6'0 minima,
which suggests that the carbonate is not recording mean growing
season conditions and that there is therefore a seasonal bias in the
formation of pedogenic carbonates.

Although modern 2-component soil CO, concentrations range from
little more than ambient tropospheric concentrations (~500 ppmV;
Wood and Petraitis, 1984) to as much as 21% of the soil atmosphere
(210,000 ppmV; Yamaguchi et al., 1967; Brook et al., 1983), soils that
are characterized by mixing of two soil CO, components, and which
contain in situ accumulations of calcite, appear to be limited to a range
of soil CO, concentrations from about 1000-8000 ppmV (de Jong and
Schappert, 1972; Brook et al., 1983; Wood and Petraitis, 1984; Soloman
and Cerling, 1987; Quade et al., 1989). This range of soil CO, con-
centrations reflects the relatively low productivity of soils character-
ized by calcite crystallization (Schlesinger, 1997). Note however, that
this very low range of soil pCO, also reflects that modern tropospheric
pCO; is low, and contributes very little (~300 ppmV) to total soil pCO,.
For times when tropospheric pCO, was significantly higher than
modern (e.g., 2000-3000 ppmV; Eocene, Paleocene, Cretaceous; Yapp
and Poths, 1996; Yapp, 2004; Tabor and Yapp, 2005a), soil CO, in
calcareous soils likely had a correspondingly higher concentration
(3000-11,000 ppmV).

Ekart et al. (1999) assumed soil CO, concentrations of 5000 ppmV
for 758 paleosol calcite samples representing ~400 million years time.
Nordt et al. (2002) assumed a range of soil CO, concentrations from
4000 to 6000 ppmV for paleosols from Upper Cretaceous and Lower
Paleogene strata in Alberta, Canada. Prochnow et al. (2006) assumed
soil CO, concentration to be 4000 ppmv for “arid to semiarid” paleosol
calcite and 5000 ppmv for “subhumid” paleosol calcite samples from
Triassic profiles in Utah, U.S.A. However, if the lower overall S(z)
values and seasonal bias recorded in modern semi-arid soils in terms
of S(z) was comparable in the geologic past, then it is likely that many
of the paleoatmospheric pCO, estimates in the literature are over-
estimates (Breecker et al. (2009), so care is needed in considering
records from arid to semi-arid settings.

In their treatment of Permo-Carboniferous paleosols from the
southwestern United States, Montafiez et al. (2007) assumed that
calcite samples taken from morphologies indicative of long-term net
soil moisture deficiency, such as Calcisols (Mack et al., 1993), were
characterized by generally low and invariant S(z) values, whereas
calcites from paleosol morphologies consistent with less soil moisture
deficiency, such as calcic Argillisols, were characterized by relatively
high and invariant S(z) values, and calcite samples collected from
paleosol morphologies that are indicative of significant variability in
soil moisture availability, such as calcic Vertisols, were characterized
by a larger range of S(z) values. Finally, the lithology of the paleosol
profiles (sandstone, siltstone, mudstone and claystone) was assumed
to have affected the soil pCO,. Montafiez et al. (2007) used the
following ranges of S(z) values for paleoatmospheric pCO, estimates:
(1) sandstone-dominated Calcisols are lowest, ranging from 1000-
3000 ppmV, (2) siltstone-dominated Calcisols range from 1500 to

4000 ppmV, (3) mudstone-dominated Calcisols range from 2000 to
5000 ppmV, (4) mudstone-dominated Vertisols range from 3200 to
7500 ppmV, (5) claystone-dominated calcic Vertisols range from 4000
to 8000 ppmV, and (6) mudstone-dominated calcic Argillisols are
highest, ranging from 6000 to 9000 ppmV.

The importance of the assumed soil pCO, values (Cs values) cannot
be overstated, as the resulting atmospheric pCO, estimates vary pro-
portionately with them (Cerling, 1991; Ekart et al., 1999; Royer et al.,
2001a,b; Tabor et al., 2004a,b). Therefore, until an independent means
of estimating soil CO, concentration (see Section 8.1 for a possible
method for this) at the time of calcite crystallization in a paleosol
profile becomes available, this parameter will remain an effectively
unknown value, and will continue to limit the utility of paleosol calcite
613C values as proxy of atmospheric pCO5.

Cerling (1991, 1992) were the first studies to demonstrate the
potential of paleosol calcite 6'C values as a proxy of atmospheric
pCO,, in which it was suggested that Cretaceous atmospheric pCO,
was significantly higher than modern values. This was followed by
several important studies of Paleozoic paleosol calcites, which
appeared to delineate a first-order trend of decreasing atmospheric
pCO, from ~15-20 PAL in the Early Paleozoic to near PAL in the Late
Carboniferous (Mora and Driese, 1993; Mora et al., 1996). These
Paleozoic studies were especially important at the time of publication,
because they were among the first geochemically-based pCO, proxy
data for comparison with carbon mass flux model pCO, estimates
(Berner, 1991; Berner and Kothavala, 2001), and the two different
model estimates appeared to agree with one another.

Ekart et al. (1999) compiled the first temporally extensive dataset
of two-component paleosol calcite §'>C values. Ekart et al. (1999)
presented results for 758 §'>C analyses that represented each time
period since the advent of vascular plants (~400 million years BP;
Fig. 19). The results of that study largely agreed with estimated
paleoatmospheric pCO, from carbon mass flux models, but Ekart
et al. (1999) also noted a significant disparity between pCO,
estimates from the two proxy methods for the Permian. There have
been dozens of additional studies of paleosol calcite 6'>C values since
the compilation provided by Ekart et al. (1999). Fig. 19 presents 2615
pedogenic calcite 63C values (black crosses), ranging in age from
Devonian to Recent (~415-0 My), which were compiled from the
literature. This compilation includes results only from those studies
that presented paleosol micrite 6'3C values in a Table or Appendix
(see caption in Fig. 19 for sources). Also shown in Fig. 19 are the best
fit and 95% confidence interval for terrestrial vascular plant organic
matter 8'>C values that is based upon analysis of 2148 different
samples, which range from Devonian to Late Cretaceous (Strauss and
Peters-Kottig, 2003). Because of complications related to the
evolution and prominence of C, photosynthesizers in landscapes
characterized by soils that accumulate calcite, the following discus-
sion is limited to pre-Cenozoic data. Furthermore, the authors
emphasize that the following discussion is intended only as a
demonstration of how models of 2-component soil CO, mixing can
be applied to paleosol calcite data, and it is not intended for any
specific inferences to be drawn about variations in paleoatmospheric
pCO,.

Assuming that organic matter 6'>C values in Fig. 19 accurately
represent the 6'>C values of organic matter in the soils from which
calcite 6'3C values are derived, they can be used to define an effective
lower limit for calcite 6'3C values that are permissive of two-
component soil CO, mixing. This lower limit calcite 6'>C value (thick
red line marked by 0 PAL) is 14.8%. more positive than contempora-
neous paleosol organic matter, which reflects 4.4%. diffusive enrich-
ment of CO, 6'3C values derived from oxidation of organic matter, as
well as an additional 10.4%. carbon isotope enrichment from gaseous
CO, to calcite due to carbon isotope fractionation between carbonate
species (at mildly alkaline pH; Bottinga, 1968). Calcite 6'>C values that
are more negative than this lower limit provide negative estimates of
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Fig. 19. Cross plot of 6'>C values of paleosol calcite samples (crosses and blue open circles) and vascular plant total organic matter versus age (in years). This dataset consists of 2615
calcite and 2148 organic matter data points compiled from peer-reviewed, published literature. Although many more pedogenic calcite and organic matter data points have been
reported in the literature, only samples that (1) have radiometric, paleomagnetic or biostratigraphic age constraints and (2) are tabulated are included herein. Calcite d13C values are
divided into open blue circles that represent the review data of Ekart and others (1999) and black crosses, which represent calcite d13C values from various studies (Srivastava, 2001;
Magaritz et al., 1981; Deutz et al., 2001; Schlesinger, 1985; Quade et al., 2004; Quade and Cerling, 1995; Fox and Koch, 2003; Dever et al., 1988; Sinha et al., 2006; Cerling, 1992; Clyde
etal., 2001; Behrensmeyer et al., 2007; Koch et al., 1995; Nordt et al., 2002; Alonso-Zarza and Tanner, 2006; Robinson et al., 2002; Quade et al., 1994; Ekart et al., 1999; Cerling et al.,
1991; Sinha and Stott, 1994; Andrews et al., 1995; Ghosh et al., 1995; Ghosh et al., 2001; Suchecki et al., 1988; Purvis and Wright, 1991; Kenny and Neet, 1993; Mora et al., 1996; Muchez
et al,, 1993; Prochnow et al., 2006; Tabor et al., 2004a,b; Mack et al., 1991; Tandon et al., 1995; Retallack et al., 2004a,b; Bowen et al., 2001; Bowen et al., 2005). Numerical age data
were taken directly from ages that were reported in the literature. Vertical drop lines on graph depict time boundaries for geological Epochs, Periods and Eras according to the
timescale of Gradstein et al. (2004). Some numerical age dates for the calcite 6'>C data that are based upon biostratigraphic- and magnetostraphic- correlation to out-of-date time

scales may differ slightly from numerical correlations to the timescale of Gradstein et al. (2004).

paleoatmospheric pCO,. Negative values of pCO, have no physical
meaning, and could be interpreted to represent calcite that formed
under closed (or semi-closed) system, 1-component soil CO, mixing,
or formation in the presence of oxidizing organic matter that is
isotopically more negative than those shown in Fig. 19. Calcite 6'>C
values that are more positive than this lower limit may be interpreted
as having formed in the presence of open-system, 2-component
mixing of CO, derived from in situ oxidation of organic matter and CO,
from the global troposphere. The resulting atmospheric pCO,
estimates are determined by the assumed concentration of soil CO-.
The thin red lines depict calcite 5'>C values for 2-component soils with
a total soil CO, concentration of 5000 ppmV and atmospheric pCO,
values of 1, 5, and 10 PAL. Within the context of the assumed variables
in this model of 2-component soil CO, mixing, paleosol calcite 6'>C
values suggest that atmospheric pCO, has ranged from modern to no
greater than ~7 PAL. However, in order to highlight the importance of
the assumed soil pCO-, that is input to the model, the black stippled
line depicts calcite 6'3C values that form in soil profiles with a total soil
CO, 0f 900 ppmV, and atmospheric pCO, of 300 ppmV. These assumed
parameters would suggest that Paleozoic and Mesozoic atmospheric
pCO, has not been much greater than ~1 PAL. Furthermore, due to
uncertainties in the values of assumed parameters, estimates of
atmospheric pCO, from soil calcite are certainly no better than +
300 ppmV, and probably closer to 4+500 ppmV to 41000 ppmV in
most instances (Yapp and Poths, 1996; Ekart et al., 1999; Tabor et al.,
2004a,b; Montafiez et al., 2007).

The authors reiterate that Fig. 19 is provided only as an example of
how atmospheric pCO, is related to calcite 63C values in soils
characterized by mixing of 2 components of soil CO,. In practice,
atmospheric pCO, estimates from paleosol calcite 6'C values should
include organic matter 6'3C values from the same paleosol or a deposit
in close stratigraphic proximity (e.g., Tabor et al., 2004a,b; Montafiez
et al,, 2007), and not use summary data sets or inferred values of soil
organic matter 6'3C values such as here.

7.4.3.2. Soil calcite 8"3C as a means of assessing soil pCO, and
productivity.  Although its potential has been largely ignored to
date (however, see Yapp and Poths, 1996), soil and paleosol calcite
6'3C values may be tremendously useful as a proxy of soil pCO-,
biological productivity, and evapotranspiration in calcareous paleosols
which formed prior to evolution and dominance of C4 photosynthe-
sizers (see Section 7.6; pre-Miocene). Recombination of Eq. (52)
relates measured calcite and organic matter 6'3C values to soil pCO5:

13 13
C —C * 6 CA(cc) -6 CO(cc)
S(ce) T “A(cc) §3 ¢ @ — 513 CO( )
m(cc cc

(53)

All definitions for Eq. (53) are as in Eq. (52). Considering that, in
certain situations, atmospheric pCO, is known by independent means
such as the 6'C and concentration of Fe(CO3)OH in goethite (see
below; Table 6), and that organic matter 6'>C values are available,
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Table 6
Age, 6°C and concentration (X,,) of Fe(CO3)OH in solid solution in goethite, and
estimated atmospheric pCO, (PAL; PAL=300 ppmV).

Epoch ~Age 8'°C Xm Atm.  Source
(Ma) (%) pCO;
Late Ordovician 440 —17.6 0.00645 16 Yapp and Poths (1993)
Late Devonian 360 —21.5 0.0175 1 Yapp and Poths (1996)
Early Permian 283 —135 0.0090 1 Tabor et al. (2004a,b)
Early Permian 270 —13.9 0.0083 1 Tabor et al. (2004a,b)
Early Jurassic 195 —153 0.0097 18 Yapp and Poths (1996)
Early Middle 185 —15.0 0.0088 18 Yapp and Poths (1996)
Jurassic
Late Middle 165 —17.2 0.0120 1 Yapp and Poths (1996)
Jurassic
Late Middle 165 —173 0.0099 1 Yapp and Poths (1996)
Jurassic
Late Cretaceous 80 —19.7 0.0103 4 Yapp and Poths (1996)
Paleocene 60 —20.1 0.0067 844 Tabor and Yapp (2005a)
Early Eocene 52 —20.1to 0.0014-0.0064 7 Tabor and Yapp (2005a)
—154
Late Tertiary 5 =217 0.0108 1 Yapp and Poths (1996)

then paleosol calcite '>C values may prove an important source of
information about the concentration of total soil pCO,, which is
known to be strongly correlated with evapotranspiration and soil
productivity (e.g., Brook et al., 1983). As mentioned earlier, modern
soil-forming environments that are characterized by precipitation of
calcite are generally low-productivity soils, with total soil pCO,
usually no greater than ~10,000 ppmV. Note however, that this very
low range of soil pCO, also reflects that modern tropospheric pCO5 is
low, and contributes very little (~300 ppmV) to total soil pCO,. For
times when tropospheric pCO, was significantly higher than modern
(e.g., ~2000-3000 ppmV; Eocene, Paleocene, Cretaceous; Yapp and
Poths, 1996; Yapp, 2004; Tabor and Yapp, 2005a), soil pCO, in cal-
careous soils likely had a correspondingly higher concentration. In this
regard, subtraction of atmospheric pCO, values yields the concentra-
tion of CO, in the soil that is derived only from oxidation of biological
materials (Cg; Yapp and Poths, 1996). Brook et al. (1983) reported a
least squares variance (R>=0.81) between soil productivity (as
specified by soil pCO,) and actual evapotranspiration, where actual
evapotranspiration is the quantity of soil water that is released from
the soil as water vapor through evaporation and transpiration. In this
regard, paleosol calcite 6'3C values may prove useful as a quantitative
proxy to assess aridity among populations of calcite-bearing paleosols;
this includes soils that are ambiguously assigned to subhumid, semi-
arid, and arid climates.

7.4.3.3. Pedogenic goethite. The common low-temperature mineral
goethite (a-FeOOH) occurs in solid solution with small amounts of a
ferric carbonate component (Fe(COs)OH). The molar concentration
and 6'3C composition of the Fe(COs)OH component in goethite are
measured with an incremental vacuum dehydration-decarbonation
technique that requires vacuum extraction lines with extremely low
background CO, values (see description of high-vacuum extraction
system by Yapp and Pedley, 1985). The molar fraction of Fe(CO3)OH is
very low, and therefore highly susceptible to contamination from
carbon sources that might be added to the goethite. Therefore,
goethites undergo a strict series of chemical pre-treatments prior to
incremental dehydration-decarbonation analysis. Goethites are
ground in reagent-grade acetone. The <63 um fraction is then treated
with 0.5-1.0 N HCl solution in order to remove calcite and thoroughly
rinsed before several treatments with 30% H,0, are made in order to
remove naturally occurring organics that may be sorbed to the surface
of the goethite. Goethite samples that have undergone the preceding
set of treatments are then analyzed in a set of incremental vacuum

dehydration-decarbonation experiments, ranging from ~190 to
240 °C, and CO, and H,0O dehydroxylation-decarbonation products
of goethite and Fe(CO3)OH are measured manometrically for their
molar ratios and 6'>C compositions. During the dehydration process,
“plateau” values of incremental H,0:CO, ratios (called “F’ ratios,
which are twice that of “X” ratios) and §'>C values emerge (Yapp and
Poths, 1991, 1992, 1993; Hsieh and Yapp, 1999; Yapp, 2001a,b, 2004;
Tabor et al., 2004b; Tabor and Yapp, 2005a). These plateau 6'C and F
values correspond to the 62C; and twice the X; values (described
below), respectively.

The molar concentration (X;) and carbon isotope value (6'3C¢) of
the ferric carbonate component is a function of the concentration and
613C, respectively, of the CO, present during crystallization of goethite
(Yapp, 1987a,b, 2001a,b, 2004; Yapp and Poths, 1991, 1992, 1993, 1996;
Tabor et al., 2004a,b). Two-component CO, mixing in the presence of
soil goethite crystallization involves CO, from the atmosphere and CO,
from oxidation of organic matter in the soil. Thus, the Fe(CO3)OH
component in goethites that form in such environments may preserve
information on the partial pressure of CO, in the Earth's atmosphere
as well as the ambient pCO, of soil gas. Yapp and Poths (1992) pre-
sented the following Henry's law equation that relates the molar
concentration of Fe(CO3)OH in solid solution in goethite to the
concentration of ambient CO, in the soil:

Log pCO, = LogX; + 6.04 — @ (54)

where X is the mole fraction of Fe(CO3)OH in solid solution in goethite
and T is temperature in K. If X; and T are known, then atmospheric
pCO, may be determined from Eq. (54). X; may be determined from
direct measurement of the Fe(CO5)OH in goethite, whereas tempera-
ture of goethite crystallization may be estimated from other proxies
(see below). To date, reported X; values of 2-component goethites
range from 0.0014 to 0.0175 (Table 6), which corresponds to soil pCO,
values ranging from ~20,000 to ~105,000 ppmV. Such high pCO,
values indicate humid, biologically productive soils consistent with
intense chemical weathering and development of recalcitrant pedo-
genic minerals such Fe-Oxides (Tardy et al., 1990a,b).

The equation that relates X; and 6'3C;; values of Fe(CO5)OH in solid
solution in goethites that form in the presence of two soil CO,
components to atmospheric pCO, is similar to that of pedogenic
calcite (Yapp and Poths, 1992, 1993, 1996):

8¢, = [(813CGA - 5‘3CGO)XGA} {XLJ +6%Cg (55)

The subscript “G” indicates goethite. 6'>C; is the measured 6'>C
value of Fe(CO3)OH in goethite, the §3C values subscripted with “A”
and “0” are defined in the manner for Eq. (52). X; is the measured mol
fraction of the Fe(CO3)OH component, in the goethite, whereas the
values X;4 would be the molar fraction of Fe(CO3)OH if atmospheric
CO, were the only CO, in the soil profile.

Eq. (55) indicates that, in a plot of 6'3C; vs. 1/X¢, the Fe(CO5)OH
component in goethite samples from the shallower portions of any
particular soil yield a linear array with a positive slope from which an
apparent pCO,, for Earth's ancient atmosphere can be calculated (Yapp
and Poths, 1992, 1993, 1996, Yapp, 2004; see Fig. 20).

To date, Fe(CO3)OH in solid solution in paleosol goethites has
provided estimates of paleoatmospheric pCO, from 12 different
paleosol profiles ranging in age from Ordovician to Miocene
(Table 6). This contrasts with several hundred estimates of paleoat-
mospheric pCO, from paleosol calcite (see, for example, Fig. 19). The
relative paucity of paleoatmospheric pCO, estimates from Fe(CO3)OH
in solid solution in paleosol goethites reflects that only a few research
groups have focused on this proxy method, difficulty of analysis
compared to paleosol calcite, and that paleosols with 2-component Fe
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Fig. 20. 5'>C vs.1/X; of Fe(CO3)H component in solid solution in goethites from two different soils (Yapp and Poths, 1993; Yapp, 2004). The slope of the data array from the pedogenic
goethites is related to atmospheric pCO, during the time of soil formation, and goethite crystallization. These data indicate atmospheric pCO, of 16xPAL during formation of a Late
Ordovician paleosol from the Neda fm. in Wisconsin, U.S.A, and 9xPAL for a middle Eocene paleosol profile from the Ione fm. in California, U.S.A. See text for discussion.

(CO3)OH in solid solution in goethite appear to be less abundant than
paleosol profiles with calcite. In spite of these limitations, estimates of
paleoatmospheric pCO, from Fe(CO3)OH in solid solution in paleosol
goethites are tremendously important because they represent the
only soil mineral that provides an internal proxy of soil pCO,, which
greatly reduces the uncertainty of atmospheric pCO, estimates to
about £ 300 ppmV. It is likely significant, however, that paleoatmo-
spheric pCO, estimates from paleosol goethites and calcites show the
same general trends through time (Yapp and Poths, 1996; Tabor et al.,
2004a,b).

7.4.4. Soil carbonates formed by mixing of three-components of soil CO,

7.4.4.1. Calcite.  As mentioned, 3-component CO, mixing includes
CO, derived from (1) in situ oxidation of soil organic matter, (2)
tropospheric CO, and (3) CO, derived from dissolution pre-existing
carbonate. Soil calcite derived from 3-component soil CO, mixing is
more likely to occur in soils and paleosols developed upon marine
carbonate, because these environments have high concentrations of
pre-existing carbonate. Furthermore, soil calcite formed upon marine
carbonates is expected to have more positive §'>C values than co-
existing soils characterized by 2-component and 1-component CO,
mixing, because marine carbonate is generally quite positive, usually
greater than ~ — 2%.. To date, the existence of soil calcite that records
the effect of mixing of 3-components of soil CO, has not been
demonstrated. Quade et al. (1989) isotope study of soil carbonate
along an elevation and climate transect in the Great Basin, Nevada, U.S.
A., included examples of pedogenic calcite from soils formed upon
both siliciclastic and carbonate parent materials. That work observed
a 12%. 6'3C variation over a 2440 meter elevation change. Yet, the
slope of calcite 6'2C values versus elevation was similar for samples
taken from soils on carbonate and siliciclastic parent materials. The
similarity of calcite 6'C values among carbonate- and siliciclastic-
hosted soils strongly suggests that there is complete exchange be-
tween HCO3 derived from dissolution of pre-existing marine calcite
and CO; in the soil that is derived from oxidation of organic matter and
tropospheric CO,. The large variation in soil calcite '>C values that
was observed in Quade et al. (1989) is interpreted to reflect principally
changes in the ratio of C3 and C4 photosynthesizers along the elevation
transect. Nevertheless, we suspect that soil calcite that is formed by
mixing of three-components of soil CO, exists, and will likely be found
in soil profiles that are (1) developed upon marine carbonate, and (2)
characterized by relatively low biological productivity. The former
condition reflects that marine carbonate values have positive 6'>C

values, whereas the latter condition reflects that lower biological
productivity will limit exchange with HCO3™ derived from dissolution
of pre-existing marine calcite and maintain a relatively positive 6>C
value of micrite. In this regard, karst surfaces developed upon marine
strata in times prior to evolution of vascular plants (pre-Silurian) may
be a good candidate for paleosol calcite that formed by mixing of 3
components of soil CO,.

7.4.4.2. Goethite. Hsieh and Yapp (1999) determined that Fe(CO3)OH
in solid solution in goethite from a Rhodic Paleudult in east Texas,
U.S.A,, preserves 6'3C values that range from — 13%. to — 14%. toward
the surface of the soil (31-64 cm) to — 6%, to — 4%. at depths of
122 cm beneath the surface. This depth-dependent trend of 6'°C values
is different from that expected in soils characterized by mixing of two
components of soil CO, (Fig. 16), and was interpreted to be a result of
incorporation of a fraction of dissolved carbonate that originated from
dissolution of marine calcite fossils in the parent material (Eocene
Weches Formation). More negative 6'>C values of Fe(CO3)OH towards
the surface of the soil were also interpreted to represent (1) more
intense and longer-duration weathering toward the top of the profile,
and (2) partial to nearly complete dissolution and re-precipitation of
goethite after carbonate had been removed from that portion of the
soil profile. Yapp (2001a, 2002) presented the following equation to
explain the 6'3C values of Fe(CO5)OH in solid solution in goethite from
acidic soils characterized by three-component soil CO, mixtures:

6°C, = [XGA (513CGA - 513Cco> + Xcs<5lgcco - 513Cccc)} <ch> + 6" Cee

(56)

With the exception of 'Cgcc and Xgs, all variables and subscripts
are defined in the manner for Egs. (52) and (55). 63 Cgcc is the 63C
value of Fe(CO3)OH in goethite if it were in equilibrium with aqueous
CO,, derived only from dissolution of pre-existing carbonate in the soil,
whereas X5 is the mole fraction of Fe(CO3)OH in goethite if it formed
only from CO, gas in a soil with mixing of two-components of CO,.

Eq. (56) indicates that, in a plot of 8'3C¢ vs. 1/X¢, the Fe(CO5)OH
component in goethite samples from the soil will yield a linear array
with a negative slope (Yapp, 2001a,b; 2002; Tabor et al., 2004a,b;
Tabor and Yapp, 2005b). Although it is not possible at this time to
estimate paleoatmospheric pCO, concentrations from the §'>C
and molar concentration of Fe(CO3)OH in goethites that formed in
the presence three-component soil CO, mixtures, they do provide
estimates of soil pCO,.
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From the perspectives of field-based morphological observations
and laboratory-based mineralogical inspection, goethites that form in
the presence of either 2- or 3-component soil CO, mixing are in-
distinguishable, and they are only discerned from one another by
determination of Fe(CO3)OH 6'3C values. That is, goethites with Fe
(CO5)OH 6'3C values that are too positive to be explained by two-
component soil CO, mixing are interpreted to have formed by three
component soil CO, mixing which included dissolution of pre-existing
carbonate with very positive 6'>C values (Hsieh and Yapp, 1999; Tabor
et al., 2004a,b; Tabor and Yapp, 2005a,c).

7.5. 8180 and 8D of hydroxylated minerals

Pedogenic chemical weathering products are dominantly clay-size
(<2 pum), of which a large proportion are hydroxylated (e.g., Wilson,
1999). The most common hydroxylated pedogenic minerals include
mica-like minerals, vermiculites, smectites, chlorites and interlayered
minerals, kaolinite, halloysite, iron oxyhydroxides, aluminum oxy-
hydroxides, and manganese oxyhydroxides (Dixon and Weed, 1989;
Wilson, 1999). If these hydroxylated minerals form in chemical equi-
librium with ambient soil waters, and the oxygen and hydrogen
isotope fractionation factors of these minerals are known (see Table 5
for examples pertinent to this work), then oxygen and hydrogen
isotope analysis of both soil and paleosol hydroxylated minerals may
provide insights into environmental and climatic conditions at the
time of mineral crystallization.

The earliest isotope geochemical studies of soils focused upon the
6'80 and 6D values of silicates and oxyhydroxides in weathering

profiles that developed upon igneous and metamorphic protolith
(Taylor and Epstein, 1964; Savin and Epstein, 1970a; Lawrence and
Taylor, 1971, 1972). These early studies recognized an upwards
enrichment of bulk silicate '®0 through the soil, as concentrations of
clay-size alteration products become greater (Taylor and Epstein,
1964). These results were interpreted to reflect an increasing con-
tribution of oxygen from low-temperature, pedogenically formed,
minerals, and destruction of pre-existing igneous and metamorphic
minerals, toward the soil surface. Lawrence and Taylor (1971, 1972)
noted that although the concentration of hydroxylated minerals
increases upwards through the soil profiles, there is little or no profile-
scale variation in silicate 6D values because the protolith from which
the soils are derived contained little or no primary hydroxylated
minerals (i.e., soil alteration products dominate the 6D value). Fur-
thermore, the 60 and 8D values of the soil alteration products
defined an array that roughly paralleled the meteoric water line
(Fig. 21); clay minerals exhibited offset from the meteoric water line,
in order from greatest to smallest: kaolinite, goethite, gibbsite and
amorphous aluminosilicates (Savin and Epstein, 1970a,b; Lawrence
and Taylor, 1971; Yapp, 1987a,b; note that this agrees with the isotope
fractionation equations in Table 5). Based upon the observed rela-
tionships, those early studies hypothesized that 6'®0 and 6D val-
ues of soil-formed hydroxylated minerals approach isotope
equilibrium with local meteoric waters at temperatures very near
that of the mean annual surface atmosphere. Subsequent studies
of soil-formed, hydroxylated- mineral 680 and 6D values have uti-
lized the basic observations outlined in those earlier studies in order
to (1) differentiate supergene (low-temperature) from hypogene
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2001a,b; Savin and Hsieh, 1998), which is calculated using oxygen and hydrogen isotope fractionation equations for kaolinite (Table 5) in conjunction with the 6D and 6'80 values of
meteoric precipitation and temperature data from the IAEA data base (Rozanski et al., 1993). The orange polygon represents the Warm Earth Surface Domain (WESD) which
considers global temperatures that are 5 °C warmer-than modern, and an ice-free, Earth. Open circles represent 5D and 6'®0 values for kaolinite samples that have been interpreted
to originate from hydrothermal and deep-burial diagenetic processes (Sheppard et al., 1969; Sheppard and Taylor, 1974; Marumo, 1989; Macaulay et al., 1993; Stewart et al., 1994;
Osborne et al., 1994; Decher et al., 1996; Hedenquist et al., 1998; Whelan et al., 1998; Matthews et al., 1999; Harris et al., 2000; Bethke et al., 2000; Parnell et al., 2000, 2004; Uysal
etal,, 2000; Marfil et al., 2005; Simeone et al., 2005). Open squares represent 5D and 6'0 values for kaolinite samples that were collected from soil and paleosol profiles (Sheppard,
1977; Hassanipak and Eslinger, 1985; Bird and Chivas, 1989 [Cenozoic samples only]; Lawrence and Rashkes Meaux, 1993; Mizota and Longstaffe, 1996; Boulvais et al., 2000; Girard
et al,, 2000, Tabor and Montafiez, 2005). For pure kaolinite samples, analytical uncertainty for 6D and 6'30 values are + 3%, and =+ 0.2%., respectively, which corresponds to
uncertainties in paleotemperature estimates of + 3 °C. Several kaolinite §'0 values, however, are calculated end-member values from mixtures of kaolinite and some other silicate
(e.g., quartz; Bird and Chivas, 1989; Lawrence and Rashkes Meaux, 1993), and have larger uncertainties (<+ 1.1%.). With the exception of a single kaolinite from the Oligocene of
Australia (Bird and Chivas, 1989), all pedogenic and paleopedogenic kaolinite samples reside within the MSD or WESD. (For interpretation of the references to colour in this figure
legend, the reader is referred to the web version of this article.)
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(hydrothermal) deposits, (2) delineate the paragenesis of mineral-
formation in soils and paleosols, (3) determine the extent of chemical
weathering in soil and paleosol profiles, (4) determine variations in
the composition of soil moisture 680 and 8D values, and (5) estimate
the temperature of mineral crystallization.

7.5.1. Origin of residual deposits

In their study of economic copper deposits, Sheppard et al. (1969)
analyzed 6'80 and 6D values of phyllosilicates from the Idaho batho-
lith. These workers arbitrarily selected an isotherm near 40 °C that
represents equilibrium with meteoric water in order to separate
minerals that formed by hypogene (580 and 6D values that cor-
respond to >40 °C) processes from minerals that formed by supergene
(6'0 and 6D values that correspond to <40 °C) processes (Fig. 21).
This supergene/hypogene reference isotherm continues to be used
with all sorts of hydroxylated minerals in order to differentiate low-
temperature, from high-temperature, weathering deposits (Sheppard
and Taylor, 1974; Sheppard and Gustafson, 1976; Hassanipak and
Eslinger, 1985; Marumo, 1989; Cravero and Dominguez, 1992; Cravero
et al., 1991, 2001; Yiu and Chang, 1999; Matthews et al., 1999; Tabor
et al, 2004ab). Fig. 21 shows the supergene/hypogene line for
kaolinite. Also shown are previously reported 6'®0 and 6D values of
kaolinite from hydrothermal, diagenetic and pedogenic weathering
environments (see figure caption for appropriate citations). The range
of kaolinite 6'®0 and 6D values indicates that many of the world's
kaolinite deposits are likely derived from low-temperature, supergene
weathering (e.g., Hassanipak and Eslinger, 1985; Bird and Chivas, 1989,
1993, 1995; Cravero et al., 1991; Lawrence and Rashkes Meaux, 1993;
Mizota and Longstaffe, 1996; Delgado and Reyes, 1996; Harris et al.,
2000; Matthews et al., 1999; Boulvais et al., 2000; Fig. 21).

In consideration of the possible origin(s) for goethite 6D and 680
values, Yapp (1993a, 2001a,b) further refined the meaning of super-
gene processes with the concept of surface domains in order to dif-
ferentiate goethite samples that formed by earth-surface processes
from goethites that formed by higher-temperature processes. This
concept was subsequently expanded to surface domain arrays for
kaolinite (Savin and Hsieh, 1998), smectite (Tabor and Montafiez,
2005) and complex mixtures of kaolinite and 2:1 phyllosilicates
(Tabor and Montafiez, 2005). While it is difficult, and probably im-
possible, to demonstrate with absolute certainty that a hydroxylated
mineral formed within a soil (and remained unaltered within the
paleosol) profile, surface domains are constrained by a global dataset
of mean annual rainfall 5'®0 and surface air temperatures, and thus
provide a quantitative means to assess whether a mineral's 6'%0 and
6D values are consistent with environmental conditions that are
expected during pedogenesis.

Specifically, the modern surface domain uses the weighted mean
680 value of precipitation (6'®0pyecip) from each site in the IAEA
database in order to calculate the corresponding 6D of meteoric
precipitation (Rozanski et al., 1993). This assumes that the meteoric
water line (MWL) of Craig (1961) correctly represents the relationship
between the 6D and 6'30 of meteoric waters through time. In addition,
only waters from IAEA sites with a mean annual temperature >0 °C are
used to construct the MSD, as it is expected that liquid water is a
requirement for crystallization of hydroxylated minerals. This treat-
ment of the IAEA database yields 184 data points, ranging from 0 °C to
~30 °C (Fig. 15). When considering these modern [AEA data in
conjunction with oxygen and hydrogen isotope fractionation factors
for a given mineralogy, there is a resulting array of estimated mineral
6D and 6'80 values that define a MSD. Fig. 21 shows the calculated
MSD for kaolinite. Also shown are published kaolinite 6D and 6'30
values (see Fig. 21 caption for references). Of the 79 different kaolinite
samples taken from soil and paleosol profiles, 75 samples reside within
the MSD (data points labeled “pedogenic” in Fig. 20).

The Warm Earth Surface Domain (WESD) model assumes global
temperatures 5 °C warmer-than modern, and no significant con-

tinental ice sheets (Yapp, 2001a,b). This concept of the WESD array
may be appropriate for “greenhouse world” intervals (Early Paleo-
zoic, most of the Mesozoic, Early Cenozoic; e.g., Frakes et al., 1992).
Using kaolinite as an example, the resultant WESD is plotted along
with the MSD (Fig. 21). The WESD is somewhat more inclusive of
kaolinite samples with lower 680 and 6D compositions than its
corresponding MSD. All but one of the 4 pedogenic kaolinites that
reside outside the MSD in Fig. 21 fall within the limits of the WESD.
Therefore, ~99% of paleosol kaolinite sample 6'0 and 8D values can
be adequately explained within the contexts of the MSD and WESD,
and thus may provide some insights to low-temperature earth-
surface processes. 5'0 and 6D values of samples that fall outside of
the surface domain arrays must be explained by other processes,
such as a non-pedogenic origin, or diagenetic alteration of pedogenic
minerals.

7.5.2. Variations in soil moisture 6'0 and 6D values

Numerous studies have demonstrated that 6’80 and 8D values of
hydroxylated soil minerals reflect the isotope composition of soil water
(Savin and Epstein, 1970a; Lawrence and Taylor, 1971, 1972; Yapp,
1993a, 2001a,b; 2002; Hsieh, 1997; Vitali et al., 2000, 2001).
Hydroxylated soil minerals form by (1) transformation of pre-existing
framework minerals in the soil by rapidly downward percolating soil
waters (Beauvais and Tardy, 1991; Wilson, 1999; Bird et al., 1994b) or
(2) direct precipitation from soil solutions with high Si, Al and Fe
activities in poorly drained parts of soil profiles (Keller, 1963; Bourange
et al., 1975; Wilson, 1999). As a result, soil waters that react to form
hydroxylated soil minerals tend to have 6'0 and 8D values which very
closely reflect regional meteoric precipitation (Bird et al., 1992, 1994b;
Giral-Kacmarcik et al., 1998). While the resulting 6'80 and 8D values of
the hydroxylated minerals may be offset from the true 60 and 6D
values of meteoric precipitation due to isotope fractionation (see
Table 5), numerous studies have used the 680 and 8D values of soil and
paleosol hydroxylated minerals as temporal and spatial proxies for
relative changes in the oxygen and hydrogen isotope composition of
soil moisture and meteoric precipitation.

Lawrence and Taylor (1972) initially demonstrated that 680
and 6D values of pedogenic phyllosilicate, gibbsite and amorphous
aluminosilicates track regional meteoric precipitation 6'®0 and 6D
values. Dutta and Suttner (1986) noted that 60 values of early
diagenetic-silicate cements (kaolinite, smectite, and quartz) from
arkosic sandstones of the Gondwana Supergroup in India become
more positive in younger strata, a pattern which they attributed to
northward migration of the subcontinent through warmer climates
characterized by more positive meteoric water 6'30 values (e.g., see
global rainfall 6'%0 values in Fig. 15).

Bird and Chivas (1988a,b, 1989, 1993; Chivas and Bird, 1995; See
also Botz et al., 1986) focused upon kaolinite 5'80 and &D values from
Upper Paleozoic through Neogene strata of the Australian regolith.
Australian kaolinites record more positive 680 values through time,
from ~ 4+ 6%. in Permian strata to + 18%. in Miocene strata, which was
also attributed to northward tectonic drift of the Australian continent.
Collectively, these studies demonstrate the utility of hydroxylated
soil-formed minerals as monitors of long-term (105-10% yr) climatic
change on the time-scales of tectonic processes. Bird and Chivas
(1988b) also noted that Paleozoic and Lower Mesozoic kaolinites
appear to have 6D values that are too positive for pedogenesis (see
black squares in Fig. 21). They interpreted these results to indicate that
kaolinite samples have retained their Paleozoic and Mesozoic
pedogenic 630 values, but that these samples also have undergone
post-formational (i.e., diagenetic) exchange of hydrogen isotopes,
which has resulted in 6D values that appear too positive for crys-
tallization with meteoric water at soil temperatures (Fig. 21). Note
that most of these suspect kaolinite samples have 6'20 values that are
too negative for either the modern surface domain (MSD) or warm
earth suface domain (WESD; Fig. 21). In this regard, post-formational
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hydrogen isotope exchange does not seem to adequately explain the
origin and isotope composition of these kaolinites. Uysal et al. (2000)
suggested that the '®0 and 6D values of phyllosilicate from
the Permian coal measures in Australia result from hydrothermal
(~235 °C), rock-dominated, alteration during Late Triassic tectonic
extension, and are not related to pedogenesis. The conclusions of
Uysal et al. (2000) are significant because, if correct, post-formational
change of hydrogen isotopes, in the absence of dissolution (and a
corresponding change in 6'80 values), has yet to be demonstrated as
an important process in hydroxylated pedogenic minerals (Yeh and
Savin, 1977; Yeh and Epstein, 1978; Elsinger and Ye, 1981; Yapp, 19934,
2000; Sheppard and Gilg, 1996; Gilg, 2000; Tabor and Montaiiez,
2005; Tabor, 2007; cf. O'Neil and Kharaka, 1976; Keyser and Kerrich,
1991).

At higher-resolution scales, Stern and others (1997) noted a 3-4%o
increase in 6'80 values of mixed smectite and kaolinite samples from
Miocene paleosol profiles, over a 1-2 My interval (~8.5-6.5 Ma), in
the Himalayan Molasse of Pakistan. These workers attributed the shift
in phyllosilicate §'30 values to be mechanistically linked to the onset
of Indian Monsoon atmospheric circulation, and to diversion of
isotopically heavier moisture over the Indian Ocean to interior
continental sites (see also Quade et al., 1989, 1995; DeCelles et al.,
2007). In their study of mixed 2:1 and 1:1 phyllosilicates from Permo-
Carboniferous paleosols of the southwestern U.S.A., Tabor et al. (2002)
noted that paleosol phyllosilicates record 680 values similar to those
found in modern low-latitude, coastal and maritime sites. Tabor and
Montafiez (2002) interpreted these results to indicate a western
source of meteoric precipitation, and low-latitude, reverse equatorial
flow over western equatorial Pangea.

Several studies have used both 6D and §'®0 values of hydroxylated
minerals as monitors of paleo-elevation (Chamberlain and Poage,
2000; Horton et al., 2004). Chamberlain and Poage (2000) noted an
~6%o decrease in Early Pliocene smectites from altered ashes in New
Zealand, which they attributed to an ~2 km uplift of the Southern Alps.
6D values of Eocene-age kaolinites that formed by alteration of
auriferous gravels in California, U.S.A., indicate that the Sierra Nevada
Range has remained high (>2200 m) over the past 40 to 50 million
years (Mulch and Chamberlain, 2006). These studies are based upon
the assumption that hydroxylated mineral 6'30 and 8D values change
with elevation. In their survey of 68 studies of meteoric waters in
mountain belts, Poage and Chamberlain (2001) found that meteoric
water 6'30 values decrease by 2.8%. for every kilometer of elevation
rise (R*=0.79). As with other paleoelevation methods (e.g., Quade
et al, 2007; Rowley and Garzione, 2007), the choice of lapse rate
model greatly affects the absolute elevations predicted using pedo-
genic 6'20 values.

7.5.3. Single-mineral paleotemperature estimates

The potential of pedogenically-formed hydroxylated minerals as
single-mineral geothermometers has been realized since pioneering
studies of phyllosilicate 6'80 and 6D values in soils and sediments in
the early 1970 s (Savin and Epstein, 1970a,b; Lawrence and Taylor,
1971; Lawrence and Taylor, 1972). These early studies determined that
6'80 and 6D values of soil-formed and other “supergene” hydroxylated
minerals define an array that is roughly parallel with the meteoric
water line. Savin and Epstein (1970a) suggested that, under conditions
of chemical equilibrium with meteoric water, hydroxylated mineral
6'30 and 6D values exhibit the following general relation:
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Subscript “m” denotes the mineral of interest, and the terms Py,
and ", denote the hydrogen and oxygen isotope fractionation

values (a-values), respectively, between the mineral of interest and
water. Given that values for Py, and Ba,., are temperature
dependent (Table 5), and provided that temperature-dependent frac-
tionation factors are known, these early studies speculated that mea-
surements of 6Dy, and 6'®0,, in soil-formed hydroxylated minerals
might provide information about the temperature of crystallization.

7.5.3.1. Goethite. Yapp (1987a,b, 1993a, 2000) suggested that
measured 680 and 6D values of ancient goethites might be useful as
single-mineral paleothermometers. This paleotemperature proxy
assumes chemical equilibrium with waters that lie upon Craig's
(1961) Meteoric Water Line:
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6Dg and Slgog are the measured hydrogen and oxygen isotope
composition, respectively, of goethite, and Pag. is the stable
hydrogen isotope fractionation factor between goethite and water
(0.905; see Table 5). The analytical uncertainty of paletemperature
estimates using this method is no better than +3 °C. Using this
approach, Yapp (2000) presented 6D, and §'80, values of 31 different
natural goethite samples. The goethite 6D, and §'80, values
corresponded to a range of crystallization temperatures from 6° to
69 °C, of which 16 goethites plotted within the goethite Modern
Surface Domain, 8 goethites plotted within the limits of the goethite
Warm Earth Surface Domain, and 7 goethites occurred outside the
limits of either goethite surface domain. Tabor and others (2004a)
measured 6Dy and §'0, values of —132+4% and 2.7 +0.2%,
respectively, for goethite from a paleosol in Argentina that formed
during the Late Triassic, at ~35-40° S paleolatitude. These values
correspond to a crystallization temperature of 6 4 3 °C; relatively cool
temperatures for an interval of time that is generally associated with a
Greenhouse (warm) global climate. Pleistocene-age goethites from
Oklahoma, U.S.A., preserve 6D, and 6'80, values of ~— 123 + 3%, and
~2.940.2%., values which correspond to crystallization temperatures
of ~943 °C (Tabor and Yapp, 2005c). Such inferred paleotempera-
tures are 7 °C lower than modern mean annual temperatures in
Oklahoma, U.S.A., and correspond well with independent studies that
propose temperatures were ~6 °C cooler in this region during intervals
of Pleistocene time (Stute et al., 1992; Stute and Schlosser, 1993).

7.5.3.2. Smectite and mixed phyllosilicates. Delgado and Reyes (1996)
used oxygen (Savin and Lee, 1988) and hydrogen (Capuano, 1992)
isotope fractionation equations for smectite, in conjunction with
Craig's (1961) equation for the Meteoric Water Line in order to relate
the 6'0 and 6D values of smectite in paleosols to temperature of
crystallization:

(0 — 150 °C) (61)
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where 680, and 6Ds;, are the measured smectite §'80 and 8D val-
ues. The analytical uncertainty of paleotemperature estimates using
this method is no better than 43 °C. Delgado and Reyes observed that
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6'80 and 6D values of altered bentonites from Cortijo de Archidona
(Southeastern Spain) ranged from 21.0 to 23.0%. and — 87 to — 102%o,
respectively, which corresponds to temperatures of crystallization
ranging from 9 43 °C to 21 4- 3 °C. In their assessment of clay minerals
in an Upper Triassic paleosol profile derived from basalt, Tabor and
others (2004a) measured smectite 6'%0 and 6D values ranging from
14.5 to 15.6%0 and — 78 to — 71%,, respectively. This range of smectite
6'80 and 6D values corresponds to temperatures of crystallization
ranging from 49 to 57 °C. Such temperatures are far too high for
soil formation, and were interpreted to result from hydrothermal
alteration.

Tabor and Montafiez (2005) adopted a similar approach to that of
Delgado and Reyes (1996) in order to estimate temperature of smectite
crystallization for smectite and kaolinite mixtures in Upper Pennsyl-
vanian and Lower Permian paleosols from Texas, U.S.A. Notable
differences between the approach of Tabor and Montafiez (2005)
and Delgado and Reyes (1996) are (1) analysis of only the <0.2 um
fraction of phyllosilicate and (2) consideration of the variability of
oxygen and hydrogen isotope fractionation between smectite and
water that is related to differences in the chemical composition of
smectite. The range of §'80 and 6D values corresponds to temperatures
of phyllosilicate crystallization ranging from 22+3 °C to 35+ 3 °C,
where phyllosilicate 6'®0 and 6D values from Upper Pennsylvanian
paleosol profiles indicated significantly lower temperatures than 6'30
and 6D values from Lower Permian paleosol profiles.

Vitali et al. (2002) analyzed the <0.2 pm of mixed-mineral
phyllosilicate fraction from a middle Cenomanian paleosol profile in the
Dunvegan fm., British Columbia, Canada. Measured 6'0 and 6D values
ranged from — 12.9%. to — 11.6%. and — 93%. to — 81%s, respectively, and
were interpreted to correspond to paleotemperatures of phyllosilicate
crystallization ranging from 9 to 16 °C. To date, very few studies have
focused upon the 6'30 and 6D values of soil and paleosol smectites and
other common pedogenic minerals such as gibbsite and related
aluminum hydroxides (Bird and Chivas, 1989; Vitali et al., 2000, 2001)
and illite (Yeh, 1980; Capuano, 1992; Gilg, 2003; Hyeong and Capuano,
2004). Nevertheless, these hydroxylated pedogenic minerals are very
common mineral products of pedogenic weathering, and these minerals
have the potential to become important proxies of paleotemperature
throughout much of the terrestrial Phanerozoic stratigraphic record.

7.5.3.3. Kaolinite.  Much work has been done with the oxygen and
hydrogen isotope compositions of soil-formed kaolinites (Sheppard,
1977; Hassanipak and Eslinger, 1985; Bird and Chivas, 1988a,b, 1989;
Lawrence and Rashkes Meaux, 1993; Savin and Hsieh, 1998; Girard
and Savin, 1996; Giral-Kacmarcik et al., 1989; Girard et al., 2000). The
oxygen and hydrogen isotope kaolinite-water fractionation equations
(Sheppard and Gilg, 1996) in conjunction with the equation for the
meteoric water line of Craig (1961) relates the measured 5'®0 and 6D
of kaolinite to temperature of crystallization:
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As discussed earlier, only kaolinite samples from paleosol profiles
with 680 and 6D values that plot within the WESD and MSD should
be considered viable paleotemperature proxies. For the following
discussion, we also limit the dataset of kaolinite 6'80 and 6D values to
only those samples that are known to have formed within the time-
frame of an individual Epoch or less in the Cenozoic. Cretaceous
samples are limited to Campanian or younger kaolinites. This culling
of the literature data leaves 78 kaolinite samples, which are plotted
with respect to their corresponding paleolatitude of soil formation in
Fig. 22.

Several observations may be made from this dataset (Fig. 22).

(1) The mid-latitudes, from ~35 to 50° N and ~30 to 62° S, are the
only locations with published, pre-Pliocene kaolinite 6'®0 and 6D
values. However, pedogenic kaolinite formation surely formed at
lower latitude tropical sites (e.g., Wilson, 1999; Jacobs et al., 2005).
Therefore, more attention should be given to determination of kao-
linite 6'80 and 6D values, as well as other potential geochemical proxy
data of paleotemperature, from low-latitude sites in the future.

(2) Kaolinite 5'0 and 6D values indicate their warmest mean
temperatures (24 °C) during Cretaceous and Eocene time, followed by
Paleocene (22 °C), and their lowest mean temperatures (20 °C) during
Oligocene and Miocene time.

(3) Kaolinite 6'®0 and 6D values correspond to crystallization
temperatures that are significantly (>3 °C) higher than mean annual
surface-air temperatures at modern isolatitudinal sites. Because of the
large thermal-mass of soil compared to atmosphere, subsurface
temperatures are generally assumed to be approximately equivalent to
that of mean annual temperature (+ 1 to 2 °C) with little or no seasonal
change in temperature (e.g., Cerling and Quade, 1993; Buol et al., 2003).
Therefore, isotope values of pedogenic isotope compositions are
assumed to approximately record mean annual surface air temperatures
in most studies (Yapp, 2000; Tabor, 2007; Tabor and Montafiez, 2005;
Tabor and Yapp, 2005c¢). Yet, long-term monitoring of ground and air
temperatures from mid-latitude sites indicates that subsurface soil
temperatures are strongly correlated with surface air temperatures, and
vary seasonally, from ~0° to 22 °C, at 1.0 m depth (Bartlett et al,, 2006).
The rate of chemical weathering, and of crystallization of pedogenic
minerals, is strongly temperature dependent. Furthermore, crystal-
lization of soil minerals likely will not occur at 0 °C, as liquid water is
necessary for chemical reaction. Therefore, it is possible that strikingly
warm temperatures indicated by kaolinite 5'0 and &D values in Fig. 22
more accurately reflect surface-air temperatures during warm-months
and growing seasons, and thus should not be compared with modern
mean annual surface air-temperatures.

Note that mean annual surface air temperatures in low-latitude
tropical sites do not vary annually by more than 1 or 2 °C. Therefore
soil subsurface temperatures do not vary by more than 1 or 2 °C, and
pedogenic mineral 6'0 and 6D values from those sites likely provide
areasonable approximation of surface air temperatures. However, it is
possible that perennially warm conditions, similar to those in the
modern tropics, existed at higher mid-latitude sites during early
Neogene, Paleogene and Late Cretaceous. This reflects both that
paleosol profiles (Van Houten, 1961, 1982; Dury, 1971; Tardy et al.,
1990a,b) and fossil floras (e.g., Dorf, 1964) that are indicative of
modern, low-latitude tropical, sites (~15° N and S) occurred at
paleolatitudes as high as 60°N. Furthermore, marine paleotempera-
ture indicators suggest that mid-latitude surface oceans were sig-
nificantly warmer, as high as 30 °C, during intervals of the Paleogene
and Late Cretaceous (e.g., Takashima et al., 2006). In this regard,
paleosol kaolinite 6’80 and 6D values, and paleotemperature esti-
mates shown in Fig. 22, may provide reasonable estimates of mean
annual surface air paleotemperatures.

Future work of this sort should seek to (1) collect kaolinite 6'0
and 6D values for paleotemperature estimates from places and times
that are poorly represented in Fig. 22, (2) produce similar databases
of 60 and 6D value with other common hydroxylated pedogenic
minerals, and (3) if these paleotemperatures are correct, evaluate
what mechanisms (such as atmospheric pCO,, ocean and atmospheric
circulation, etc.) might contribute to such high temperatures in the
mid-latitudes.

A major limitation to the application of single-mineral paleotherm-
ometers from soils and paleosols is the requisite assumption of
chemical equilibrium with water 6'0 and 6D values that lie upon the
meteoric water line of Craig (1961). Changes in the position of the
MWL (in hydrogen vs. oxygen isotope space) might have occurred at
times during the geological past. The slope of the meteoric water line
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Fig. 22. Cross plot of estimated temperatures of kaolinite crystallization versus paleolatitudes of the paleosol profiles from which kaolinte samples were taken. Negative and positive
values of latitude indicate positions in the southern and northern hemisphere, respectively. Paleolatitudes were determined using the “Point Tracker (v. 4) for Window” software
package (developed by C.R. Scotese). Thick black line is the best-fit curve for mean annual surface air temperatures for weather station below 100 m above sea level in the
International Atomic Energy Association database (Rozanski et al., 1993). Thin dashed lines represent the + 1s among the mean values for surface air temperatures. Temperature
estimates for kaolinite crystallization are based upon published §'®0 and 6D values (Sheppard, 1977; Hassanipak and Eslinger, 1985; Bird and Chivas, 1989; Lawrence and Rashkes
Meaux, 1993; Mizota and Longstaffe, 1996; Boulvais et al., 2000) and are depicted as follows: green dots= Cretaceous, blue dots=Paleocene, red dots=Eocene, orange
dots = Oligocene, yellow dots = Miocene. Ages for kaolinite samples are generally poorly known, and only kaolinite samples that are known to be limited to an Epoch are shown for
Cenozoic data points. All Cretaceous samples are Campian or Maastrichtian. Temperature estimates are no better than 4-3 °C. See text. (For interpretation of the references to colour

in this figure legend, the reader is referred to the web version of this article.)

has not likely changed by more than 0.1%. (e.g., Yurtsever and Gat,
1981) and, while the intercept of the meteoric water line is susceptible
to variation that is principally related to humidity of air masses over
the low-latitude tropics, it is unlikely that such changes will result in
paleotemperature estimates that differ by more than 42 °C (Delgado
and Reyes, 1996). In addition, evaporation of water from the soil profile
will drive soil water §'®0 and 6D values to the right of the meteoric
water line (Rozanski et al., 1993). Therefore, kaolinite which forms in
equilibrium with soil waters that are offset from the meteoric water
line through evaporation can result in significant overestimates of
paleotemperature.

7.5.4. Mineral-pair 6'80 values

If two (or more) co-existing soil minerals form in chemical equi-
librium, then differences in the §'®0 values of those two (or more)
minerals may provide an estimate of temperature at the time of
mineral co-precipitation. Paleotemperature estimates that are based
on mineral-pair 6'80 values have a significant advantage over paleo-
temperature estimates that are based upon single-mineral 6'®0 and
6D values, in that the isotopic composition of soil water from which
the minerals are derived is not important, and it is unnecessary to
assume that soil water 6'®0 and 6D values lie upon the meteoric water
line of Craig (1961).

There are only a few examples of paleotemperature estimates
based on oxygen-isotope mineral pairs from pedogenic minerals. Yapp
(1993b) estimated a paleotemperature of 23 + 4 °C from a phosphate-
goethite pair in Late Ordivician oolitic ironstone from the Neda fm.,
Wisconsin, USA. Yapp (1998) estimated a paleotemperature of 32 +
4 °C from a kaolinite-goethite pair in Early Jurassic oolitic ironstone
from Israel. Tabor (2007) estimated paleotemperatures from hema-
tite-phyllosilicate pairs at five different stratigraphic horizons in
Upper Pennsylvanian and Lower Permian paleosol profiles from Texas,
USA. These hematite-phyllosilicate oxygen-isotope pairs indicate
warming from relatively cool (24+3 °C) soil temperatures in the
Late Pennsylvanian to warmer soil temperatures (25 to 3743 °C) in
the Early Permian. To date, all mineral-pair estimates of paleotem-

perature come from analysis of paleosol minerals that formed at low-
latitude, tropical sites. Therefore, it is likely that these paleotempera-
ture estimates reflect mean annual surface-air temperatures, rather
than warm-season averages (see discussion of this in Section 7.5.3.3).

As mentioned above, oxygen isotope mineral-pair paleotempera-
ture estimates are not sensitive to the isotopic composition of soil
water from which the minerals co-precipitate. The temperature esti-
mate provided by this proxy, however, does permit estimation of soil
water 6'80 values. In the instances for the Late Ordovician and Early
Jurassic examples provided in Yapp (1993b, 1998), estimated soil
water 6'80 values are ~— 7.0%.. For the Late Carboniferous and Early
Permian examples, estimated soil water 6'®0 values range from
—3.8%. to —4.9%.. In addition, within analytical uncertainty, paleo-
temperature estimates from Upper Carboniferous and Lower Permian
hematite-phyllosilicate mineral pairs are indistinguishable from
single mineral paleotemperature estimates that are based upon 6'20
and 6D values from paleopedogenic phyllosilicates. This represents a
rare instance in which a persuasive case can be made for (1) low-
temperature chemical equilibrium and (2) demonstration that very
ancient soil water 6'0 and 6D values lie upon, or very near, those
defined by the modern meteoric water line (Craig, 1961).

7.6. Paleo-vegetation/paleo-photosynthesis

An additional application of isotope geochemistry in paleosols is to
reconstruct past vegetative cover by estimation of the ratio of plants
using C3 and C4 photosynthetic pathways (e.g., Quade et al., 1989,
1994; Cerling, 1992; Cerling and Quade, 1993; Cerling et al., 1993;
Kingston et al., 1994; Latorre et al., 1997; Fox and Koch, 2003, 2004).
The topic was recently reviewed by Tipple and Pagani (2007), so
readers seeking a comprehensive review of this subject are directed
there. However, a short review of the approach is appropriate here
before we discuss some of the applications and results.

Cs3 photosynthesis (Calvin-Benson) is the earliest developed pho-
tosynthetic pathway that is used by terrestrial plants. CO, diffuses into
the plant and after a number of intermediate steps involving ribulose
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1,5-biphosphate (RuBP) and the enzyme Rubisco, the 3-carbon sugar
glyceraldhydes-3-phosphate (G3P) is produced (Tipple and Pagani,
2007). For each six G3P molecules produced, one molecule is con-
verted to a simple sugar for cell use and the remaining five are
recycled to generate more RuBP (Tipple and Pagani, 2007). Under
environmentally stressful conditions such as high temperature,
aridity, or high-light intensity, leaves close their stomatal openings
and consequently, have lower internal CO, concentrations, which
reduces the efficiency of C; photosynthesis. Two other photosynthetic
pathways have evolved in terrestrial vascular plants: 1) Crassulacean
acid metabolism (CAM), which is used primarily by succulents and
2) C4 photosynthesis, which is used primarily by dry- and cold-climate
grasses. Ultimately, C4 photosynthesis uses the Calvin-Benson cycle to
fix C, but a series of intermediate storage reactions increase the overall
photosynthetic efficiency under environmentally stressed conditions
by storing CO, as HCO3™ that can be re-converted to CO, for use at the
optimally efficient time (Tipple and Pagani, 2007).

This difference between photosynthetic pathways is recorded by
paleosol carbonates and organic matter because of differences in how
strongly the two pathways discriminate against >C. C3 photosynthesis
discriminates more strongly, which results in typical biomass 6'3C
values of — 20%. to — 33%. (mean — 27%.), whereas C4 photosynth-
esis does not discriminate strongly, which results in typical biomass
613C values of —10%. to —14% (mean —13%.) (e.g., Koch, 1998;
Cerling and Harris, 1999). The 6'3C value of soil biomass is directly
related to 6'2C values of soil-respired CO, and pedogenic calcite (see
Sections 7.1-7.4). Owing to a variety of factors (reviewed in Koch, 1998
and discussed above) soil calcite is typically 14%.-17%. more positive
(i.e., 3C-enriched) relative to soil-respired CO,. CAM plants are re-
latively rare, so most soil organic matter is derived either from Cs or C4
photosynthesis. Thus, using either §'3C, or §C,. values, it is possible
to derive a simple two-component mixing line between C; and C4
photosynthetic pathways, and consequently, vegetation types since C4
plants are typically grasses (though it should be noted that there are
also a number of C; grasses).

For pedogenic carbonates (and assuming an enrichment factor
[A™3C] of 15.5%. (e.g., Fox and Koch, 2003), the proposed mixing line is
between — 11.5%. (100% Cs) and + 2.5%. (100% C,). Using this equa-
tion, or a similar one, various authors have reconstructed the balance
between C3 and C,4 plants during the Cenozoic in areas including East
Africa, Pakistan, Greece, and North and South America (Quade et al.,
1989, 1994; Cerling and Quade, 1993; Cerling, 1992; Cerling et al.,
1993; Kingston et al., 1994; Latorre et al., 1997; Fox and Koch, 2003,
2004) and have concluded that there was a significant expansion of
the amount and range of C4 plants in the late Miocene (e.g., Fig. 19).
Those results are further supported by analyses of mammal diets in
many of the same areas, and which indicate a similar shift toward C,4
plants (e.g., Passey et al., 2002; Cerling et al., 1997). Though all of the
studies indicated a late Miocene age for the spread of C4 plants (at the
expense of C3 plants), the timing of the spread is regionally dependent
(see Fig. 5 of Tipple and Pagani, 2007), and in North America, some
component of C4 plants was probably present much earlier in the
Miocene (Fox and Koch, 2003, 2004; Sheldon, 2008).

The limitations to this approach have been discussed in various
places (e.g., Koch, 1998; Fox and Koch, 2003), but there are three
principle factors to consider when reconstructing the C3-C4 plant
balance using paleosols. The first is aridity, which could potentially
shift the 6'3C composition of C; biomass toward heavier values, which
would give a false-positive C4 plant result. As discussed in Section 5.5,
there are various methods for reconstructing past precipitation
regimes using paleosols, so it should be possible to account for this
effect. Secondly, high levels of atmospheric CO, would result in higher
concentrations of atmospheric CO, in the soil, a corresponding shift
toward more positive 63C.. values, and an overestimate of C,
photosynthesizers. However, various marine and non-marine proxies
(e.g., Royer et al., 2004) indicate at most slight elevated CO, levels

through the Neogene above pre-industrial levels, so unless evidence
for earlier C4 plants is discovered, the entire period of time in which
the C3-C4 balance is a viable research avenue is characterized by “low”
CO, levels. The final potential issue is with low productivity soils,
which would also have heavier 6'3C values, low concentrations of CO5
derived from oxidation of soil organic matter, and a relatively greater
contribution of CO, derived from the atmosphere owing to the
influence of atmospheric CO-, diffusion (i.e., incomplete respiration of
the CO, that diffused into the profile). This potential problem may be
examined by looking at the off-set between 6">Coyg 01 §Ceap, values
for coexisting pedogenic carbonates and organic matter. If A'3C is
significantly greater than 15.5%., then low productivity may be
inferred, and in that case, the 813C0rg value is a reliable indicator of
C3-C,4 balance and the 6'3Cc.y, value is not (Sheldon, 2008).

8. Future approaches and challenges
8.1. Boron isotopes

There is not currently a good proxy for paleo-pH from paleosol
profiles. One possible means to address this would be to look at the
boron isotopic composition (6''B) of paleosol carbonate nodules.
Boron has two stable, non-redox dependent, isotopes: '°B and !'B.
Boron isotopic fractionation in carbonate minerals is a pH-dependent
conversion of planar boric acid, H3BOs, to tetrahedral borate, B(OH)z
(Hemming and Hanson, 1992, Sanyal et al., 1996). Observations of
marine carbonates have shown that borate is preferentially taken up
in carbonates, preserving the isotopic fractionation of borate in the
carbonate with little additional fractionation. Since borate production
is pH-dependent, the final 6''B isotopic composition in the carbonates
ultimately depends on pH. The equilibrium expression for the
conversion of boric acid to borate is:

ol

= "T-%x

(63)

where Kg is the equilibrium constant and X is mole fraction of borate
(relatively to the total B). The mass balance expression relating the
isotopic composition of borate (8ga), boric acid (6g), and total boron
(0sp) is:

Oy = 0pgp-X + 65(1 — X) (64)

If Eqs. (63) and (64) are combined, the following expression
relates the measured 6''B composition of carbonate nodules to aH™
(pH= —Log[aH"]):

— I(B ((SXB - 6BA’) — KB (SXB - SBAf) 65
W= Ty — Ogn ) —(sn — g )] [Bs — (655 — bgn-)] )

Assuming that fractionation of boron in soils is only dependent on
pH, then &5 is measured directly by measuring the 6!'B composition
of the parent material for the soil, 6z is the measured &''B com-
position of paleosol carbonate nodules, and &g is 19.4 at 25 °C
(Kakihana et al., 1977). K for the addition of OH™ to boric acid to form
borate is 10°%7 (Kakihana et al., 1977); Kg also needs to take into
account the dissociation of H,O to provide OH™ (10~ 39%%), so the
overall Kg at 25 °Cis 10~ 872, In marine settings, the need to estimate
g is one of the primary difficulties in applying 6!'B compositions of
fossils. This weakness is precisely the strength of applying this
approach to paleosols, because it is possible to measure directly values
for 6sp if the paleosol's parent material has been preserved. In par-
ticular, this method is likely to be useful for paleosols with igneous
parent materials, which typically have a more homogeneous chemical
composition than alluvial parent materials.
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Fig. 23 depicts the predicted pH values for a wide range of frac-
tional values between a hypothetical paleosol and its parent material.
Larger fractionations of 6''B between a paleosol and its parent
material correspond to more acidic pHs. It should be noted that at
lower temperatures, more typical of soil formation, more acidic pH
values would be predicted for the same magnitude fraction of &''B.
25 °C was used primarily because it represents standard temperature
for thermodynamic data, but it is possible to solve for values ap-
propriate for lower temperatures, so this does not represent an im-
pediment to applying this method.

One potentially exciting application of pH values calculated from
8""B values of pedogenic carbonates is to address the question of what
a reasonable value for S(z) is in calculations of paleoatmospheric CO,
levels (see Section 7.4.3.1), because the pH at the time of formation
of the pedogenic carbonate nodules should be related to soil gas
composition. For the purposes of illustration, we will consider the
simplest possible case (again at 25 °C) for the formation of pedogenic
carbonate:

COyy) + H,0 + Cca’ =20 + CaCO;4 LogK e = —9.634 (66)

Assuming pure calcite and water (i.e., a=1), the equilibrium
relationship may be defined as follows:

]’ e’
[pCO,J[Ca>*] — e [Ca?™]

= pco, (67)

Because there is a 1:1 relationship between the number of moles
of Ca?* and CO,, the expression may be further simplified to the
following:

[ay+]?

S(z) = pCO, = (68)

Kcalcite

Using pH values derived from Fig. 23 for (6sg—0pa~) values
ranging from 16 to 19 gives a range of pH from 8.05 to 7.04 (aH*
8.86x 107 ° to 8.94x 10~ 8). Applying those values to Eq. (68) gives a
range of S(z) values of 581-5867 ppm, with the largest 6!'B (and
lowest pH) values indicating the highest S(z) as would be expected.
For most calculations of paleatmospheric CO; levels, the predicted S(z)
using this method is similar to what is already being used, though
somewhat lower, as only relatively acidic pH conditions would predict
high S(z). Using lower S(z) values would predict lower atmospheric
CO, values (Section 7.4.3.1), so this is potentially important as an
additional check on those calculations.

Thus, there is considerable scope for development of new paleo-
proxies for pH and potentially for S(z) using 6''B analyses obtained
from pedogenic carbonates. The main difficulties lie with 6''B analysis
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Fig. 23. Boron isotope fractionation versus pH for 25 °C. At lower temperatures,
fractionation factors are smaller when boric acid is converted to borate (Kakihana et al.,
1977), which shifts the curve to the left.

itself, potentially poorly constrained parent material compositions,
and uncertainties about paleotemperature at the time that the carbo-
nate formed. Nonetheless, we feel that this is an area of research with
considerable scope for future growth.

8.2. Energy balance models

Another recent development is a model that relates energy input
into the soil system during weathering to mean annual precipitation
(MAP) and temperature (MAT). Rasmussen et al. (2005) defined a
new term for the energy input into a soil during pedogenesis (Ei,);
Rasmussen and Tabor (2007) refined the early framework, renaming
E;, as effective energy and mass transfer (EEMT) and put forward a
quantitative pedogenic energy model (QPEM) that relates EEMT to
various quantitative measures of pedogenic properties including
pedon depth, clay content, CIA-K (Eq. (5)), and the ratio of free Fe-
oxides to total Fe (Fey/Fer). EEMT represents the total amount of solar
energy that is available for pedogenesis and is represented by two
quantities: 1) heat available to warm soil material and water and
2) reduction of C due to photosynthesis (Rasmussen and Tabor, 2007).
Full derivation of the model may be found in Rasmussen et al. (2005)
and Rasmusen and Tabor (2007); at least one of the relationships
in the paper is potentially applicable to paleosols. Using empirical
data collected for soils with igneous parent materials in the Sierra
Nevadas, southern Cascades, and Sierra San Pedro Martir ranges,
EEMT (k] m~2 yr~ ') may be related to MAT and MAP as follows:

EEMT = 347, 134 exp(*0-5((“’”‘ffo.€‘ 5 4 (Mapsa2)?)) (69)

Rasmussen and Tabor (2007) also found significant differences
in EEMT among different soil orders (Ultisols>Alfisols ~Andisols>
Mollisols>Inceptisols>Entisols). In the form of Eq. (69), the relation-
ship is somewhat cumbersome to apply, because while calculation of
EEMT for a paleosol where MAT and MAP are known could be used to
confirm a taxonomic designation, those paleoclimatic values (in par-
ticular MAT) are not that well-constrained typically. Alternatively,
Rasmussen and Tabor's (2007) relationship may be re-arranged to
solve for either MAT or MAP. As an example, here is the re-arranged
expression for MAT:

EEMT MAP — 44122
347134 T ( 1704 )

—10.1

VI —2Ln
MAT = 215 + (70)

To give a concrete example, we will apply Eq. (70) to a series of
Miocene Alfisol-like paleosols (Argillisols; Sheldon, 2006d) used else-
where in this review. EEMT for Alfisols is 25,875+ 1781 kj m=2 yr~!
(Rasmussen and Tabor, 2007) and the reconstructed MAP using
Eqg. (30) ranges from 540 to 854 mm/yr. Assuming a constant EEMT
and using the MAP figures published by Sheldon (2006d), MAT figures
ranging from ~12 to 20 °C are obtained (Fig. 24) and are plotted
against previously obtained MAT estimates using Eq. (25). Obviously,
the MAT estimates obtained using EEMT are very different than those
obtained using Eq. (25), so which estimate is more reasonable?

Both equations have upper limits to the temperatures that they can
predict, (17.3 °C for Eq. (25) and 21.5 °C for Eq. (70)), so Eq. (70) is
potentially viable over a larger range of paleotemperatures than
Eq. (25). The paleosols all correspond to the middle Miocene climatic
optimum, which lead Sheldon (2006d) to question the paleotem-
perature results in his original study that used Eq. (25), because while
the MAP estimates that he obtained matched paleobotanical results,
the MAT values were only semi-consistent with estimates based
on paleobotanical proxies for MAT (i.e., the highest MAT values
with the full SE). Thus, based on independent lines of evidence the
values obtained using Eq. (70) are perhaps more in line with expected
middle Miocene MAT.
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Fig. 24. Comparison of MAT derived from EEMT and Salinization. A) MAT estimates based on Salinization (y-axis) and EEMT (x-axis) are generally negatively correlated. B) MAT
estimates from Salinization (filled diamonds) and EEMT (open squares) as a function of time show considerable overlap when errors are included, but EEMT generally predicts

warmer conditions than Salinization.

However, the uncertainty on the MAT estimates using Eq. (70) are
fairly large and non-linear owing to the form of Eq. (69). On average for
these samples the error in MAT is +4 °C and — 4.7 °C (Fig. 24),
comparable to the error on Eq. (25). Breaking it down further, the
component of error due to uncertainty in EEMT is only 0.76 °C (+ 10),
whereas the component of the error due to the uncertainty of the MAP
estimate is 3.2-3.9 °C, thus a more precise estimate for MAP would
increase the precision of Eq. (70) considerably. One additional
consideration is that if a fixed EEMT is assumed, then MAT and MAP
are inversely related. However, the MAP and MAT data compiled by
Sheldon et al. (2002) for 126 modern soils had an R*>=0.54, which
though far from definitive, suggests at least some relationship between
MAP and MAT, so the fixed EEMT assumption is not strictly correct. On
the other hand, if one assumes that the MAT and MAP values reported
by Sheldon (2006d) are correct, then applying Eq. (69) gives a mean
EEMT values of 19,286 (+10 of 4482) k] m~2 yr—!, which is
substantially lower than the mean Alfisol EEMT value obtained by
Rasmussen and Tabor (2007), but not beyond the range of error. The
most likely explanation for this difference is that paleosols are all
basalt-parented, whereas the equation was derived from soils with
various igneous parent materials, though a secondary considera-
tion may be the elevation variations among the soils analyzed by
Rasmussen and Tabor (2007) whereas the Miocene paleosols all
formed in the same relatively low elevation setting.

Thus, the QPEM model offers a lot of promise for applications
ranging from taxonomy to paleoclimatic reconstruction. However,
care is needed in applying it thoughtfully to paleosols given different
potential sources of uncertainty. Further development may also be
needed for other types of parent materials, but we think that in the
long-run, these potential issues will be possible to deal with and that a
QPEM that integrates both MAP and MAT (which are not really
independent of one another) will be a powerful tool for paleosols
research.

8.3. “Clumped isotope” paleothermometry

A recent innovation in stable isotope geochemistry that is rele-
vant for the study of paleosols is the analysis of doubly rather than
singly substituted isotopologues (Eiler, 2007). The term isotopologue
refers to each possible isotopic configuration for a given compound.
For example, conventional gas-source 6'>C analyses are measuring
13C160, (z=45), which is one of 12 possible isotopologues for CO..
Traditional mass-spectrometer configuration allows for measure-
ments of z=44, 45, or 46. Addition of a extra faraday cup makes the
measurement of masses 47-49 possible, which in turn makes it
possible to measure more isotopologues than were previously
available. The abundance of the doubly substituted CO, isotopologue
(3C'®0'%0) produced by phosphoric acid digestion of carbonate
minerals is proportional to the concentration of *C— 80 bonds in the

reacted carbonate; that concentration is a function of the formation
temperature of the carbonate minerals (Ghosh et al., 2006a,b; Eiler,
2007) and can be used as a paleothermometer (Ghosh et al., 2006a,b).
13¢80'%0 abundance in the evolved CO, is measured in “per mil”
relative to the expected amount of all CO, isotopologues in a
randomized gas sample. The proportionality of the 3C-'80 bonds is
described as follows:

Ay = 0.0592 x 10° x T2 —0.02 (71)
where A4; isotopic enrichment relative to the randomized gas sample
and T is the temperature (K), and where the precision due to the
analytical uncertainty is ~2 °C (Ghosh et al., 2006a,b). Unlike
traditional oxygen isotope-based water-carbonate paleotherm-
ometers, there is no dependence in this relationship on either the
680 of the water nor on the 6'>C of the dissolved inorganic carbon
from which the carbonate formed (Ghosh et al., 2006a,b), therefore
obviating the need for any unconstrained assumptions of either air or
soil water isotopic compositions. This method has been applied suc-
cessfully to pedogenic carbonates (Ghosh et al., 2006b) as a means of
calculating uplift rates in the Altiplano by putting the values derived
from Eq. (8) into a lapse-rate model. A thorough review of the
potential applications of “clumped-isotope” paleothermometry to
paleoaltimetry may be found in Quade et al. (2007).

Paleoaltimetry is just the tip of the proverbial iceberg in terms of
the potential paleoclimatic and paleoenvironmental applications of
this technique (e.g., Eiler, 2007) because there is no dependence on
the initial 6'80 or 6'3C values of the system (which hampers many
existing proxies), only on the temperature at which the doubly
substituted 3C'®0'®0 isotopologue was formed. However, to reach the
full potential of the technique, there is at least one outstanding issue
that needs to be considered, namely the relationship between the soil
temperature and the air temperature. It is not clear that these two
values are necessarily the same because the soil temperature can
easily exceed the air temperature in areas either with very warm
temperatures (or warm seasons of the year) or where the albedo of
the ground surface is low. To illustrate this, consider the difference
between digging up your garden early in the spring or at the height of
summer. In early spring (e.g., April in the Northern Hemisphere), the
soil temperature essentially matches the air temperature, whereas in
summer (e.g., August in the Northern Hemisphere) the soil tempera-
ture may be many degrees warmer than air above it. Given that
pedogenic carbonates form only during certain warm times of the year
(Breecker et al., 2009), un-corrected isotopologue paleotemperatures
are potentially biased towards recording summer temperatures
rather than mean annual temperatures. Nonetheless, the problem is
likely tractable with further consideration of the timing of pedogenic
carbonate formation and of the relationship between soil and air
temperatures.
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9. Summary

Paleopedology is still a relatively immature field, with many
fundamental discoveries about processes and proxies left to be made.
The shift in recent years from a largely qualitative type of analysis to a
largely quantitative one has important implications both for the field
itself, but also more broadly, for the reconstruction of past environ-
mental and climatic conditions. Given that one of our best means of
projecting how ongoing anthropogenic greenhouse gas additions will
affect future climate is to look at how the Earth's climate has reacted
during previous high CO, times, these new tools and proxies for
making quantitative reconstructions are an important new means of
addressing those effects. More specifically, though many marine
proxies give broad “global” climatic information, they are indirect
proxies because they are typically recording changes to a much more
slowly reacting entity (i.e., ocean temperature and composition) and
in the case of records derived from benthic foraminifera, one divorced
from direct contact with the Earth's climate and atmosphere. Under-
standing how the Earth's surficial environments have changed is
ultimately equally if not more important in projecting the impacts of
anthropogenically-driven climate change on our lives. Paleopedology
promises to be increasingly important in this endeavor. However, we
would like to reiterate that, ideally, none of these proxies should stand
alone as indications of paleoclimate and that our inferences about
paleoclimate are only strengthened by applying multiple proxies to
many paleosol profiles. Ultimately, all of these geochemical proxies
should agree with other observations of the geological record and if
they do not, it is the proxies that should be considered suspect.

Paleoclimatic and environmental properties that may be recon-
structed using the new geochemical proxies include protolith pro-
venance, weathering intensity, mean annual precipitation and
temperature during pedogenesis, nutrient fluxes into and out of the
paleosols, the atmospheric composition of important gases including
CO, and O, paleosol soil gas composition and mixing relationships,
soil moisture, crystallization temperature of pedogenic minerals,
reconstructed vegetative covering, and paleo-altitude. Future work
promises yield to other proxies for pedogenic processes, including
perhaps paleo-pH and paleo-energy usage. A firm understanding of
pedogenic processes and the limits of the proxies need to form the
basis for applications of paleosol geochemistry, because, with all of the
proxies, our applications are only as good as our understanding of the
whole system.
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